
Chapter 19 

Dissipation 

As when the massy substance of the 
Earth quivers. 

M arlowe 

Real materials are not perfectly elastic. Solids 
creep when a high stress is applied, and the strain 
is a function of time. These phenomena are mani
festations of anelasticity. The attenuation of seis
mic waves with distance and of normal modes 
with time are other examples of anelastic behav
ior. Generally, the response of a solid to a stress 
can be split into an elastic or instantaneous part 
and an anelastic or time-dependent part. The 
anelastic part contains information about tem
perature, stress and the defect nature of the solid. 
In principle, the attenuation of seismic waves 
can tell us about such things as small-scale het
erogeneity, melt content, dislocation density and 
defect mobility. These, in turn, are controlled 
by temperature, pressure, stress, history and the 
nature of the defects. If these parameters can 
be estimated from seismology, they can be used 
to estimate other anelastic properties such as 
viscosity. 

For example, the dislocation density of a crys
talline solid is a function of the non-hydrostatic 
stress . These dislocations respond to an applied 
oscillatory stress , such as a seismic wave, but 
they are out of phase because of the finite dif
fusion time of the atoms around the dislocation. 
The dependence of attenuation on frequency can 
yield information about the dislocations . The 
longer-term motions of these same dislocations 

in response to a higher tectonic stress gives 
rise to a solid-state viscosity. Seismic waves also 
attenuate due to macroscopic phenomena, such 
as scattering and interactions between fluid, or 
molten. parts of the interior and the solid matrix. 
Anelasticty causes the elastic moduli to vary with 
frequency; elastic constants are not constant. The 
equations in this section can be used to correct 
seismic velocities for temperature effects due to 
anelasticity. These are different from the anhar
monic effects discussed in other chapters. 

Seismic-wave attenuation 

The travel time or velocity of a seismic wave 
provides an incomplete description of the mate
rial it has propagated through. The amplitude 
and frequency of the wave provide some more 
information. Seismic waves attenuate or decay as 
they propagate. The rate of attenuation contains 
information about the anelastic properties of the 
propagation medium. 

A propagating wave can be written 

A = A 0 exp i(wt - KX) 

where A is the amplitude, w the frequency, K the 
wave number, t the travel time, x the distance and 
c = wjK the phase velocity. If spatial attenuation 
occurs , then K is complex. The imaginary part of 
"" · K * is called the spatial attenuation coefficient. 

The elastic moduli , M, are now also complex: 

M = M + iM* 



The specific quality factor, a convenient dimen
sionless measure of dissipation, is 

Q-1 =M*/M 

This is related to the energy dissipated per cycle. 
Since the phase velocity 

c = ~ = jMjp 
k 

it follows that 

k* M * 
Q _, = 2- = - for Q » 1 

k M 
In general, all the elastic moduli are complex, 
and each wave type has its own Q and velocity, 
both frequency dependent. For an isotropic solid 
the imaginary parts of the bulk modulus and 
rigidity are denoted as K* and G*. Most mecha
nisms of seismic-wave absorption affect the rigid
ity more than the bulk modulus, and shear waves 
more than compressional waves. 

Frequency dependence of attenuation 
In a perfectly elastic homogenous body, the 
elastic wave velocities are independent of fre
quency. Variations with temperature, and pres
sure, or volume, are controlled by anharmonic
ity. In an imperfectly elastic, or anelastic, body 
the velocities are dispersive; they depend on 
frequency, and this introduces another mecha
nism for changing moduli, and seismic veloci
ties with temperature. This is important when 
comparing seismic data taken at different fre
quencies or when comparing seismic and lab
oratory data. When long-period seismic waves 
started to be used in seismology, it was noted 
that the free oscillation, or normal mode, mod
els, differed from the classical body wave-models, 
which were based on short-period seismic waves . 
This is the body-wave-normal-mode dis
crepancy. The discrepancy was resolved when 
it was realized that in a real solid, as opposed 
to an ideally elastic one, the elastic moduli 
were functions of frequency. One has to allow 
for this when using body waves, surface waves 
and normal modes in the inversion for veloc
ity vs. depth. The absorption, or dissipation, of 
energy, and the frequency dependence of seis
mic velocity, can be due to intrinsic anelasticity, or 
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due to scattering. [seismic wave scattering 
Monte Carlo] 

A variety of physical processes contribute to 
attenuation in a crystalline material: motions 
of point defects, dislocations, grain bound
aries and so on. These processes all involve 
a high-frequency, or unrelaxed, modulus and 
a low-frequency, or relaxed, modulus . At suffi
ciently high frequencies, or low temperatures, 
the defects, which are characterized by a time 
constant, do not have time to contribute, and 
the body behaves as a perfectly elastic body. 
Attenuation is low and Q, the seism.ic quality 
factor, is high in the high-frequency limit. At 
very low frequencies, or high temperature, the 
defects have plenty of time to respond to the 
applied force and they contribute an additional 
strain. Because the stress cycle time is long com
pared with the response tim.e of the defect, 
stress and strain are in phase and again Q is 
high. Because of the additional relaxed strain, 
however, the modulus is low and the relaxed 
seismic velocity is low. When the frequency is 
comparable to the characteristic time of the 
defect, attenuation reaches a maximum, and the 
wave velocity changes rapidly with frequency. 
Similar effects are seen in porous or partially 
molten solids; the elastic moduli depend on 
frequency. 

These characteristics are embodied in the 
standard linear solid, which is composed 
of an elastic spring and a dashpot (or viscous 
element) arranged in a parallel circuit, which 
is then attached to another spring. At high fre
quencies the second, or series, spring responds 
to the load, and this spring constant is the effec
tive modulus that controls the total extension. 
At low frequencies the other spring and dashpot 
both extend, with a time constant characteristic 
of the dash pot, the total extension is greater, and 
the effective modulus is therefore lower. This sys
tem is sometimes described as a viscoelastic solid. 
The temperature dependence of the spring con
stant, or modulus, represents the anharmonic 
contribution to the temperature dependence of 
the overall modulus of the system. The tempera
ture dependence of the viscosity of the dashpot 
introduces another term- the anelastic term- in 
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Q - I and phase velocity as a function of frequency 

the temperature dependence of moduli or seis
mic velocities. 

The Q - I of such a system is 

_
1 

k2 wr 
Q (w) = k; 1 + (wr)2 

where k2 and k1 are, respectively, the spring 
constants (or moduli) of the series spring and 
the parallel spring and r is the relaxation 
time. 

Clearly, Q - l, the dimensionless attenuation, 
is a maximum at wr = 1, and 

- 1 2 _ , wr 
Q (w) = Qmax 1 + (wr)2 (1) 

The resulting absorption peak is shown in 
Figure 19.1.111is can be considered a plot of atten
uation and velocity vs. either frequency, or tem
perature, since r is a function of temperature, 
an exponential function for thermally activated 
processes. 

The phase velocity is approximately given by 

c(w) =Co ( 1 + Q~,~x 1 ~(~:)2 ) (2) 

where c0 is the zero-frequency velocity. The high
frequency or elastic velocity is 

(3) 

Far away from the absorption peak, the velocity 
can be written 

( 
1 k, 2) c(w) ~Co 1 + --Q-
2 k2 

for wr « 1 

= C00 (1 - k~ Q - 2) for wr » 1 
(2k, + k2)k2 

and the Q effect is only second order. In these lim
its, velocity is nearly independent of frequency, 
but Q is not; Q and c cannot both be inde
pendent of frequency. Velocity depends on the 
attenuation. When Q is constant, or nearly so, 
the fractional change in phase velocity becomes 
a first-order effect. 

For activated processes, 

r = r0 exp E */R T (4) 

where E* is an activation energy. This is where 
the temperature dependence of seismic velocities 
comes in, in anelastic processes. Velocity is not a 
simple linear function of temperature. 

For activated processes, then, 

Q- ' (w) = 2Q~110x {wro exp E */ RT }/ {1 + (wr0 )
2 

x exp2E */ RT} (5) 

The relaxation peak can be defined either by 
changing w or changing T. 

At high temperatures, or low frequencies , 

(6) 

This is contrary to the general intuition that 
attenuation must increase with temperature. 
However, if r differs greatly from seismic peri
ods, it is possible that we may be on the low
temperature or high-frequency portion of the 
absorption peak, and 

Q- 1 (w) = 2Q;;:,~x/(wr0 expE */ RT) , wr » 1 (7) 



In that case Q does decrease with an increase in 
T, and in that regime Qincreases with frequency. 
This appears to be the case for short-period waves 
in the mantle. It is also generally observed that 
low-Qand low-velocity regions of the upper man
tle are in tectonically active and high heat-flow 
areas. Thus, seismic frequencies appear to be 
near the high-frequency, low-temperature side 
of the absorption peak in the Earth's upper 
mantle. This may not be true in the lower mantle; 
the absorption band shifts with frequency, as 
in the absorption band model f o r mantle 
a ttenua tion. 
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The characteristic relaxation time also ]: 
changes with pressure, 

r = r 0 exp(E * + PV *)/ RT (8) 

where V", the activation volume, controls the 
effect of pressure on rand Q, and seismic velocity. 

Most mechanisms of attenuation at seismic 
frequencies and mantle temperatures can be 
described as activated relaxation effects. Increas
ing temperature drives the absorption peak 
to higher frequencies (characteristic frequencies 
increase with temperature). Increasing pressure 
drives the peak to lower frequencies. 

Absorption in a medium with a single charac
teristic frequency gives rise to a bell-shaped Debye 
peak centered at a frequency wr = 1, as shown in 
Figure 19.1. The specific dissipation function and 
phase velocity satisfY the differential equation for 
the standard linear solid and can be written 

c2(w) = c ~ (1 + w2 r 2 c ;,; c ~ ) / 
[(1 + w2 r 2)2 + 2w2 r 2 Q ;;;~xf /2 

The high-frequency (c) and low-frequency 
velocities are related by 

c;,- c~ _1 --- 2Q 
C C - max 

0 "" 

so that the total dispersion depends on the mag
nitude of the peak dissipation. For a Q of 200, 
a typical value for the upper mantle, the total 
velocity dispersion is 2%. 

Solids in general, and mantle silicates in 
particular, are not characterized by a single 
relaxation time and a single Debye peak. A dis
tribution of relaxation times broadens the peak 

(~ ) = 105 s, 

w tS 1 

~1&03IIIIIWI Absorption band with a distribution of relaxation 
1 t<.otnaimon and Anderson, 1977). 

and gives rise to an absorption band (Figure 19.2). 

Q can be weakly dependent on frequency in 
such a band. Seismic Q values are nearly con
stant with frequency over much of the seismic 
band. A nearly constant Q can be explained by 
involving a spectrum of relaxation times and 
a superposition of elementary relaxation peaks, 
g1vmg 

and 

For r 1 « w - 1 « r2 the value of Q - I is con
stant and equal to Q;;;~x· The total dispersion in 
this case is 

c"" -Co ( _1 ) 
--c-

0
- = Qmaxfn ln(r 1/ r2 ) 

Which depends on the ration r J/ r2 , which is the 
width of the absorption band . The spread in r 
can be due to a distribution of r0 or of E * . 
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Attenuation mechanisms 
The actual physical mechanism of attenuation 
in the mantle is uncertain, but it is likely to 
be a relaxation process involving a distribu
tion of relaxation times, or a scattering pro
cess involving a distribution of scatterers. Many 
of the attenuation mechanisms that have been 
identified in solids occur at relatively low tem
peratures and high frequencies and can there
fore be eliminated from consideration. These 
include point-defect and dislocation resonance 
mechanisms, which typically give absorption 
peaks at kilohertz and megahertz frequencies 
at temperatures below about half the melt
ing point. The so-called g rain-boundary and 
cold-work peak and the 'high-temperature back
ground' occur at lower frequencies and higher 
temperatures. These mechanisms involve the 
stress-induced diffusion of dislocations . The Bor
doni peak occurs at relatively low temperature 
in cold-worked metals but may be a higher
temperature peak in silicates. It is apparently 
due to the motion of dislocations since it disap
pears upon annealing. Because of the large wave
lengths of seismic waves, it is not required that 
the dissipation mechanism be microscopic, or 
grain-scale. 

Spectrum of relaxation times 
Relaxation mechanisms lead to an internal fric
tion peak of the form 

Q - l (w) = t:,. i: D (r) [wr /(1 + w2 r 2)J dr 

where D(r) is called the retardation spectrum 
and t:,. is the modulus defect, the relative differe
nce between the high-frequency, unrelaxed shear 
modulus and the low-frequency, relaxed mod
ulus . The modulus defect is also a measure 
of the total reduction in modulus that is 
obtained in going from low temperature to high 
temperature. 

Convenient forms of the retardation spec
trum are given in Minster and Anderson (1981) 
and discussed at greater length in Theory of 
the Earth. These equations are now widely 
used in correcting seismic velocities 
in the mantle to standard temperatures 
and frequencies, the so-called anelastic 

correction. For simple dislocation and grain 
boundary networks the difference between the 
relaxed and unrelaxed moduli is about 8%. 
Anharmonic and anelastic corrections 
to seismic velocities are now routinely applied 
in comparisons with laboratory values. These are 
more complex, but more physically based, than 
the simple linear scalings between velocity and 
temperature or density that were used in the 
past. 

The relationship between retardation spectra 
and transient creep and the Jeffreys
Lomni tz creep law are given in Theory of 
the Earth, Chapter 14. Jeffreys used this law 
as an argument against continental drift. 

Partial melting 

Seismic studies indicate that increased absorp
tion, particularly of S-waves, occurs below vol
canic zones and is therefore presumably related 
to partial melting. Regional variations in seis
mic absorption are a powerful tool in map
ping the thermal state of the crust and upper 
m antle. It has also been suggested that partial 
melting is the most probable cause of the low
velocity layer in the upper mantle of the Earth. 
Thus the role of partial melting in the atten
uation of seismic waves may be a critical one, 
at least in certain regions of the Earth. Stud
ies of the melting of polycrystalline solids have 
shown that melting begins at grain boundaries, 
often at temperatures far below the melting 
point of the main constituents of the grains. 
This effect is caused by impurities that have col
lected at the grain boundaries during the initial 
solidification. 

In principle, a large anelastic contribution 
can cause a large decrease in seismic velocity 
without partial melting but many of the low-Q 
regions are volcanic. In high heat-flow areas it 
is difficult to design a geotherm that does not 
imply upper mantle melting. Partial melting is 
a possible cause of seismic attenuation, and low 
velocity, particularly at very low frequencies. 

Figure 19.3 shows the Qin an ice-brine-NaCl 
system for a concentration of 2% NaCl . Note 
the abrupt drop in Q as partial melting is 
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initiated at the eutectic temperatu re. There is a 
corresponding, but much less pronounced, drop 
in velocity at the same temperature. 

Bulk attenuation 

Most of the mechanisms of seismic-wave atten
uation operate in shear. Shear losses, gen
erally , are much larger than compres
sional losses, and therefore shear waves 
attenuate more rapidly than compressional 
waves. Bulk or volume attenuation can become 
important in certain circumstances. One class 
of such mechanisms is due to thermoelastic 
relaxation. An applied stress changes the tem
perature of a sample relative to its surround
ing, or of one part of a specimen relative to 
another. The heat flow that then occurs in order 
to equalize the temperature difference gives rise 
to energy dissipation and to anelastic behav
ior. The difference between the unrelaxed and 
relaxed moduli is the difference between the adi
abatic and isothermal moduli. Under laboratory 
conditions this is typically 1% for oxides and 
silicates. 

Absorption-band Q model for 
the Earth 

Attenuation in solids and liquids, as measured 
by the quality factor, or specific dissipation func
tion, Q, is frequency dependent. In seismology, 
however, Q is often assumed to be independent 
of frequency. The success of this assumption is 
a reflection of the limited precision, resolving 
power and bandwidth of seismic data and the 
trade-off between frequency and depth effects 
rather than a statement about the physics of the 
Earth's interior. 

Frequency-independent Q models pro
vide an adequate fit to most seis
mic data including the normal-mode 
data. There is evidence, however, that short
period body waves may require higher Q val
ues. Some geophysical applications require 
estimates of the elastic properties of the 
Earth outside the seismic band . These include 

calculations of tidal Love numbers, Chandler 
periods and high-frequency moduli for compar
ison w ith ultrasonic data. The anelastic tempera
ture derivatives of the seismic velocities, required 
for the interpretation of tomographic images, 
requires a theoretically sound dissipation fuc
tion. The constant-Q models cannot be used for 
these purposes. For these reasons it is impor
tant to have a good attenuation model for the 
Earth. 

The theory of seismic attenuation has been 
worked out in some detail and discussed more 
fully than here in Theory of the Earth, 
Chapter 14. 

For a solid characterized by a single relax
ation time Q- 1 is a Debye function with a sin
gle narrow peak. For a solid with a spectrum 
of relaxation times, the band is broadened and 
the maximum attenuation is reduced. For a poly
crystalline solid with a variety of grain sizes, 
orientations and activation energies, the absorp
tion band can be appreciably more than several 
decades wide. If, as seems likely, the attenua
tion mechanism in the mantle is an activated 
process, the relaxation times should be a strong 
function of temperature and pressure. The loca
tion of the absorption band, therefore, changes 
with depth . Q can be a weak function of fre
quency only over a limited bandwidth. If the 
material has a finite elastic modulus at high 
frequency and a nonzero modulus at low fre
quency, there must be high- and low-frequency 
cutoffs in the relaxation spectrum. Physically 
this means that relaxation times cannot take 
on arbitrarily high and low values. The anelas
tic temperature correction, likewise, depends on 
temperature and frequency. In some published 
studies the anelastic correction for temperature 
implies an infinite or semi-infinite absorption 
band. 

The relationship between Q and bandwidth 
indicates that a finite Q requires a finite band
width of relaxation times and therefore an 
absorption band of finite width. Q can be a 
weak function of frequency, and velocity can be 
a strong function of temperature, only in this 
band. 

We can approximate the seismic absorption 
band in the mantle and core in the following 
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Q of ice containing 2% 

N aCI. At low temperatures this is a 

solid solution. At temperatures 

higher than the eutectic the system 

is an ice-brine mixture (Spetzler and 

Anderson, 1968). 
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way; 

Q = Qmin (fr2f 1
, f < 1/ r2 

Q = Qmin (fr2t , 1/ r2 < f < 1/ rl 

Q = Qmin(rd rJ)., (fr,) , f > 1/ r 1 

0 

- 1 

- 2 

- 3 

where f is the frequency of the wave, r 1 is the 
short-period cutoff, r 2 is the long-period cutoff 
and Qmin is the minimum Q These parameters 
are shown in Figure 19.4. 

The relaxation time for an activated process 
depends exponentially on temperature and pres
sure. Characteristic lengths , such as dislocation 
or grain size, are a function of tectonic stress, 
which is a function of depth. The location of 
the band, therefore, depends on tectonic stress, 
temperature and pressure, at least for micro
scopic mechanisms. The width of the band is con
trolled by the distribution of relaxation times, 
which in turn depends on the distribution of 
grain sizes, dislocation lengths and so on. 

The effect of pressure dominates over tem
perature for most of the upper mantle, and tec
tonic stress decreases with depth and away from 
shear boundary layers. The absorption band is 
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mantle for the absorption band model (ABM) (Anderson and 

Given, 1982). 

expected to move to longer periods with increas
ing depth. A reversal of this trend may be cau sed 
by steep stress or temperature gradients across 
boundary layers, or by enhanced diffusion due to 
the presence of fluids, changes in crystal struc
ture or in the nature of the point defects. If 
we assume that the parameters of the absorp
tion band are constant throughout the mantle. 
we can use the seismic data to determine the 
location of the band as a function of depth. This 
assumption is equivalent to assuming that the 
activation energy. E*, and activation volume, V* , 
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Table 19.1 I Absorption band parameters for Qs 

Radius (km) Depth (km) <1 (s) <2/ <1 Q5 (m in) (<I) Q5 (100s) a 

1230 
3484 
4049 
4832 
5700 
5950 
6 121 
6360 
6371 

5 141 0.14 2.43 
2887 
2322 0.0025 I 05 

1539 25.2 I 05 

67 1 12.6 105 

42 1 0.0031 105 

250 0.0009 I 05 

II 0.0044 105 

0 0 00 

Period (s) TIDES CHANDLER 
WOBBLE 

The location of the absorption band for Qs as a 

depth in the mantle (Anderson and Given, 1982). 

are fixed. By assuming that the characteristics of 
the absorption band are invariant with depth, 
we are assuming that the width of the band is 
controlled by a distribution of characteristic 
relaxation times rather than a distribution of 
activation energies. Although this assumption 
can be defended, to some extent it has been 
introduced to reduce the number of model 
parameters. If a range of activation energies is 

35 1000 0. 15 

80 92 0. 15 
80 366 0.15 
80 353 0.15 
80 330 0.15 
80 95 0. 15 
80 90 0.15 

500 500 0 

10,000 

0~ 1000 

Lower Manue 

Upper Mantle 

10 100 1000 

Period (s) 

Qs as a function of period for the mantle and 

inner core for ABM. Note the similarity of the upper mantle 

and the lowermost mantle (D). These may be thermal 

(high-temperature gradient) and mechanical (high-stress) 

boundary layers associated with mantle convection 

(Anderson and Given, 1982). 

assumed, the shape of the band (its width and 
height) varies with temperature and pressure. 
The parameters of the absorption bands are given 
in Table 19.1. The locations of the bands as a func
tion of depth are shown in Figures 19.5 through 
19.7. I refer to the absorption-band model as ABM. 

The variation of the characteristic times with 
depth in the mantle is shown in Figure 19.5. 
Note that both decrease with depth in the upper
most mantle. This is expected in regions of steep 
thermal gradient. They increase slightly below 
250 km and abruptly at 400 km. No abrupt 
change occurs at 670 km. Apparently, a steep 

253 
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Table 19.2 I Qs and Qp as function of depth and period for model ABM 

Depth 
Qs Qp 

(km) Is lOs IOOs 1000s Is lOs IOOs 1000s 

5142 100 1000 10,000 105 51 1 454 3322 3.3 X I 04 

4044 4518 493 1000 104 

2887 7530 753 600 6000 
2843 184 130 92 315 427 345 247 846 
2400 184 130 92 315 427 345 247 846 
2200 I I 350 1135 366 259 2938 2687 942 668 

671 8919 892 353 250 2921 2060 866 615 
42 1 5691 569 330 234 741 840 819 603 
42 1 190 134 95 254 302 296 244 659 
200 157 I l l 90 900 270 256 237 2365 

II 200 141 100 181 287 262 207 377 
I I 500 500 500 500 487 767 1168 1232 

Table 19.3 I Average mantle Q values as function of period. Model ABM 

Region O. ls Is 4s lOs IOOs 1000s 

Qs 
Upper mantle 379 267 210 173 127 295 
Lower mantle 1068 721 520 382 2 11 266 
Whole mantle 691 477 360 280 176 274 

Qp 
Upper mantle 513 362 315 354 31 1 727 
Lower mantle 586 1228 1262 979 550 67 1 
Whole mantle 562 713 662 639 446 687 

Q(oS2) 
3232 s 12 h 14 mos 

596 514 463 

Table 19.4 I Relaxation times and Q, for bulk attenuation at various periods 

QK 

Region r 1 (s) r 2(s) Is lOs IOOs 1000s 

Upper mantle 0 3.33 479 1200 1.2 X 104 1.2 X 105 

Lower mantle 0 0.20 2000 2 X 104 2 X 105 2 X 106 

Outer core 15. 1 66.7 7530 753 600 6000 
9.04 40.0 45 18 493 1000 10000 

Inner core 3.01 13.3 1506 418 3000 3 X 10 4 

~ (min) = 400, a = 0.15. 
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Period (s) 

Q K as a function of frequency for various regions 

(Anderson and Given , 1982). 

temperature gradient and high tectonic stresses 
can keep the absorption band at high frequencies 

throughout most of the upper mantle, but these 
effects are overridden below 400 km where most 
mantle minerals are in the cubic structure. A 
phase change, along with high pressure and low 
stress, may contribute to the lengthening of the 
relaxation times . Relaxation times change only 
slightly through most of the lower mantle. 

Most of the lower mantle therefore has high 
Q, for body waves and low Q, for free oscillations 
(Tables 19.2 and 19.3). The relationship between 
the P, S and Rayleigh wave Q is ; 

Q~~ = L Q;l + (1 - L) Q j( l 

where L = (4/ 3)(fi/ a)2 and fi and a are the shear 
and compressional velocities . 

For a Poisson solid with QK 1 = 0, 

Qp = (9/ 4)Q, 


