
Chapter 21 

Nonelastic and transport properties 

Shall not every rock be removed out 
of his place? 

Job 18:4 

Most of the Earth is solid, and much of it is 
at temperatures and pressures that are difficult 
to achieve in the laboratory. The Earth deforms 
anelastically at small stresses and, over geological 
time, this results in large deform.ations. Most lab
oratory measurements are made at high stresses, 
high strain rates and low total strain. Laboratory 
data must therefore be extrapolated in order 
to be compared with geophysical data, and this 
requires an understanding of solid-state physics . 
In this chapter I discuss processes that are related 
to rates or time. Some of these are more depen
dent on temperature than those treated in pre
vious chapters. These properties give to geology 
the ' arrow of time' and an irreversible nature. 

Thermal conduct ivity 

There are three mechanisms contributing to 
thermal conductivity in the crust and mantle . 
The lattice part is produced by diffusion of ther
mal vibrations in a crystalline lattice and is also 
called the phonon contribution. The radiative 
part is due to the transfer of heat by infrared elec
tromagnetic waves , if the mantle is sufficiently 
transparent. The exciton part, is due to the trans
port of energy by quasi particles composed of elec
trons and positive holes ; this becomes dominant 
in intrinsic semiconductors as the temperature is 

raised. Thus, thermal conduction in solids arises 
partly from electronic and partly from atomic 
motion and, at high temperature, from radiation 
passing through the solid. 

Debye theory regards a solid as a system 
of coupled oscillators transmitting thermoelas
tic waves. For an ideal lattice with simple har
monic motion of the atoms, the conductivity 
would be infinite. In a real lattice, anharmonic 
motion couples the vibrations, reducing the 
mean free path and the lattice conductivity. Ther
mal conductivity is related to higher-order terms 
in the potential and should be correlated with 
thermal expansion. Lattice conductivity can be 
viewed as the exchange of energy between high
frequency lattice vibrations - elastic waves . An 
approximate theory for the lattice conductivity, 
consistent with the Griineisen approximation, 
gives 

K L = aj3yzT~/2Pt ;z 

where a is the lattice parameter, y is the 
Griineisen parameter, T is temperature, KT is the 
isothermal bulk modulus and p is density. This is 
valid at high temperatures, relative to the Debye 
temperature . This relation predicts that the ther
mal conductivity decreases with depth in the top 
part of the upper mantle. 

The thermal conductivities of various rock
forming minerals are given in Table 21.1. Note 
that the crust-forming minerals have about one
half to one-third of the conductivity of man
tle minerals . This plus the cracks present at 
low crustal pressures means that a much higher 
thermal gradient is maintained in the crust, 



Table 21 . 1 I Thermal conductivity of 
minerals 

Mineral 

A lbite 
Anorthite 
Microcline 
Serpent ine 
Diopside 
Forsterite 
Bronzite 
jadeite 
Grossularite 
O livine 
O rthopyroxene 

Thermal Conductivity 
I o-3cal/cm soc 

4.7 1 
3.67 
5.90 
7.05 

11.79 
13.32 
9.99 

15.92 
13.49 

6.7- 13.6 
8. 16- 15.3 

Horai (1971) , Kobayzshigy (1974). 

relative to the mantle , to sustain the same con· 
ducted heat flux. The gradient can be higher still 
in sediments. 

The thermal gradient decreases with depth in 
the Earth. If the crustal radioactivity and mantle 
heat flow are constant and the effects of temper
ature are ignored, regions of thick crust should 
have relatively high upper-mantle temperatures . 

Thermal conductivity is strongly anisotropic, 
varying by about a factor of 2 in olivine and 
orthopyroxene as a function of direction. The 
highly conducting axes are [100] for olivine and 
[001] for orthopyroxene. The most conductive axis 
for olivine is also the direction of maximum 
P-velocity and one of the faster S-wave directions, 
whereas the most conductive axis for orthopy
roxene is an intermediate axis for P-velocity and 
a fast axis for S-waves. In mantle rocks the fast 
P-axis of olivine tends to line up with the inter
mediate P-axis of orthopyroxene. These axes, in 
turn, tend to line up in the flow direction, 
which is in the horizontal plane in ophiolite 
sections. The vertical conductivity in such situa
tions is much less than the average conductivity 
computed for mineral aggregates. Conductivity 
decreases with temperature and may be only half 
this value at the base of the lithosphere. The 
implications of this anisotropy in thermal con
ductivity and the lower than average vertical con-
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ductivity have not been investigated. Two obvious 
implications are that the lithosphere can sup
port a higher thermal gradient than generally 
supposed, giving higher upper-mantle tempera· 
tures , and that the thermal lithosphere grows 
less rapidly than previously calculated. For exam
ple, the thermal lithosphere at 80 Ma can be 
100 km thick for K = 0.01 cal/cm s °C and 
only 30 km thick for 0.3 cal/cm s oc. The low 
lattice conductivity of the oceanic crust is usu
ally also ignored in these calculations, but this 
may be counterbalanced by water circulation in 
the crust. 

The lattice (phonon) contribution to the ther
mal conductivity decreases with temperature, 
but at high temperature radiative transfer of heat 
may become significant, depending on the opaci
ties of mantle rocks, which depend on grain size 
and iron content. 

Convection is probably the dominant mode of 
heat transport in the Earth's deep interior, but 
conduction is not irrelevant to the thermal state 
and history of the mantle as heat must be trans
ported across thermal boundary layers by con
duction. Thermal boundary layers exist at the 
surface of the Earth, at the core-mantle bound
ary and, possibly, at chemical interfaces internal 
to the mantle . Conduction is also the mechanism 
by which subducting slabs cool the mantle , and 
become heated up. The thicknesses and thermal 
time constants of boundary layers are controlled 
by the thermal conductivity, and these regulate 
the rate at which the mantle cools and the rate at 
which the thermal lithosphere grows. The impor· 
tance of radiative conductivity in the deep man
tle is essentially unconstrained. 

The thermal conductivity goes through a min
imum at about 100 km depth in the upper man
tle. Higher thermal gradients are then needed to 
conduct the same amount of heat out, and this 
results in a further lowering of the lattice con
ductivity. The conductivity probably increases by 
at least a factor of 3 to 4 from 100 km depth to 
the core-mantle boundary (CMB). 

The parameters that enter into a theory of 
lattice conductivity are fairly obvious; tempera
ture, specific heat and the coefficient of thermal 
expansion, some measure of anharmonicity, a 
measure of a mean free path or a mean 
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Table 21.2 I Estimates of lattice 
thermal diffusivity in the mantle 

Depth K 

(km) (cm2/s) 

50 5.9 X 1 o-3 

ISO 3.0 X 10- 3 

300 2.9 X 10- 3 

400 4.7 X 10- 3 

650 7.5 X 10- 3 

1200 7.7 X 1 o-3 

2400 8.1 X 1 o-3 

2900 8.4 X 1 o-3 

Horai and Simmons (1970). 

collision time or a measure of the strength 
and distribution of scatterers, velocities of sound 
waves and the interatomic distances . 

Both thermal conductivity and thermal 
expansion depend on the anharmonicity of the 
interatomic potential and therefore on dimen
sionless measures of anharmonicity such as y or 
a y T. The lattice or phonon conductivity is 

Where V is the mean sound speed, l is the mean 
free path, which depends on the interatomic dis
tances and the isothermal bulk modulus, KT . This 
gives 

(8 lnKL /8 ln p ] = (8 lnKT/8 ln p] 

- 2(/J ln yf8 ln p] + y - 1/3 

For lower-mantle properties this expression is 
dominated by the bulk modulus term and the 
variation of KL with density is expected to be sim
ilar to the variation of Ky. 

The lattice conductivity decreases approx
imately linearly with temperature, a well
known result, but increases rapidly with den
sity. The temperature effect dominates in the 
shallow mantle, but pressure dominates in the 
lower mantle. This has important implications 
regarding the properties of thermal boundary 
layers , the ability of the lower mantle to con
duct heat from the core, and the convective 
mode of the lower mantle. The spin-pairing and 
post-perovskite transitions in the deep mantle 

may cause a large increase in lattice conductiv
ity. Other pressure effects on physical properties
viscosity, thermal expansion - all go in the direc
tion of suppressing thermal instabilities- narrow 
plumes - at the core-mantle boundary. 

The ratio a / K L decreases rapidly with depth 
in the mantle, thereby decreasing the Rayleigh 
number. Pressure also increases the viscosity, 
an effect that further decreases the Rayleigh 
number of the lower mantle . The net effect of 
these pressure-induced changes in physical prop
erties is to make convection sluggish in the lower 
mantle, to decrease thermally induced buoyancy, 
to increase the likelihood of chemical stratifica
tion, and to increase the thickness of the ther
mal boundary layer in D", above the core-mantle 
boundary. 

The mechanism for transfer of thermal energy 
is generally well understood in terms of lat
tice vibrations , or high-frequency sound waves. 
This is not enough, however, since thermal con
ductivity would be infinite in an ideal har
monic crystal. We must understand, in addition, 
the mechanisms for scattering thermal energy 
and for redistributing the energy among the 
modes and frequencies in a crystal so that ther
mal equilibrium can prevail. An understanding 
of thermal 'resistivity,' therefore, requires an 
understanding of higher order effects, including 
anharmonicity. 

Debye theory explains the thermal conductiv
ity of dielectric or insulating solids in the follow
ing way. The lattice vibrations can be resolved 
into traveling waves that carry heat. Because 
of anharmonicities the thermal fluctuations in 
density lead to local fluctuations in the veloc
ity of lattice waves, which are therefore scat
tered. Simple lattice theory provides estimates of 
specific heat and sound velocity and how they 
vary with temperature and volume. The theory 
of attenuation of lattice waves involves an under
standing of how thermal equilibrium is attained 
and how momentum is transferred among lattice 
vibrations . 

The thermal resistance is the result of 
interchange of energy between lattice waves , 
that is , scattering. Scattering can be caused 
by static imperfections and anharmonicity. 
Static imperfections include grain boundaries, 



vacancies, interstitials and dislocations and 
their associated strain fields, which considerably 
broadens the defects cross section. These 'static' 
mechanisms generally become less important at 
high temperature. Elastic strains in the crystal 
scatter because of the strain dependence of the 
elastic properties, a nonlinear or anharmonic 
effect. 

Diffusion and viscosity 

Diffusion and viscosity are activated processes 
and depend more strongly on temperature and 
pressure than the properties discussed up to now. 
The diffusion of atoms. the mobility of defects, 
the creep of the mantle and seismic wave atten
uation are all controlled by the diffusivity. 

D(P , T) = ~a2 v exp[- G*(P, T) I Ril 

where G* is the Gibbs free energy of activation, 
~ is a geometric factor and v is the attempt 
frequency (an atomic vibrational frequency). The 
Gibbs free energy is 

G* = E* +PV* - TS* 

where E*, V* and S* are activation energy, volume 
and entropy, respectively. The diffusivity can 
therefore be written 

D = D0 exp-(E * + PV *)I RT 

Do = ~a2v exp S* I RT 

Typical Do values are in Table 21.4. The theory for 
the volume dependence of D0 is similar to that 
for thermal diffusivity, K = K L 1 pC v . It increases 
with depth but the variation is small, perhaps 
an order of magnitude, compared to the effect 
of the exponential term. The product of KL times 
viscosity is involved in the Rayleigh number, and 
the above considerations show that the temper
ature and pressure dependence of this product 
depend mainly on the exponential terms. 

The activation parameters are related to the 
derivative of the rigidity (Keyes, 1963): 

v *I G * = (I 1 K T) [ ( a In G ) - 1 J a In p T 
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The effect of pressure on D can be written 

_ RT(alnG) =V* 
KT a ln p T 

1 [(a ln G) J 
= K T a ln p T -

1 G • 

or 

(a ln D ) G • [ (a ln G ) J 
a ln p T = - RT a ln p T -

1 

For a typical value of 30 for G* IRT we have V* 

decreasing from 4.3 to 2.3 cm3 fmole with depth 
in the lower mantle. This gives a decrease in dif
fusivity, and an increase in viscosity, due to com
pression, across the lower mantle . Phase changes, 
chemical changes, and temperature also affect 
these parameters. 

Viscosity 
There are also effects on viscosity that depend 
on composition, defects, stress and grain size. 
Viscosities will tend to decrease across mantle 
chemical discontinuities, because of the high 
thermal gradient, unless the activation energies 
are low for the dense phases. Even if the viscosi
ties of two materials are the same at surface con
ditions, the viscosity contrast at the boundary 
depends on the integrated effects ofT and P, and 
the activation energies and volumes. 

The combination of physical parameters that 
enters into the Rayleigh number decreases 
rapidly with compression. The decrease through 
the mantle due to pressure, and the possibil
ity of layered convection, may be of the order 
of 106 to 107 • The increase due to temperature 
mostly offsets this; there is a delicate balance 
between temperature, pressure and stable stratifi
cation. All things considered, the Rayleigh num
ber of deep mantle layers may be as low as 104

• 

The local Rayleigh number in thermal bound
ary layers increases because of the dominance 
of the thermal gradient over the pressure gra
dient. Most convection calculations, and convec
tive mixing calculations, use Rayleigh numbers 
appropriate for whole-mantle convection and no 
pressure effects. These can be high by many 
orders of magnitude. The mantle is unlikely to 
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be vigorously convecting or well-stirred by con
vection. 

Diffusion 
Diffusion of atoms is important in a large num
ber of geochemical and geophysical problems: 
metamorphism, element partitioning, creep, 
attenuation of seismic waves, electrical conduc
tivity and viscosity of the mantle. Diffusion 
means a local non-convective flux of matter 
under the action of a chemical or electrochemi
cal potential gradient. 

The net flux] of atoms of one species in a solid 
is related to the gradient of the concentration, N, 
of this species 

] = - D grad N 

where D is the diffusion constant or diffusivity 
and has the same dimensions as the thermal 
diffusivity. TI1is is known as Pick's law and is 
analogous to the heat conduction equation. 

Usually the diffusion process requires that an 
atom, in changing position, surmount a potential 
energy barrier. If the barrier is the height G*, the 
atom will have sufficient energy to pass over the 
barrier only a fraction exp ( - G* j RT) of the time. 
The frequency of successes is therefore 

v = V0 exp( - G * j RT) 

where v0 is the attempt frequency, usually taken 
as the atomic vibration, or Debye, frequency, 
which is of the order of 1014 Hz. The diffusivity 
can then be written 

where ~ is a geometric factor that depends on 
crystal structure or coordination and that gives 
the jump probability in the desired direction and 
a is the jump distance or interatomic spacing. 

Regions of lattice imperfections in a solid 
are regions of increased mobility. Dislocations 
are therefore high-mobility paths for diffusing 
species. TI1e rate of diffusion in these regions can 
exceed the rate of volume or lattice diffusion . In 
general, the activation energy for volume diffu
sion is higher than for other diffusion mecha
nisms. At high temperature, therefore, volume 
diffusion can be important. In and near grain 
boundaries and surfaces, the jump frequencies 

Table 21.3 I Diffusion in silicate minerals 

Diffusing T D 
Mineral Species (K) (m2/s) 

Forsterite Mg 298 2 x l o- 18 

Si 298 I o-19 - I o-21 

0 1273 2 X I0- 20 

Zn2Si0 4 Zn 1582 3.6 x I0- 15 

Z ircon 0 1553 1.4x l o- 19 

Enstatite Mg 298 I o-2o _ l o-21 

0 1553 6 X 10- 16 

Si 298 6.3 x 1 o- 22 

Diopside AI 1513 6 X 10- 16 

Ca 1573 1.s x 1 o- 15 

0 1553 2.4 x 1 o- 16 

A lbite Ca 523 l o-14 

N a 868 8 X 10- l? 

O rthoclase Na 11 23 5 x 1 o- 15 

0 ~ 1000 l o-2o 

Freer (1981) . 

and diffusivities are also high. The activation 
energy for surface diffusion is related to the 
enthalpy of vaporization. 

The effect of pressure on diffusion is given by 
the activation volume, V*: 

V * = RT( a In D ja Ph- RT ( a ln sa
2

v) 
aP T 

The second term can be estimated from lattice 
dynamics and pressure dependence of the lattice 
constant and elastic moduli. This term is gener
ally small. V* is usually of the order of the atomic 
volume of the diffusing species. The activation 
volume is also made up of two parts, the forma
tional part, and the migrational part. 

For a vacancy mechanism the V* of formation 
is simply the atomic volume since a vacancy 
is formed by removing an atom. This holds if 
there is no relaxation of the crystal about the 
vacancy. Inevitably there must be some relax
ation of neighboring atoms inward about a 
vacancy and outward about an interstitial, but 
these effects are small. In order to move, an atom 
must squeeze through the lattice, and the migra
tional V* can also be expected to about an atomic 
volume. 



Table 21.4 I Diffusion parameters in silicate 
minerals 

Diffusi ng Do Q 
Mi neral Species (m2/s) (kj mol- 1) 

O livine Mg 4.1 x 1 o- 4 373 
Fe 4.2 X I0- 10 162 
0 5.9 X lo-s 378 
Si 7.0 X I0-13 173 
Fe-Mg 6.3 X 10-7 239 

Garnet Sm 2.6 X 10-12 140 
Fe-Mg 6. 1 X I0-4 344 

Ca2Si04 Ca 2.0 X 10- 6 230 
CaSi0 3 Ca 7 468 
Albite Na 1.2 X I0-7 149 

0 1.1 X 10-9 140 
Orthoclase Na 8.9 X 10- 4 220 

0 4.5 X I0-12 107 
Nepheline Na 1.2 X 10-6 142 
Glass 

Albite Ca 3.1 X lo-s 193 
Orthoclase Ca 2.6 X 10-6 179 
Basalt Ca 4.0 x 10- 5 209 

Na 5 X 10- IO 4 1.8 

Freer {1981). 

V* is about 8-12 cm3 /mole for oxygen self
diffusion in olivine and about 2-5 cm3fmole in 
the lower mantle, decreasing with depth. The 
effect of pressure on ionic volumes leads one 
to expect that V* will decrease with depth and, 
therefore, that activated processes became less 
sensitive to pressure at high pressure. Indeed, 
both viscosity and seismic factor Qdo not appear 
to increase rapidly with depth in the lower man
tle. Pressure also suppresses the role of temper
ature in the deep mantle. Another way to look 
at this is to consider that solids become more 
incompressible with depth, and therefore den
sity, or volume, variations are less, and many 
la ttice properties vary with volume. 

Homologous temperature 

In many processes a scaled temperature is more 
useful than an absolute temperature. The Debye 
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temperature and the homologous temperature 
are two of these scaled, or dimensionless, tem
peratures. The ratio E* / T 111 is nearly constant for a 
variety of materials, though there is some depen
dence on valency and crystal structure. Thus, the 
factor E* / T in the exponent for activated pro
cesses can be written A.T111 / T where A. is roughly 
a constant and T111 is the melting temperature. 
If this relation is assumed to hold at high pres
sure, then the effect of pressure on G*, that is, 
the activation volume V* , can be estimated from 
the effect of pressure on the melting point: 

D(P , T) = D0 exp[ - Hm(P)/ RTJ 

and 

V * = E *dTm jr 
dP m 

which, invoking the Lindemann law, becomes 

V * = 2E *(y - 1/ 3) / K T 

which is similar to expressions given above . The 
temperature T, normalized by the 'melting tem
perature,'Tm is known as the h omo l ogous tem
per ature. It is often assumed that activated 
properties depend only on T 111 / T and that the 
effect of pressure on these properties can be 
estimated fi·om T111 (P). Experimentally determined 
diffusion parameters are given in Tables 21.3 
and 21.4. 

The melting point of a solid is related to 
the equilibrium between the solid and its melt 
and not to the properties of the solid alone. 
Various theories of melting have been proposed 
that involve lattice instabilities, critical vacancy 
concentrations or dislocation densities, or ampli
tudes of atomic motions. These are not true the
ories of melting since they ignore the properties 
of the melt phase, which must be in equilibrium 
with the solid at the melting point. 

Dislocations 

Dislocations are extended imperfections in the 
crystal lattice and occur in most natural crystals . 
They can result from the crystal growth process 
itself or by deformation of the crystal. They can 
be partially removed by annealing. Although dis
locations occur in many complex forms, all can 
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be obtained by the superpos1t10n of two basic 
types: the edge dislocation and the screw dislo
cation. These can be visualized by imagining a 
cut made along the axis of a cylinder, extending 
from the edge to the center and then shearing 
the cylinder so the material on the cut slides radi
ally (edge dislocation) or longitudinally (screw 
dislocation). In the latter case the cylinder is sub
jected to a torque. Dislocation theory has 
been applied to the creep and melting of 
solids, and to the attenuation of seis
mic waves. 

Melting and origin of magmas 

There are several ways to generate melts in the 
mantle; raise the absolute temperature, lower 
the pressure, change the composition or raise 
the homologous temperature. Melting can occur 
in situ if the temperature is increasing with depth 
and eventually exceeds the solidus. The main 
source of heating in the mantle is the slow pro
cess of radioactive decay. Heating also leads to 
buoyancy and convection, a relatively rapid pro
cess that serves to bring heated material toward 
the surface where it cools. The rapid ascent of 
warm material leads to decompression, another 
mechanism for melting due to the relative slopes 
of the adiabat and the melting curve. Extensive in 
situ melting, without adiabatic ascent, is unlikely 
except in layers or blobs that are intrinsically 
denser than the overlying mantle. In this case 
melting can progress to a point where the intrin
sic density contrast is overcome by the elimina
tion of a dense phase such as garnet. Below about 
100 km the effect of pressure on the melting 
point is much greater than the adiabatic gradi
ent or the geothermal gradient in homogenous 
regions of the mantle. The melting curve of peri
dotite levels off at pressures greater than about 
100 kb. This combined with chemical boundary 
layers at depth makes it possible to envisage the 
onset of melting at depths between about 300 
and 400 km or deeper. Because of the high tem
perature gradient at the interface between chem
ically distinct layers, melting is most likely to 
initiate in chemical boundary layers. Whether 
melting is most extensive above or below the 

interface depends on the mineralogy and the 
amount of the lower-melting-point phase. The 
Earth is slowly cooling with time and therefore 
melting was more extensive in the past and prob
ably extended, on average, to both shallower and 
greater depths than at present. Eclogitic por
tions of the mantle can also have long melting 
columns and low melting temperatures. 

The dependence of melting point T111 on 
pressure is governed by the Clausius-Clapeyron 
equation 

dT111 j dP = ,",.V j ,",.S = T ,",.V j L 

where !';. V and !';.S are the changes in volume and 
entropy due to melting and L is the latent heat 
of melting. 1';.5 is always positive, but /';. V can be 
either positive or negative. Therefore the slope of 
the melting curve can be either negative or posi
tive but is generally positive. Although this equa
tion is thermodynamically rigorous, it does not 
provide us with much physical insight and is not 
suitable for extrapolation since the parameters 
all depend on pressure. Because of the high com
pressibility of liquids, /';. V decreases rapidly with 
pressure, and !';. VfV and 1';.5 probably approach 
limiting values at high pressure. 

The Lindemann melting equation states 
that melting occurs when the thermal oscillation 
of atoms reaches a critical amplitude, 

where m is the mass of the atoms, V is the vol
ume, e is the Debye temperature and A is a 
constant. Gilvarry (1956) rewrote this in terms of 
the bulk modulus and volume of the solid at the 
melting point, 

Tm / To = (Vo / Vm)2(y - l ( J) 

and obtained 

c = (6y + 1}/ (6y - 2} 

Other theories of melting assume that some criti
cal density of dislocations or vacancies causes the 
crystal to melt or that a crystal becomes unsta
ble when one of the shear moduli vanishes. All of 
the above theories can be criticized because they 
do not involve the properties of the melt or con
siderations of solid-melt equilibrium. They cor
respond rather to an absolute stability limit of a 



crystal, which may differ from the crystal-liquid 
transition. 

The Stacey Irvine melting rela
tion resembles Lindemann's equation. and was 
derived from a simple adaptation of the Mie
Gruneisen equation without involving the vibra
tion amplitude assum.ption, 

dT111 / Tm dP = 2(y - 2y 2aT111 )/ KT 

The Lindemann law itself can be written 

dTm / Tm dP = 2(y - 1/ 3)/ KT 

which gives almost identical numerical values. 
These can be compared with the expression for 
the adiabatic gradient 

dlnT j dP =y/KT 

Since y is generally about 1, the melting point 
gradient is steeper than the adiabatic gradient. 
For y < 2/ 3 the reverse is true. 

If the above relations apply to the mantle, 
the adiabat and the melting curve diverge with 
depth. This means that melting is a shallow
mantle phenomenon and that deep melting will 
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only occur in thermal boundary layers . In ther
mal boundary layers the thermal gradient is 
controlled by the conduction gradient, which is 
typically 10-20 °Cfkm compared to the adiabatic 
gradient of 0.3 oqkm. Both the melting gradient 
and the adiabatic gradient decrease with depth 
in the mantle. 

The Lindem.ann law was motivated by the 
observation that the product of the coefficient 
of thermal expansion and the melting tempera
ture Tm was very nearly a constant for a variety 
of materials. This implies that 

dTmfTmfdP = 2(y - 1/ 3)/ KT 

which can be written 

Thus. the increase of melting temperature 
with pressure can be estimated from the ther
mal and elastic properties of the solid. Typical 
values for silicates give 

dT111 /dP ~ 6 Cj kbar 

Typical observed values are 5 to 13 °Cj kbar. 


