
JOURNAL OF GEOPHYSICAL RESEARCH, VOL. 96, NO. 87, PAGES 11,849-11,864, JULY 10, 1991 

The Equation of State of a Molten Komatiite 
2. Application to Komatiite Petrogenesis and the Hadean Mantle 
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New experimental data for the equation of state of a komatiitic liquid were used to model adiabatic melting 
in a peridotitic mantle. If komatiites are formed by > 30% partial melting of a peridotitic mantle, then koma
tiites generated by adiabatic melting come from source regions that began their unmelted ascent in the lower 
transition zone (:::500-670 km) or the lower mantle (>670 km). The great depth of incipient melting implied 
by this model suggests that komatiitic liquids may form in a pressure regime where they are denser than their 
coexisting crystals, possibly the bulk mantle. Although komatiitic magmas are thought to separate from resi
dual crystals in the mantle at a temperature :::200"C greater than modem mid-()cean ridge basalts (MORBs), 
their ultimate sources are predicted to be diapirs that, if adiabatically decompressed from initially solid man
tle, were more than 70Cf'C hotter than the sources of MORBs and were derived from great depth. We also 
studied the evolution of an initially molten mantle, i.e., a magma ocean. Our model considers the thermal 
structure of the magma ocean, density constraints on crystal segregation, and approximate phase relationships 
for a nominally chondritic mantle. Crystallization will begin at the core-mantle boundary. Perovskite buoy
ancy at >70 GPa may lead to a compositionally stratified lower mantle with iron-enriched magnesiowiistite 
content increasing with depth. Large convective velocities in the magma ocean would prohibit crystal-liquid 
fractionation by settling or flotation until quiescent boundary layers form. Such boundary layers could form 
when the crystal content of the magma reaches a critical value (near 44 vol %) and, in the late stages of cry
stallization, around unmelted blocks of foundered protocrust. Matrix compaction and diapirism could also 
lead to fractionation effects. The upper mantle could be depleted or enriched in perovskite components rela
tive to the bulk mantle. Olivine neutral buoyancy may lead to the formation of a dunite septum in the upper 
mantle, partitioning the ocean into upper and lower reservoirs, but this septum must be permeable. 

1. INTRODUCTION 

Miller et al. [this issue, hereafter referred to as Ml] present 
new shock data for a molten komatiite composition and con
struct a complete PVT equation of state (EOS) by coupling our 
shock wave EOS with models for (1) the specific heat capacity, 
Cp or Cv. and (2) the thermodynamic Griineisen parameter, 
r=- ()In T til In V I s . Here, we use that thermodynamic model 
to investigate two problems of current petrologic interest: (1) 
the genesis of komatiitic liquids by adiabatic melting of mantle 
diapirs; and (2) the evolution of a deep, global magma reservoir. 

The adiabatic melting of mantle diapirs has long been recog
nized as a probable mechanism for the generation of broadly 
basaltic liquids [Verhoogen, 1954]. A general parameterized 
model for this process has been formulated by McKenzie and 
Bickle [1988] and has been shown to be in qualitative agreement 
with a variety of observations. Komatiites may be formed by a 
similar process (but see DeWit et al. [1987]). For example, 
Campbell et al. [1989] suggested that komatiitic liquids are 
generated by diapirs that originate at the core/mantle boundary 
and note that this model can account for the spatial and tem
poral association of komatiites and tholeiites in Archaean green
stone belts. More recently, Hess [1990] has attempted to model 
quantitatively the adiabatic melting process for komatiites using 
assumed EOS data. In section 2 of this paper we combine our 
new EOS data and new phase relations [Wei et al., 1990] to 
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place constraints on the conditions necessary for the adiabatic 
formation of komatiitic liquids in a peridotitic mantle. 

The high compressibility of liquid silicates suggests that ultra
basic liquids may be denser than some mantle mineral phases at 
high pressure [Stolper et al., 1981]. Agee and Walker [1988a] 
estimated the pressure at which olivine would float in a komati
itic liquid, and used this information as part of a model for the 
evolution of an initially molten upper mantle [Agee and Walker, 
1988b ]. Other "magma ocean" scenarios have been postulated 

that incorporate the high density of ultrabasic magmas [Nisbet 
and Walker, 1982; Ohtani, 1985]. In section 3 we reexamine 
this problem from the perspective of our new data. This is 
posed as a problem of near-adiabatic crystallization and as such 
is complementary to the adiabatic melting problem investigated 
in section 2. It differs, however, in its sensitivity to the dynam
ical properties of the system (e.g., liquid viscosity and atmos
pheric heat flow). We will show that these dynamical factors 
may limit the extent of chemical fractionation in a molten Earth. 

2. APPLICATION TO ADIABATIC MELTING 

AND KOMATIITE GENESIS 

Adiabatic Gradients 

The hypothesis that magma is generated during the adiabatic 
decompression of mantle rocks is based on the observation that 
temperature usually diminishes less with decreasing pressure in 
a totally solid system than it does along the anhydrous solidus 
of typical mantle rocks [Verhoogen, 1954]. An adiabatic diapir 
may consequently cross the solidus as it rises, thereby undergo
ing partial or complete fusion (Figure 1). Since the adiabatic 
gradient of a wholly molten system is solely a function of the 
EOS of the liquid and that of a partially molten system is a 
strong function of the liquid EOS, our komatiitic liquid EOS 
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Fig. 1. Phase wagram for KLB-1 (Talalhashi, 1986] with ,fie~ds showing 
conditions under which kornatiite (Wei et al., 1990], MORB (as primi
tive melt) (Presnall et al., 1979; McKenzie and Biclde, 1988], and picrite 
(also possible MORB parent) (Green et al., 1979; Elthon and Scaife, 
1984] could have been extracted from their source regions. Adiabatic 
paths for ascending mantle source material, assuming single stage melt
ing, are indicated by light lines. The komatiite field is based on the 
phase diagram of Wei et al. [1990] for a 25 wt % MgO komatiite. 
Komatiitic liquids with higher MgO content are anticipated to form 
under higher PT conditions (Takahashi and Scarfe, 1985; Wei et al., 
1990]. An estimate of the modem subcontinental mantle geotherm 
(Mercier and Carter, 1975; Stacey, 1975] is given by the bold dashed 
line. Changes in entropy associated with subsolidus reactions have been 
ignored. 

provides a constraint on melting or crystallization under adia
batic conditions for ultrabasic systems. In this section, we 
develop a semiquantitative formulation of the adiabatic gradient 
in the melting interval of peridotite and consider its application 
to diapirism in the mantle and the genesis of komatiites. In this 
discussion we will equate adiabatic conditions with isentropic 
conditions. 

Liquid komatiite adiabats may be calculated using the equa
tion for the adiabatic gradient of a single, homogeneous phase 
in the absence of phase changes: 

aTI_ aT _1[_ 
aP 

8 
- pC P - Ks ' 

(1) 

where a is the volumetric thermal expansivity and p is the den
sity. The high-pressure isentropic bulk modulus K8 can be 
determined as a function of pressure by differentiation of a 
Birch-Mumaghan isentropic EOS. For adiabats offset from the 
principal isentrope, Ks is determined from the principal isen
trope and thermally corrected with a Mie-Griineisen type term: 

aKs I aT v = ')'pCv(1+y-q), (2) 

where q =a In yta In VI s. These adiabats can be constructed for 
molten komatiite with the experimentally determined EOS 
model presented earlier (M1). Molten komatiite adiabats are 
characterized by steep initial slopes but flatten substantially at 
high pressure (Figure 2). This flattening is due in part to the 
rapidly increasing bulk modulus and to a lesser extent to our 
assumption regarding y. 

In a completely liquid system the adiabatic gradient is wholly 
specified by equation (1), given the liquid properties "fliq (P ,T) 
and Ks liq (P ,T ). Under subsolidus conditions, and in the 
absence of subsolid~ reactions, the solid adiabat is also given 
by (1), evaluated with the therm~dynarnic properties appropriate 

to the crystalline assemblage. Upon crossing the solidus, how
ever, the slope of the adiabat is modified by the entropy of 
fusion. To maintain adiabaticity, the temperature of the diapir 
must drop sufficiently to accommodate the entropy of fusion. 
The thermodynamics of this process have been described by 
Carmichael et a/. [1974] for one-component systems and by 
Rumble [1976] for two-component systems. An analogous 
problem, that of condensation in a multi-component adiabatic 
atmosphere, has also been studied extensively [e.g., Houghton, 
1977]. The meteorological term "wet adiabat" is used to 
describe the adiabat modified by a phase change, and we will 
adopt this term here to distinguish this case from the simple adi
abat of equation (1). 

We will approach this problem from the limit of complete 
melting where our data provide the most useful constraints. An 
expression for the adiabat can be derived by first writing the 
specific entropy of a magma consisting of crystalS plus liquid: 

S.,.,.m = SliqWJ - xl:!.S, 

(4a) 

(4b) 

where Sliquid, the specific entropy of the liquid, and l:!.S , the 
instantaneous difference in specific entropy betweert the liquid 
and coexistirtg crystals, are functions of the liquid and crystal 
compositions at crystal mass fraction x and of temperature and 
pressure. Differentiating ( 4b) then leads to 

~.,.,.m = [ i -l:!.S ; I J ar- [ aV -l:!.S ; I P ~~ IJ dP, (5) 

where Cp, V (the specific volume), and a are thermodynamic 
properties of the liquid. We have made the approximation that 
l:!.S is constant, which will be taken to be approximately 1.0 
R/mol(atoms) [Stishov, 1969, 1988; Jeanloz, 1985] and indepen
dent of liquid composition and the crystallizing species. Experi-
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(3) Fig. 2. Several adiabats for liquid komatiile (M1 ). 
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mental determinations of the entropy of fusion, llS 1 (note that 
llS 1 '#- llS in general), for silicates at 1 bar indicate that the first 
of these approximations is good to better than a few percent for 
simple ultrabasic systems (llS1tR is 1.03 for fayalite, 1.01 for 
enstatite, 1.00 for diopside at their respective 1-bar melting tem
peratures [Stebbins et al., 1984]). In a complex liquid the 
entropy is given by the sum of the entropies of its components 
and an additional term arising from the permutability of the 
mixture. This latter term is always positive; hence the entropy 
of fusion of a multicomponent phase or assemblage will always 
be greater than llS1 for a simple mineral end-member. For 
complex crystalline phases, site mixing also contributes a per
mutability term to the solid entropy, and there is an analogous 
contribution to the entropy of fusion but with opposite sign. 
We anticipate that the greater permutability of the liquid will 
always favor llS 1 > R for ultrabasic systems. The average 
entropy difference between a wholly molten mantle and a 
wholly crystalline mantle (at constant T and P) will, therefore, 
almost certainly be greater than 1.0 R/mol(atoms). The specific 
entropies per atom of several components of mantle phases 
(forsterite, enstatite, diopside, jadeite, pyrope, and Tschermack's 
pyroxene) are all quite similar [Robie et al., 1978]. They differ 
from one another by less than R/4; thus the instantaneous 
entropy difference between liquid and coexisting solid (llS in 
equation (4)) will probably be~ as well. The assumption that 
llS has a constant value of 1.0 R/mol(atoms) will probably, 
therefore, lead to an underestimation of the average difference 
between ultrabasic liquid and crystal entropies. This will lead 
to conservative conclusions, as will be demonstrated, so we will 
adopt it for purposes of illustration. 

Setting dS.,.,.,. = 0 in (5), we obtain the slope of the wet adi
abat: 

[fL,-~iflp ~~X 
1 TllS ax I 

Cpa. aT p 

(6) 

The first term in the numerator is the adiabatic gradient of the 
crystal-free liquid. Note that when the slope of the constant x 
contour (aT taP I x) is equal to the slope of the crystal-free adia
bat (aT taP I s .z=O = "{{' tKs ), the wet adiabat will have this same 
slope. For a given value of llS, the greater the angle in PT 
space at which the liquidus and solidus intersect the liquid adia
bat, the more rapidly (in terms of pressure or depth) the wet 
adiabat will cross through the melting interval. The liquidus 
and solidus for the Earth's deep upper mantle are believed to be 
nearly flat [e.g., Scarfe and Takahashi, 1986]. Since the adia
bats for komatiitic liquids are also nearly flat in this interval 
(Figure 2), we predict that the melt fraction of diapirs will 
change little through this pressure interval. 

Rigorous evaluation of ax taT I p and aT taP I X requires 
detailed knowledge of the Gibbs free energy surfaces of the 
liquid and crystalline phases [Rwnble, 1976]. We can make 
several generalizations without evaluating these terms, however. 
Adiabats can be constructed for the liquid at all pressures (Fig
ure 2), and similar curves can be calculated for the crystalline 
assemblage at these same values of specific entropy. Since the 
specific entropy of the solid is always less than that of the liquid 
at a given temperature and pressure, the solid isentrope must 
always be at higher temperature (Figure 3). Note that where 
phases and assemblages described by the isentropes shown in 

Fig. 3. Canoon showing that the points of incipient melting and inci
pient crystallization under adiabatic conditions are determined uniquely 
by the all-liquid and all-solid adiabats and by the liquidus and solidus. 
Since the solid has an intrinsically lower specific entropy at constant T 
and P, it must be hotter than the liquid to have the same specific entro
PY. The intersection of the liquid adiabat with the liquidus is the point 
of incipient crystallization, and the intersection of the solid adiabat with 
the solidus is 9te point of incipient melting. These intersection points 
are joined in the two-phase region by the wet adiabat whose shape is a 
complex function of the Gibbs free energy sudaces. Two possible wet 
adiabats have been drawn. The straight line a corresponds approximate
ly to the case where crystallinity varies linearly with temperature. The 
curved wet adiabat b corresponds to the case where crystallinity changes 
rapidly near the liquidus and solidus but more slowly in between. 

Figure 3 are metastable the isentropes are shown as lighter 
curves. The wet adiabat connects the liquid adiabat at its inter
section with the liquidus to the solid adiabat at its intersection 
with the solidus. While the shape of this wet adiabat will 
depend on the thermodynamics of the phase transition, its inter
sections at the solidus and liquidus are uniquely specified by 
knowing the all-liquid and all-solid adiabats (for the same value 
of specific entropy) and the liquidus and solidus. The points of 
incipient melting and incipient crystallization under adiabatic 
conditions can therefore be determined without knowledge of 
the function x(T,P). 

On isobaric melting, the thermal energy of the solid 
(Cp tli' :: 3R tll') is applied to the latent heat of fusion 
(T llS dx :: TR dx ). Equating these terms and integrating, we 
find that for a solid and liquid of the same composition to have 
the same specific entropy at a given pressure, the solid must be 
hotter than the liquid by !J.T :::: (e 113-l)Tiiq•itbu :::: 0.4Tii,.ut .... or 
about 800 K in the upper mantle. To the degree that we have 
underestimated the entropy of fusion by ignoring the permutabil
ity of the liquid, we may have also underestimated this change 
in temperature. Thus, for a solid diapir to melt completely upon 
adiabatic decompression, its initial temperature would have to 
be at least 800 K greater than that of the emergent liquid. The 
probable phase diagrams for typical peridotitic or chondritic 
compositions (discussed later) preclude this possibility for solid 
diapirs that begin to melt in the upper mantle, because the 
high-pressure solidus is not 800 K hotter than the low-pressure 
liquidus anywhere in the pressure range of the upper mantle and 
transition zone. Consequently, the only way that adiabatic 
diapirs could become significantly molten (~0 wt %) in the 
upper mantle is if they originate in the transition zone or lower 
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mantle or if they were already partially molten (e.g., by heating 
at a boundary layer) when adiabatic ascent within the upper 
mantle was initiated. 

In order to understand the qualitative features of an adiabatic 
system in the melting interval, it is necessary to evaluate 
ax ldT I p • A crude estimate of the degree of crystallinity can be 
made by assuming the crystal mass fraction varies linearly with 
temperature at constant pressure: 

(7) 

for T69,;a,. :<!: T :<!: T.olid&r. Alternatively, McKenzie and Bickle 
[1988] showed that a cubic polynomial appears to provide a 
good pressure-independent fit to a variety of experimental x(T) 
measurements in peridotite systems at low pressure. There are 
reasons to doubt that either of these functions accurately 
describes the details of crystallization, particularly at high pres
sure (>10 GPa). However, the general features of the resulting 
calculations are similar regardless of which function is 
employed, so at least those aspects of the calculations that are 
not sensitive to the details of x(T) can be evaluated. Again we 
emphasize that this function only governs the behavior of the 
adiabat within the melting interval. For a particular value of 
specific entropy, all calculated adiabats will converge at the 
liquidus and solidus intersection points (Figure 3) regardless of 
the x(T) function used. 

A phase diagram for an upper mantle comprised of fertile 
peridotite has been schematically constructed (Figure 4) from 
the high-pressure experiments of Takilhashi and Scarfe [1985], 
Takilhashi [1986], and Ito and Takilhashi [1987] on the KLB-1 
spinel lherzolite (this xenolith, from Kilbourne Hole, New Mex
ico, is considered a reasonable analog for a peridotitic mantle 
[e.g., Takahashi and Scaife, 1985]). The mantle liquidus rises 
sharply at low pressure but flattens significantly near =12 GPa 
and may even have a maximum [Scaife and Takilhashi, 1986]. 
With increasing pressure to =15 GPa, the melting interval 
(Tu,,;a,..-T,olidu) also probably decreases [Herzberg, 1983]. 

Adiabats that go through the melting interval have been con
structed for the two x(T) functions and are shown in Figure 4. 
The extent of melting is shown in Figure 5 for the two calcula
tions. We used the adiabats of our komatiite to represent those 
of the liquid, independent of the extent of fusion, since attempts 
to account for chemical variation (through addition or subtrac
tion of olivine components) yield similar results. The crystal
free adiabats have roughly the same slope as the liquidus in the 
250-450 km interval of the upper mantle, so the degree of cry
stallinity of rising diapirs would not vary rapidly with pressure 
in this region of the upper mantle (Figure 5) (In fact, as shown 
in Figure 5, the degree of melting actually decreases with pres
sure in this interval; we attach no significance to this as it is 
very sensitive to the specific liquidus and solidus slopes that are 
chosen.) In no case does an adiabat cross from below the 
solidus to the liquidus over the pressure interval of the upper 
mantle (including the transition zone), so as pointed out above, 
adiabatic diapirs with very large degrees of partial melting 
would have to originate in the transition zone or lower mantle. 
If the permutability contribution to the entropy of fusion were 
properly accounted for, the depth of incipient melting would be 
even greater for a given degree of partial melting. With a linear 
x(T) model, melting is distributed evenly between the liquidus 
and solidus. With the McKenzie and Bickle [1988] parameteri
zation, crystallinity varies rapidly near the solidus and liquidus 
but more slowly in between. The adiabats are consequently 
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Fig. 4. Model phase diagrams for the upper mantle with superimposed 
adiabats: (a) linear x(f) relationship, and (b) cubic x(f) relationship 
from McKenzie and Bickle [1988]. Adiabats are calculated at 50° inter
vals (at P=O) in each case. The circle represents the olivine ± clinopy
roxene ± garnet liquidus cosaturation point for a kornatiite broadly simi
lar to the sample we studied [Wei el al., 1990]. The stippled band is the 
trace of the kornatiite liquidus. 

nearly tangential to the solidus and liquidus curves. With the 
linear model, up to 45% partial melting is possible if a diapir 
crossed the solidus at the base of the upper mantle (400 km). 
Only 40% melting is possible with the parameterization of 
McKenzie and Bickle [1988] under the same conditions. 

In the 0-5 GPa range our calculations predict degrees of par
tial melting similar to the calculation of McKenzie and Bickle 
[1988]. We predict melt fractions about 20% less than their 
model (comparing our Figure 5b with Figure 1a of McKenzie 
and Bickle [1988]). This small difference can be attributed in 
part to different assumptions regarding 6S ; their model implies 
a value of about 0.63R. In order to generate the amount of melt 
they consider to be typical of mid-ocean ridge basalt (MORB) 
(10-15%), we require that the mantle be at least 100° hotter than 
the 1280°C potential temperature (defined as the temperature a 
mantle parcel would have at 1 bar if it were adiabatically 
decompressed as a metastable solid) that they advocate. 
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Fig. 5. Weight fraction of liquid generated under adiabatic conditions 
for (a) linear x(T) model, and (b) McKenzie and Bic/cle [1988] x(T) 
parameterization. Each curve represents a single adiabat. The numbers 
on the curves represent the final 1 bar temperatures of the partially mol
ten diapirs (in degrees Celsius). These curves are the Px projections of 
the YI' adiabats in Figure 4. The circle represents the point of olivine ± 
clinopyroxene± garnet cosaturation on a komatiite liquidus (Wei et al., 
1990], and the stippled band is the projection of the trace of the komati
ite liquidus. Note that meh fractions do not vary significantly in the 
lower 200 km of the upper mantle. 

Diapiric Origin of Komatiites 

Wei et al. [1990] determined the phase diagram for a komati
ite of broadly similar composition to the one we have studied 
This phase diagram is superimposed on the KLB-1 phase 
diagram (Figure 4) in Figure 6. Wei et al. [1990] suggest that 
this komatiite could have separated from either an olivine ± cli
nopyroxene ± garnet residue at 5.6 GPa and 1780°C, or an 
olivine residue at lower pressure and temperature. The olivine 
± clinopyroxene ± garnet cosaturation point for this komatiite is 
within =10°C of the maximum temperature at which olivine+ 
clinopyroxene ± garnet saturated liquids can be generated by 
melting of KLB-1 at 5.6 GPa, so the phase equilibria are 
roughly compatible with the idea that a komatiitic liquid of this 

composition could have been segregated from a KLB-1-like 
source under these conditions. We calculate that a KLB-1-like 
source would consist of 27-32% partial melt at 5.6 GPa and 
1780°C, which, although dependent on the specific form of the 
x(f) functions we have used, is compatible with the 10-30% 
partial melting of a KLB-1-like source we calculate by mass 
balance of the Wei et al. [1990] data. If komatiitic liquids were 
generated by 10-30% partial melting of adiabatic KLB-1-like 
diapirs at 5.6 GPa, then our calculations suggest that the source 
region of the diapirs (provided they were initially unmelted) 
would have to be in the 10-20 GPa range and that they would 
have begun to melt between 10 GPa, 1850°C (10%) and 20 
GPa, 2150°C (30%). Whether the melt fraction is 10% or 30% 
makes such a big difference in the minimum depth because melt 
fraction does not change significantly in the =8-16 GPa (=250-
450 km) interval; melt fractions greater than =15% require that 
melting commence in the transition zone. 

The Wei et al. [1990] phase relations for komatiite and those 
for KLB-1 peridotite are also compatible with segregation of 
komatiitic liquid from olivine-only residues at pressures lower 
than 5.6 GPa, implying >30% partial melting. Estimates of the 
degree of partial melting of peridotite required to generate 
komatiitic liquid plus residual olivine [e.g., Arndt, 1977] are 
typically of the order of 50-80%. In order to reconcile such 
high melt fractions with the results of our calculations and the 
komatiite liquidus given by Wei et al. [1990], the komatiitic 
liquid would have to separate from its olivine residue at pres
sures less than 3 GPa (i.e., the adiabat in Figure 4a that inter
sects the Wei et al. liquidus at 3 GPa is 50% molten at this 
point; the maximum melt fraction obtained with the McKenzie 
and Bickle [1988] x(f) function is about 45% at 1 bar). Subso-

,......., 
u ..._. 

~ .a c:a 
t> 

~ 
E-t 

0 

2000 

1500 

Depth [km] 
200 400 

_S~-----

1000 0!:--------:5~------:-'10~-------:~15 

Pressure [GPa] 

Fig. 6. liquidus and solidus for a 25 wt % MgO komatiite determined 
by Wei et al. [1990]. This komatiite is similar in composition to the one 
we have studied. This phase diagram is superimposed upon the phase 
diagram for mantle peridotite (KLB-1 (Talmhashi, 1986]). The appear
ance of garnet (gt), clinopyroxene (cpx) and orthopyroxene (opx) are 
shown for the peridotite as dashed lines. Olivine is the liquidus phase 
of the KLB-1 peridotite. liquidus appearance of olivine, clinopyroxene, 
and garnet are indicated on the komatiite liquidus. lf this komatiite were 
formed by the partial fusion of peridotite, then the komatiite would have 
segregated from residual olivine at pressures less than 5.2 GPa. Higher 
pressures lead to inconsistencies between the peridotite and komatiite 
phase equilibria. 
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lidus diapirs that could generate these degrees of partial melting 
would have to originate in the transition zone or deeper (P ~ 21 
GPa) with temperatures greater than 2180°C. 

H crystal-liquid segregation is possible in ascending diapirs, 
then it may be possible to fractionate dense crystalline phases, 
such as garnet-majorite, from komatiitic liquids. Olivine is 
buoyant in komatiitic liquids at pressures greater than =9 GPa, 
but garnet-majorite is buoyant in komatiitic liquids only at pres
sures greater than about 19 GPa (M1). Mechanisms by which 
garnet-majorite fractionation could occur in the source diapirs of 
komatiites at the relatively low melt fractions expected based on 
our calculations at pressures greater than 5.6 GPa are not cer
tain, but garnet-majorite fractionation trends have been inferred 
for some South African peridotites [Herzberg et al., 1988], and 
several authors [e.g., Green, 1975; Nesbitt et al., 1979; Jahn et 
al., 1982; Ohtani, 1984] have suggested that garnet fractionation 
may have been important in the genesis of so-called aluminum
depleted komatiites. We note in particular the suggestion of 
Ohtani [1984] that the diapirs that generate Al-depleted komati
ites originate deeper in the mantle than those that generate Al
undepleted komatiites. As a consequence of their deeper origin, 
they would achieve higher degrees of partial melting, which 
could facilitate garnet fractionation, perhaps aided by the con
trasting buoyancy of olivine/pyroxene and garnet in ultrabasic 
liquids at the relevant pressures. It can be seen in Figures 4 and 
5 that small differences in source pressure and temperature at 
depths >500 km can lead to large differences in melt fraction in 
the 17-25 GPa pressure interval because the KLB-1 solidus and 
liquidus are steep compared to the all-liquid adiabats in this 
region; for example, increasing the source temperature by about 
50° at 500 km would change the melt fraction by about 5%, and 
the effect is even larger at lower pressures. Consequently, small 
differences in source temperature at these depths could control 
whether the melt fraction is large enough (at high pressure) to 
facilitate garnet-majorite fractionation (Al-depleted) or not (Al
undepleted). 

Several authors have suggested that komatiitic liquids could 
be generated by pseudoinvariant melting of peridotites at high 
pressures [Takahashi and Scarfe, 1985; Herzberg and O'Hara, 
1985; O'Hara et al., 1975]. Takahashi and Scarfe [1985] 
reported the formation of a komatiitic liquid as the initial melt 
of KLB-1 near 1800°C and 5-7 GPa, although the melt fractions 
were not determined and may have been large given that solid
liquid segregation occurred within their charges. In a similar 
experiment by Takahashi [1986], also on KLB-1, where both 
liquid and crystal compositions were reported, a komatiitic 
liquid generated at 5 GPa and 1700°C (run 53) represents over 
60% partial melting according to mass balance calculations. 
Thus, it is not clear that these experiments provide support for 
the pseudoinvariant melting hypothesis. In any case, if komati
itic liquids can indeed be generated by small degrees of partial 
melting in the 5-7 GPa pressure range, they must differ from the 
one studied by Wei et al. [1990] if the phase relationships 
shown in Figure 6 are accurate, because the Wei et al. [1990] 
komatiite liquidus is some 100° higher than the KLB-1 solidus 
in this pressure range and its solidus is also higher than the 
KLB-1 solidus. 

In summary, our calculations suggest that mechanisms for 
komatiite genesis that call for large (>30%) degrees of partial 
melting at P < 5-6 GPa by adiabatic decompression require 
diapirs that begin to melt in the transition zone or deeper at 
pressures in excess of 20 GPa. Mantle potential temperatures in 
excess of 1750°C are required. Unless these source regions 

were anomalously hot with respect to the bulk mantle, the entire 
Archean upper mantle would have been partially molten 
[Cawthorn, 1975], and magmatic activity originating in the 
mantle would overwhelmingly be controlled by this widely dis
tributed komatiitic melL However, the juxtaposition of distinct 
tholeiitic and komatiitic magma types in Archean terrains, which 
cannot simply be related by low pressure crystal fractionation, 
suggests a nonuniform upper mantle thermal regime in the 
Archean. Thus, komatiites might represent melts extracted from 
hotter than average upper mantle, generated, for example, in 
deep thermal boundary layers. Thermal boundary layers that 
could generate such anomalously hot diapirs could have been 
located between the upper mantle and transition zone [Anderson, 
1984, 1989], between the transition zone and lower mantle 
[Jeanloz and Richter, 1979; Lees et al., 1983; Jeanloz and Knit
tle, 1989], or even at the core-mantle boundary [Jarvis and 
Campbell, 1983]. If komatiites can be formed by small degrees 
(e.g., <15%) of partial melting, then more modest potential tem
peratures (1700-1750°C} would be allowed. H komatiitic 
liquids can be formed as initial melts in the 5-7 GPa pressure 
range, then potential temperatures even as low as 1600°C are 
possible. Pyroxene geothermometry indicates that the potential 
temperature of the mantle beneath continents is about 1600°C 
[Mercier and Carter, 1975], so if this latter view of the condi
tions required for production of komatiitic liquids is valid, it 
should be possible to generate komatiitic liquids in the modem 
mantle. To the extent that modem magmas approaching koma
tiites are uncommon (although some paleogene "picritic" mag
mas get close to ''komatiitic" in composition [Gansser et al., 
1979; Echeverria, 1982]), this suggests to us that models invok
ing low degrees of partial melting, including those involving 
pseodoinvariant melting, are unlikely to be correct. 

Figure 1 compares the conditions that have been suggested 
for the formation of komatiitic liquids to those that have been 
suggested for the genesis of primary magmas parental to modem 
MORBs (Presnall et al. [1979] versus Green et al. [1979] and 
Elthon and Scarfe [1984]). Note that we have restricted our 
discussion to a KLB-1 model for mantle source material and 
that the quantitative details will vary with the phase equilibria of 
the potential source. Thus, for example, more fertile source 
materials will have lower solidi, thereby allowing greater 
degrees of melting for a given potential temperature, but 
depleted sources will have higher solidi and require higher tem
peratures. The most surprising result of our analysis is that 
although the temperatures of melt segregation for komatiitic 
liquids implied by scenarios that suggest >30% partial melting 
are only =200°C higher than those of modem MORBs, the 
configuration of the solidus and liquidus of likely source perido
tites requires their ultimate sources to be diapirs that, if adiabati
cally decompressed from initially solid mantle, were more that 
700°C hotter than the sources of MORBs and derived from 
great depth in the mantle. 

3. APPUCATION TO A MAGMA OCEAN AND THE EVOLUTION 

OF THE HADEAN MANTLE 

Many independent arguments suggest that it is plausible that 
at least the upper mantle of the Earth was substantially molten 
in the Hadean. This melting could have resulted from the accre
tion of the Earth [Kaula, 1979; Abe and Matsui, 1986; Matsui 
and Abe, 1986; Zahnle et al., 1988; Ahrens, 1990; Agee, 1990], 
core formation [Birch, 1965; Solomon, 1978; Shaw, 1979], the 
impact formation of the moon [Bem et al., 1986, 1987; Cam-
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eron and Benz, 1989; Stevenson, 1989], or from some combina
tion of these mechanisms. Recognition of this possibly molten 
state, together with the idea that ultrabasic liquids may be 
denser than olivine and other silicate phases at relatively shal
low mantle depths, has prompted speculation on the evolution of 
the upper mantle from a magma ocean [Nisbet and Walker, 
1982; Ohtani, 1985; Agee and Walker, 1988b ]. The liquidus 
topologies of several ultrabasic systems including iron-depleted 
C1 meteorite [Ohtani et al., 1986; Ohtani and Sawamoto, 1987], 
peridotite [Ta!CIJhashi and Scarfe, 1985; Scarfe and Ta!CIJhashi, 
1986; Ito and Takahashi, 1987], komatiite [Bickle et al., 1977; 
Wei et al., 1990], and perovskite [Heinz and Jeanloz, 1987; 
Knittle and Jeanloz, 1989] provide critical constraints on this 
evolution. Our new data on the equation of state of molten 
komatiite provide further constraints and allow for more quanti
tative modeling than was previously possible. In this section we 
consider applications of the equation of state of a komatiitic 
liquid to the evolution of the Hadean mantle from an initial 
wholly molten state. 

The following discussions will focus on EOS constraints on 
the evolution of a molten mantle, but many of these constraints 
cannot be properly evaluated without fluid dynamical considera
tions. Density contrasts govern whether a crystal would rise or 
sink in a quiescent liquid, but viscosities, convection velocities, 
and cooling rates are equally important in determining the ulti
mate fate of crystals in a convecting magma system. Accord
ingly, an effort will be made to understand the fluid dynamics 
of such a system as it evolves. 

We will assume that the entire mantle was molten and that 
the undifferentiated mantle had an iron-depleted C1 composition 
[Agee and Walker, 1988b ]. For simplicity, we will henceforth 
refer to this iron-depleted C1 composition simply as Cl. 
Because the mantle is assumed to be liquid and would have low 
viscosity, we will also assume that the thermal state of the man
tle was approximately adiabatic. As the Earth cools, boundary 
layers may develop, and crystal segregation may occur. Both of 
these circumstances would make the system nonadiabatic, at 
least on local length scales. These special circumstances may 
play important roles in the evolution of the Earth, as will be dis
cussed below. Furthermore, although convection requires some 
degree of superadiabaticity, we will adopt the adiabatic state as 
a reference state and follow its development with time. 

An approximate fit to the major element chemistry of C1 can 
be obtained from a mixture of olivine (20.4 wt % of 
Fo0.98Fao.02), pyroxene (38.1 wt % of Eno.9Fs0.1), and komatiite 
(M1) (41.5 wt %). From the assumption that liquids mix 
ideally with respect to volume (i.e., V = U; V;, where V; is the 
specific volume of a liquid with the composition of component i 
and X; is its mole fraction in the mixture) we can derive the adi
abatic gradient of a liquid of C1 composition: 

1:[ x;V;Cv; 
(y;T)] 

[ f] ~~un ; V;Ks;- ylTCv; 
(8) 

1: x;V;Cv; 
(Ks;) 

i V; Ks; - ylTCv; 

where Ks; is the isentropic bulk modulus of a liquid with the 
composition of component i, Cv; its constant volume heat capa
city, and 'Y; its Griineisen parameter. The high-pressure, high
temperature thermodynamic parameters for each liquid end
member (V;, Ks;, and y;) are calculated from a Birch
Murnaghan EOS (equations (19) and (27) and Table 5 in Ml) 

with Mie-Griineisen thermal corrections for the pressure (Ml, 
equation (28)} and bulk modulus (equation (2)). Cv is taken as 
3R and q=1 for each component; both Cv and yare assumed 
independent of temperature. 

The phase diagram for an iron-depleted C1 upper mantle has 
been investigated by Ohtani et al. [1986] and Ohtani and 
Sawamoto [1987] and a modified version is shown in Figure 8. 
The diagram is largely schematic at P>25 GPa but was 
estimated as follows. Under lower mantle conditiohs we expect 
a dominantly perovskite+magnesiowiistite subsolidu!i mineral
ogy. A schematic phase diagram for such a system a! 100 GPa 
has been constructed (Figure 7) assuming ideal mixing of liquid 
components using the data of Knittle and Jeanloz [1989] as an 
upper bound for perovskite melting and the calculations of 
Ohtani [1983] for magnesiowiistite. On the basis of this model 
calculation we expect that perovskite will be the liquidus phase 
throughout the.lower mantle and the P-T diagram shown in Fig
ure 8 incorporates this result. 

Several adiabatic contours for the partially molten mantle are 
superimposed on a model C1 phase diagram in Figure 8. The 
wet (crystal+liquid) adiabats are calculated as discussed in sec
tion 2, with crystal content varying linearly with temperature at 
constant pressure. Two general conclusions can be drawn from 
Figure 8 that are not sensitive to its detailed topology. First, 
crystallization of a wholly molten mantle would begin near the 
core-mantle boundary (Figure 8). Second, if the upper mantle 
(i.e., P<21 GPa) were wholly molten and the entire mantle were 
adiabatic, then the lower mantle could be at least partially mol
ten to great depth [cf. Agee and Walker, 1988b ]. For example, 
if the mantle were wholly molten to >30 GPa, then our calcula-
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Fig. 7. Approximate phase diagram for a chondritic lower mantle at 1 
Mbar. The approximate melting temperature of Mg0_9Feo.1Si03 
perovskite is 3800 K (Knittle and Jeanloz, 1989] and that of 
Mg0.f1ea.40 magnesiowiistite is calculated to be :::6000 K (Ohlani, 
1983]. The phase diagram was calculated by asswning that t!.S 1 ~ is 
R/mol(atoms) for each phase with a simple solution model The solid 
diagram assumes that the molecular species in the melt phase are given 
by the mineral formula. The dashed wrve assumes one molecular 
species per oxygen atom and has been convened to the formula basis in 
the figure. The arrow indicates the approximate bulk composition of a 
chondritic mantle. For both models, perovskite will be the liquidus 
phase at =3900 K. The solidus is at 3580 K with the formula basis and 
3340 K with the oxygen basis. 
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Fig. 8. Estimated C1 phase diagram for the mantle compiled from ex
perimental data of Heinz and Jeanloz [1987), Ito and Takahashi [1987), 
Knittle and Jeanloz [1989), Ohtani eta/. [1986), Ohtani and Sawamoto 
[1987), Scarfe and Takahashi [1986], and Takahashi [1986). Beyond 25 
GPa this phase diagram is highly schematic and based solely on the 
perovskite liquidus (see Figure 7). The liquidus phases are olivine to 
:::15 GPa followed by gamet-majorite to :::25 GPa and perovskite at 
higher pressures. Subsolidus reaction boundaries for the sequence 
plagioclase-+spinel-+gamet and olivine-+~ modified spinel-+y 
spinel-+perovskite + magnesiowiistite are also indicated. Superimposed 
on the phase diagram (Figure Sa ) are adiabatic contours. The entropy 
of fusion causes subliquidus adiabats to remain in the melting interval 
over extensive depth intervals. Note that crystallization will begin at the 
base of a whole Earth magma ocean. The actual temperature profile of a 
magma ocean will differ from the adiabatic contours wherever boundary 
layers develop. These boundary layers may form in the lower mantle 
because of viscosity contrasts, in the upper mantle because of olivine 
neutral buoyancy, and at the surface where an itinerant crust may form. 
The difference in energy (in 1 ()30 J) between a given wet adiabat and the 
one above it is written on the adiabat curves. At high temperamres the 
curves are at :::1.4x1 030 J intervals. At lower temperatures the energy 
difference increases. Figure Sb is an enlargement of Figure Sa , em
phasizing the upper mantle and transition zone. Contours in this figure 
are at 50° intervals at P=O. 

tions suggest that the zone of partial fusion could extend to the 
core-mantle boundary (under adiabatic conditions). An adia
batic mantle would therefore not have a crystalline floor initially 
but rather would have a partially molten zone extending to the 
core. This can be seen by following the adiabats, which, as 

described in section 2, are slow to traverse the melting interval. 
This conclusion is independent of the details of crystallization 
(i.e., no knowledge of iJT liJP I z and iJxliJT I p is required) but 
is, of course, sensitive to our assumed lower mantle liquidus 
and solidus. 

If any chemical fractionation (e.g., crystal-liquid segregation) 
occurs, the phase relations and adiabatic contours described 
above will not be strictly applicable to the residual liquid. In 
the following sections we use this model C1 system as an 
approximation to fractionated systems as well. A more rigorous 
analysis is not justified given available phase equilibrium data. 

Time Scale for Cooling of a Terrestrial Magma Ocean 

Although the lifetime of a magma ocean is not of direct con
cern to us here, the extent of chemical fractionations may be 
limited by the rate at which the mantle cools [Melosh and 
Tonks, 1989; Tonks and Melosh, 1990]. For example, in the 
absence of any atmosphere and crust, the planet might cool so 
rapidly that little differentiation is possible. At the other 
extreme, if we allowed an arbitrarily long cooling time, then the 
molten Earth would be quiescent (nonconvecting) and could 
evolve through fractional crystallization to give a strongly lay
ered body. Accordingly, in this section, we attempt to estimate 
the rate of heat loss from the molten Earth. The heat flux from 
the molten Earth will depend on the surface temperature and on 
the opacity of the atmosphere, while the surface temperature 
depends on whether or not a crust could form. In the following 
subsection we discuss the importance of an atmosphere and 
arrive at an approximation for the heat flux as a function of sur
face temperature. In the subsequent subsection we consider 
whether or not a crust could form if the upper mantle were a 
superheated liquid and what influence this might have on the 
heat flux from the magma ocean. 

Heat flow through the atmosphere. The ability of a protoat
mosphere to transmit heat from a magma ocean is strongly 
dependent on the chemical constitution of the atmosphere. The 
chemical composition of a protoatmosphere will, in turn, depend 
on the temperature of the Earth's surface. Very high surface 
temperatures lead to the formation of a metal-oxide (e.g., Na, K, 
SiO, Mg) atmosphere [Ringwood, 1979]. Lower surface tem
peratures lead to the formation of a predominately H2, CO, H20, 
C02, C~ atmosphere [Holloway, 1988], and still lower tem
peratures favor an air, e.g., Nrrich, atmosphere. Liquid water 
would not be stable at the Earth's surface if the bulk of the 
mantle were molten or partially molten. Since such a molten 
state is the premise of our discussion, we will not consider the 
latter case. 

The potential surface temperature of a totally molten Earth 
could exceed 3500 K (Figure 8a) if the entire mantle were com
pletely molten. Under such conditions, a metal-oxide vapor 
atmosphere would form. However, condensation (i.e., the for
mation of oxide and silicate clouds) would probably limit the 
effective radiating temperature of the atmosphere to be ::::2000 K 
[Thompson and Stevenson, 1988]. The radiative blackbody heat 
flux corresponding to a temperature of 2000 K is cfl"4 = 0.9 
MW/m2, where cr is the Stefan-Boltzmann constant. 

A H20, CO, or C02 atmosphere that would form at surface 
temperatures below ::::1500 K could similarly regulate the radiat
ing temperature. The numerical experiments of Zahnle et al. 
[1988] indicate that for surface temperatures below about 1500 
K. a water-rich atmosphere would limit the net radiative heat 
flux to about 150 W/m2

: about 6000 times less than a metal-
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oxide atmosphere. For surface temperatures above 1500 K, the 
water-rich atmosphere is transparent to much of the surface radi
ation, which has significant components in visible and UV 
wavelengths. Consequently, the radiative properties of the 
atmosphere in the surface temperature interval of 1500-2000 K 
would be intermediate between the water-rich and metal-oxide 
cases. 

As a first approximation, we adopt a mean heat flux of 0.9 
MW/m2 when the surface temperature exceeds 2000 K and a 
mean heat flux of 150 W/m2 when the surface temperature drops 
below 1500 K. If there is no crust on the magma ocean, then 
the surface temperature will exceed 2000 K when the lower 
mantle of the Earth is crystallizing (Figure 8a ), and the heat 
flux regulating fractionation of the lower mantle will be that 
corresponding to a metal-oxide atmosphere: 0.9 MW/m2• If no 
crust exists when the upper mantle crystallizes, then the surface 
temperature will be between 1500 and 2500 K (Figure 8b ), and 
the heat flow will be between 150 W/m2 and 0.9 MW!m2• If a 
crust forms, then the mean surface temperature cannot be 
greater than the solidus temperature of the crust, ==1500 K, 
corresponding to a maximum heat flux of about 150 W/m2, 

independent of the temperature of the underlying magma. 
The impact of heat flux on chemical fractionation can be 

appreciated by considering the energy budget of the molten 
mantle. From Figure 8a, it can be seen that to generate a cry
stalline mantle about 1.7x1031 J (the sum of the energy 
differences between adiabatic profiles) must be removed from a 
wholly molten mantle beginning to crystallize at its base. The 
surface area of the Earth is about 5xl014 m2• If the Earth 
cooled at a mean surface temperature greater than 2000 K, i.e., 
regulated by a metal-oxide atmosphere, then the cooling time 
would be only 1200 years! This case is tantamount to quench
ing the mantle, and chemical fractionation would be limited. If 
the mean heat flux were 150 W/m2, i.e., regulated by a cooler 
water-rich atmosphere, then the cooling time would be 7.2x106 

years. This longer time affords a greater opportur!ity for chemi
cal fractionation to occur. 

A crust on a superheated liquid mantle? The existence of a 
crust would be important for the chemical fractionation of the 
mantle because it would limit the maximum heat flux from the 
magma ocean to about 150 W/m2, as discussed in the previous 
section, and possibly much less since heat transfer might be lim
ited by conduction through the crust. An essential feature of a 
crust on a magma ocean is that it is not likely to be buoyant. 
Morse [1987] discussed this problem as it relates to a lunar 
magma ocean. Another feature of the early evolution of the 
magma ocean is that the ocean would necessarily be superheated 
at low pressure (Figure 8). A crust would thus have to support 
a very steep thermal gradient (at least (Tuqoidos-Tsolidru )10, where 
o is the thickness of the crust), and foundered crust would dis
solve unless it were thick [Walker and Kiefer, 1985]. Neverthe
less, although a crust is not mechanically stable, is seems likely 
that some glass or crystals would form simply because convec
tive heat transport may not keep pace locally with the extraordi
narily high rate of radiative heat transport. In this subsection 
we investigate the importance of a crust when the upper mantle 
is superheated liquid. 

Assuming that some crust can be generated but that it will 
ultimately sink because of its high density, we consider the pos
sibility of a dynamically maintained crust. As a crude model, 
we consider a hypothetical pseudo-steady state crust of thickness 
o. When it founders, blocks of diameter o will sink according 
to Stokes' formula. Let us suppose that most of the radiative 

heat loss is applied to removing the latent heat of fusion of 
liquid that regenerates the crust. A crude heat balance is then 
given by 

K(Tu,oid.,-T,.,f=) 

0 
(9) 

in units of energy per time per surface area. Here the radiative 
heat flux from the surface of the crust (second term) is balanced 
with conductive transport through the crust (third term). The 
heat flux necessary to regenerate foundered and melted crust 
(first term) must be less than this amount. Here, F is the heat 
flux from the magma ocean, TJ is the viscosity of the molten 
mantle (1 P), ~p is the density contrast (200 kg/m3) between the 
crust of density p (3000 kg/m3) and the density of the liquid, 
tili1 is the latent heat of fusion (4x10S J/k:g), and K is the ther
mal conductivity (2 J/m K). The surface temperature, Ts•rface, 
must be below the 1-bar liquidus (2000 K) for crystals to form. 
In the initial stages of the evolution of the magma ocean, i.e., 
when the lower mantle is crystallizing, we assume that the 
temperature at the bottom of the crust will be approximately 
equal to the liquidus temperature. 

If the heat flux is 150 W/m2, we find that the crust cannot be 
thicker than 40 J.i.m. The maximum heat flux, 0.9 MW/m2, 

gives a maximum crust thickness of 2.6 mm but a surface tem
perature of 830 K that is inconsistent with such a high heat flux. 
The internally consistent solutions to (9) give a crust of negligi
ble thickness. From this exercise we conclude that a dynami
cally maintained crust is not important from the perspective of 
heat transfer when the shallow regions of the magma ocean are 
superheated and thus that the heat flow from the magma ocean 
would have been controlled entirely by the atmosphere. Only in 
later stages of its evolution, when the magma ocean may con
tain crystals at all depths, will the viscosity near the surface 
increase because of crystal content and lower magma tempera
tures. This viscosity enhancement could stabilize a dynamic 
crust, allowing it to become an impediment to heat transfer. 
Even if dynamically stable, however, Tonks and Melosh [1990] 
note that the crust will be subject to disruption by shear stresses 
if the underlying magma is vigorously convecting. 

Crystal-Liquid Fractionation in the Depth Range 
of the Lower Mantle 

If the whole Earth were molten, then the adiabats shown in 
Figure 8a indicate that crystallization would have begun at the 
core-mantle boundary. From Figure 7 we believe that the first 
phase to crystallize would be perovskite. Any crystal-liquid 
segregation that occurred during the crystallization of the lower 
mantle would have perturbed the chemistry of the upper mantle 
if the liquid portion of the magma ocean were well mixed. 
Agee and Walker [l988b, 1989] suggest on the basis of a major 
element mass balance that some perovskite fractionation is 
required to generate the modern peridotitic upper mantle. Ring
wood el al. [1987], Kalo el al. [1988a, b, 1989], and Ringwood 
[1990] argue, however, that perovskite fractionation could not 
have been important because of trace element partitioning con
straints. We showed earlier that perovskite may be less dense 
than a chondritic melt at the conditions of the deepest lower 
mantle (Ml, Figure 9b ); thus perovskite might segregate in a 
quiescent mantle by flotation at P>70 GPa (d>1680 km) and by 
settling at P<70 GPa, possibly generating the chemical fractio
nations inferred by Agee and Walker [1988b, 1989]. In a large 
convecting magma body, however, the flow regime will ulti
mately govern the extent to which segregation is possible. 
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Fig. 9. Cartoon snapshots of the evolution of the mantle from an initial wholly molten state. (a) The first crystals to form will 
be perovskite at the base of the lower mantle. Crystal-liquid fractionation cannot occur although perovskite is likely to be 
buoyant. (b) In this snapshot, a boundary layer exists in the shallower lower mantle, and perovskite crystals may be capable 
of settling downward at this boundary. In this shallow region, perovskite-depleted liquid could percolate through the perovskite 
matrix to be mixed into the convecting liquid above. Below the the level of perovskite neutral buoyancy, percolating iron-rich 
perovskite-depleted liquid could sink. The deep crystalline lower mantle may begin subsolidus convection. (c) When the 
upper mantle begins to crystallize, a mechanically imstable crust may begin to form. Stagnant boundary layers on the unmelted 
foundered crust would allow olivine crystals to segregate from the magma leading to the formation of a dunite septum. 
Gamet-majorite cannot fractionate until the "floor" of the magma ocean reaches the gamet-majorite stability horizon. The cry
stalline deep lower mantle is undergoing subsolidus convection. (d) A schematic representation of the (gravitationally un
stable) stratification of the mantle before subsolidus convection and possible rehomogenization takes place. 
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Perovskite settling/flotation in a convecting system. We 
assume the condition for segregation in a convecting fluid in the 
absence of boundary layers is that the settling velocity of the 
crystals exceeds the convective velocity of the magma. We can 
estimate the convective velocity of the magma ocean with mix
ing length theory [Clayton, 1968, pp. 252-259]: 

Vcoov :: [ ~T ~ r/3 ' (10) 

where F is the surface heat flux, d is the depth of the ocean, 
and Hr is the thermal scale height: 

T 

I 
' 

dT 
pg ()P s 

(11) 

which we calculate to be approximately 2x10" km. Note that 
the convective velocity is weakly dependent on the heat flux. 
Recall that we have assumed the heat flux to be about 0.9 
MW 1m2 during crystallization of the lower mantle. The average 
convective velocity for a 2900 km deep magma ocean is then 
about 3 m/s. 

For crystal segregation to occur, the settling (or rising) velo
city must exceed the vertical component of the convective velo
city. In a low Reynolds number regime (Re=2rv pfTl for Re S 
2, where the Reynolds number, Re, is evaluated for crystals. 
Here r is the crystal radius, v is the relative crystal-liquid velo
city approximated by (10), T) is the fluid viscosity, g is the 
gravitational acceleration, p is the fluid density, and Ap is the 
density contrast. This is not the Reynolds number characteriz
ing the convective flow of the magma ocean) the settling velo
city is well approximated by Stokes' terminal velocity formula. 
In higher Re regimes a variety of empirical relationships can be 
used to determine settling velocities [Bird et al., 1960]: 

ReS2: r-~ [ rn 2gAp 
(12a) 

2SReS500: ,- lllpv2 __!)_ [ r8[ J ~ 
16gAp 2vp 

(12b) 

500 s Res 2x105: r== 33pv 2 

200gAp 
(12c) 

Note that the viscosity dependence of r is different in each flow 
regime, and (12c) is independent of viscosity. The dependence 
of crystal size on the assumed heat flux is also different in each 
regime. Comparing (10) with (12), we see that crystal size is 
proportional to F 116 (equation (12a )), F 1124 (equation (l2b )), or 
F 213 (equation (12c )). We estimate the crystal size by evaluat
ing each of these equations, determining the Reynolds number 
for each case, and selecting the result that is consistent with the 
Re conditions. For perovskite in the lower mantle, the max
imum crystal-liquid density contrast will be ::0.25 g/cm3• If the 
viscosity of molten Cl obeys an Arrhenius relationship, 
independent of pressure, then we would estimate a lower limit 
for the viscosity to be :: 0.01 P [Bottinga and Weill, 1972]. The 
combined pressure and temperature dependence of viscosity is 
unknown for silicate liquids under these conditions so this value 
for viscosity must be suspect. However, we estimate that cry
stals 60 m (!) in diameter would be required if segregation is to 

occur in such a vigorously convecting system, independent of 
viscosity (Re is 8x108 in this case, outside the bounds of the 

constitutive relations). If we considered a heat flux 103 times 
smaller, then the velocity would be 30 cm/s, and the required 
crystal diameter would be 60 em. While EOS constraints alone 
might suggest crystal flotation or settling during lower mantle 
crystallization, consideration of the flow characteristics in a 
magma ocean emphatically precludes this possibility. 

Boundary layer processes. As a magma ocean cools, a 
crystal-rich layer will develop at its base (Figure 9). This cry
stal enrichment is not a consequence of crystal settling but is 
simply a result of the wet adiabat approaching the solidus. This 
crystal enrichment leads to rapidly increasing viscosity, which in 
turn could lead to a change in the flow structure of the ocean. 
According to Roscoe's [1953] criterion, 44% (by volume) of 
crystals would increase the viscosity over the crystal-free viscos
ity by a factor of 10, about the maximum viscosity contrast the 
system can tolerate before forming a boundary layer [Marsh, 
1989]. 

If a boundary layer forms in the lower mantle between 
crystal-poor magma above and crystal-rich magma below, then 
chemical fractionation could occur through two mechanisms. 
First, crystal settling or flotation could occur through this boun
dary layer, regardless of crystal size, since the moving crystals 
would not have to oppose convective flow. Second, iriterstitial 
liquid could be expelled from the compacting crystal-rich zone 
beneath the boundary layer by matrix compaction. If crystals 
are denser than liquid, then interstitial liquid will be expelled 
upward, leading to chemical fractionation effects in the upper 
mantle by upward transport of perovskite-depleted liquid. If 
crystals are less dense than the liquid, then expelled liquid will 
segregate downward and the boundary zone will be enriched in 
crystals. Any melt segregated downward would be hidden from 
the upper mantle, which would thus be unaffected by this frac
tionation. However, if the buoyant crystals in the boundary 
layer become entrained and redissolved in the convecting liquid 
above the boundary layer, then chemical fractionation could also 
occur in the overlying magma. 

In the lower mantle, our results suggest perovskite would be 
buoyant in Cl-like liquid compositions at pressures ~70 GPa 
(1680 km) and more dense than the liquid at lower pressures 
(Ml, Figure 9b ). As the lower mantle crystallizes, the nature of 
possible chemical fractionation at the boundary layer would 
therefore change. When the boundary layer is at greater pres
sure than the perovskite neutral buoyancy horizon (::70 GPa), 
perovskite will tend to float. If boundary layer entrainment can 
occur, dissolution of the entrained crystals would enrich in 
perovskite components the still largely molten and superheated, 
convecting portion of the magma ocean above the boundary 
layer. At later times, when the boundary layer is shallower than 
the perovskite neutral buoyancy horizon, perovskite will tend to 
settle out from the boundary layer, possibly promoting the for
mation of perovskite-enriched cumulates and depletion of the 
overlying magma in perovskite components. The combined 
effect, early enrichment of the ocean iri buoyant, entrained 
perovskite followed by deposition of perovskite from the 
perovskite-enriched magma, would be a net enrichment of the 
<70 GPa region of the crystallizing lower mantle in perovskite 
components relative to the deeper lower mantle. Later, under 
subsolidus conditions, this chemical stratification would be 
unstable because crystalline perovskite is denser than crystalline 
magnesiowiistite. The formation of such a stratified lower man
tle might therefore promote subsequent subsolidus convection. 

Matrix compaction in the zone beneath the boundary layer 
could also result in an overall depletion of the deepest mantle in 
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perovskite components. Iron-rich interstitial liquids in the 
crystal-rich regions below the boundary layer would tend to 
sink, thereby enriching in perovskite components that part of the 
lower mantle from which the interstitial liquid drains. The 
deeper lower mantle in which this interstitial liquid collects 
would become correspondingly depleted in perovskite com
ponents through enrichment in magnesiowiistite components. At 
pressure SJO GPa, differentiated interstitial liquid might rise to 
mix with the overlying magma. The combined effect would be 
to enrich in perovskite components that part of the lower mantle 
near the perovskite neutral buoyancy horizon and perhaps to 
progressively deplete the still liquid parts of the magma ocean 
in perovskite as the ocean continues to crystallize. 

The two fractionation mechanisms discussed above could 
create a perovskite component gradient in the lower mantle, 
especially in the vicinity of the perovskite neutral buoyancy hor
izon. These mechanisms do not, however, necessarily imply 
that the upper mantle would be depleted in perovskite com
ponents relative to the bulk mantle. The magma from which the 
upper mantle would ultimately have crystallized might have 
become initially enriched in perovskite components when the 
boundary layer was deeper than 70 GPa but would later have 
become depleted in these same components as crystallization 
continued in the 25-70 GPa interval. The relative efficiency of 
these fractionation mechanisms, and thus whether the upper 
mantle would become enriched or depleted overall in perovskite 
components, is difficult to assess. The mechanism that depletes 
the magma in perovskite components acts on a larger volume of 
mantle than the mechanism that enriches the magma in 
perovskite components (i.e., the volume of the 25-70 GPa 
region is about 34% greater than that of the 70-136 GPa 
region). Also, convective velocities are expected to slow as 
time progresses, favoring more efficient fractionation at later 
times. These factors might favor the possibility of overall 
depletion of the upper mantle in perovskite components. 

The extent of perovskite fractionation by settling crystals 
through a boundary layer is difficult to quantify since the crystal 
content and velocities of turbulent eddies near the boundary 
layer must be known. Crystal size, which must also be known, 
depends on the mean residence time of eddies in the subliquidus 
region of the magma ocean and the kinetics of crystal growth. 
A simple model for crystal settling in a turbulently convecting 
magma body was developed by Martin and Nokes [1988]. 
Their model is based on experimental measurements in the limit 
of very low crystallinity (:::::0.3 vol %). Since the crystal fraction 
near the boundary layer could be very large, :::::44 vol %, their 
model is not directly applicable in this case. When the crystal 
fraction in the boundary layer is large, the viscosity and hence 
settling rate for individual crystals is strongly dependent on the 
crystal content. In this limit, the problem of crystal settling 
through a boundary layer becomes in essence a problem of 
matrix compaction. Perovskite fractionation by matrix compac
tion is more easily quantified and gives a lower limit to the 
amount of perovskite fractionation that could occur. This 
mechanism is discussed below. 

Perovskite fractionation by matrix compaction. To what 
extent could matrix compaction lead to fractionation in a magma 
ocean? We are interested in the case where liquid is expelled 
from a compacting matrix that is undergoing crystallization and 
that is growing in vertical extent because of the crystallization 
of the overlying liquid. This compacting region may also be 
convecting. To evaluate this mechanism, we will first estimate 
the characteristic velocity of the compacting matrix with the 

method of Richter and McKenzie [1984] and McKemie [1984]; 
then we will compare this velocity to the upward velocity of the 
solidus in the cooling lower mantle. The characteristic velocity 
of the compacting matrix is given by [Richter and McKenzie, 
1984] 

ko 
Vc = -(l-$o)L1pg • 

11 
(13) 

where k 0 is the permeability, L1p is the density contrast, and <llo 
is the initial volume fraction of the fluid phase. Let us consider 
the case <llo = 0.56, obtained above from Roscoe's criterion for a 
lOx viscosity increase. Conservative estimates of the remaining 
terms are 11 = 1 P, k 0 = 1.7x10-4 cm2 (using the constitutive 
relationship given by (5) of Richter and McKenzie [1984], and 

assuming a crystal radius of 1 em), and L1p = 0.2. With these 
assumptions, the characteristic matrix velocity is 0.5 km/yr, pro
portional to the crystal size squared. 

The time scale for the growth of the crystal-rich layer can be 
estimated from the heat flux from the magma body. Given the 
heat flux (0.9 MW/m2), we calculate the growth of the layer 
from the difference in heat and crystal content of the adiabatic 
profiles (Figure 8) to be about 2.6 km/yr. Since the liquidus 
and solidus of the lower mantle are subparallel, the velocity of 
the solidus will also be :::::2.6 krn/yr. Although the velocity of 
the solidus exceeds the velocity of the compacting matrix by a 
factor of 5, we consider them to be roughly comparable (since 
neither the heat flux, viscosity, nor crystal size are well
constrained parameters), and thus that matrix compaction could, 
under some circumstances, lead to significant chemical fractio
nation effects in the lower mantle. In any case, matrix compac
tion or initial inhomogeneities in initial crystal fractions in the 
partially molten zones could generate regions of locally high 
fluid fraction that could ascend rapidly either as diapirs or soli
tary waves [Richter and McKemie, 1984; Scott and Stevenson, 
1984, 1986, 1988]. Some fractionation by auxiliary diapiric 
processes or enchanced porous flow as magmons may be possi
ble even if the compaction rate is much smaller than the cry
stallization rate. We thus conclude that perovskite fractionation 
by matrix compaction could have been a significant fractionation 
process in a global magma ocean, but the extent to which it 
would occur depends strongly on poorly constrained model 
parameters. 

Crystal-Liquid Fractionation in the Depth Range 
of the Upper Mantle and Transition Zone 

Garnet-majorite crystallization. When gamet-majorite begins 
to crystallize, perovskite crystallization is still incomplete in the 
lower mantle (Figure 8), and the floor (>44% crystals) of the. 
magma ocean is deeper (:::::40 GPa; ::::1000 km) than the gamet
majorite~perovskite reaction boundary. Thus, if the initially 
crystallized gamet-majorite were able to sink, it would convert 
to perovskite before reaching the floor of the magma ocean. 
Only when the floor of the magma ocean reaches the gamet
majorite ~ perovskite reaction boundary at 25 GPa would frac
tionation of gamet-majorite components be possible by such a 
mechanism. We note, however, that gamet-majorite is predicted 
to be neutrally buoyant in komatiitic liquid at :::::22 GPa (M1, 
Figure 8). Thus, when gamet-majorite first crystallizes in the 
magma ocean, it may resist fractionation because of its neutral 
buoyancy, although it might even have a tendency to float and 
thus to be digested by and enriched in the overlying superheated 
liquid. We consider this to be unlikely given the difficulty of 
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crystal-liquid segregation in such a system except in the vicinity 
of boundary layers. However, once olivine begins to crystallize 
in the upper mantle, a boundary layer or "septum" could 
develop in the upper parts of the magma ocean that might iso
late the shallow upper mantle from the effects of garnet-majorite 
fractionation [Agee and Walker, 1988b ]. 

Olivine crystallization and the formation of a dunite septum. 
The prediction that olivine would be less dense than ultrabasic 
liquid near 8 GPa led Nisbet and Walker [1982], Ohtani [1985], 
and Agee and Walker [1988b] to suggest that a dunite septum 
would develop at the depth of olivine neutral buoyancy. Such a 
septum would separate the magma ocean into upper and lower 
regions that could evolve separately. The lower magma 
reservoir has been suggested by these authors as a source of 
komatiitic magma. In this subsection we will address the feasi
bility of this proposition. 

The phase diagram (Figure 8b) suggests that olivine will first 
begin to crystallize near its neutral buoyancy horizon (although 
it is not clear how relevant this phase diagram would be if 
perovskite fractionation in the earlier history of the magma 
ocean had been efficient). Olivine fractionation could therefore 
probably not have been efficient initially since at neutral buoy
ancy there is no gravitational driving force for fractionation. 
However, as the mantle continued to cool, olivine would crys
tallize both above and below the neutral buoyancy horizon. 
When olivine first begins to crystallize, the transition zone will 
be nearly 10% crystalline, and the 25-70 GPa interval of the 
lower mantle will be nearly 60% crystalline. As the upper man
tle cools beyond this point, regions both above and below the 
olivine neutral buoyancy point will begin to crystallize olivine. 
If a dunite septum develops and grows, it would do so by both 
olivine settling from above and flotation from below, so the 
magma reservoirs above and below the septum could both be 
depleted in olivine (and possibly perovskite, as discussed 
above). Would such crystals segregate from liquid, for exam
ple, at the surface of the magma ocean, where the density con
trast between crystal and liquid is maximized? The convective 
velocity (from the mixing length formula (equation (10)) with a 
heat flux of 150 W/m2

) of the magma ocean will be approxi
mately 10 cm/s. We estimate that the viscosity of crystal-free 
magma will be =1 P [Bottinga and Weill, 1972]. With these 
assumptions, a crystal radius of 2:3.5 em (equation (12b)) is 
required for crystal flotation/settling to occur in the absence of a 
boundary layer. As discussed previously, this result is weakly 
dependent on the assumed heat flux (r is proportional to F 111A in 
this flow regime). Olivine segregation by settling or flotation 
could occur if =3.5 em crystals could form; this crystal size is 
proportional to the 3/8 power of viscosity, which could readily 
be an order of magnitude higher or lower. Crystals of this size 
do not, a priori, seem unreasonable, but whether they could 
form depends on the kinetics of crystals growth and on the 
mean residence time of turbulent eddies in the shallow mantle 
where olivine is the liquidus phase. 

Agee and Walker [1988b] proposed an alternative mechanism 
for nucleating a septum that circumvents the need for large sin
gle crystals. They proposed that meter-sized foundered blocks 
of crust would sink without dissolving [Walker and Kiefer, 
1985] and come to rest near the level of olivine neutral buoy
ancy. Olivine crystals in the magma could then accumulate 
above and below the foundered crust through stagnant boundary 
layers or compaction processes (Figure 9c ). In this case, the 
formation of a dunite cumulate layer depends critically on the 
details of crust formation and crust stability. That the young 

crust would have been dense and subject to disruption by the 
turbulent motion of the magma ocean [Tonks and Melosh, 
1990], as discussed above, is consistent with Agee and Walker's 
[ 1988b] mechanism. Once nucleated, a septum could grow by 
boundary layer processes such as those discussed above in con
nection with perovskite fractionation in the lower mantle even in 
the presence of vigorous convection. 

If an olivine septum developed, where would it be situated as 
the system evolved? Olivine below the neutral density horizon 
is buoyed up by a force proportional to the density contrast. 
Olivine above the neutral buoyancy horizon will experience a 
similar force, but of opposite sign, that pushes the septum 

downward The septum will situate itself in a position where 
these forces are exactly balanced (Archimedes' principle). If 
crystal accumulation from below were not properly balanced by 
crystal accumulation from above, then the positive and negative 
buoyancy forces would not balance. The septum would have to 
readjust, and this readjustment would necessitate magma tran
sport through the septum. The "septum" would therefore be 
permeable. Transport of magma through the permeable septum 
could transmit chemical fractionations between the upper and 
lower magma reservoirs, in a direction dependent on the relative 
crystallization rates of the two reservoirs. It seems likely that 
the upper, shallow reservoir would crystallize faster. If this 
were so, then downward settling of the dunite septum would 
force magma from the lower reservoir through the permeable 
septum to mix with the upper magma reservoir. When the floor 
of the magma ocean (= 44% crystallinity) reaches the level of 
garnet-majorite stability (relative to perovskite}, the magma 
trapped between this floor and the dunite cumulate layer could 
become depleted in garnet-majorite. To the extent that this 
garnet-majorite-depleted magma could traverse the dunite cumu
late layer (as this layer sagged downward due to addition of 
olivine from above faster than from below) and mix with the 
overlying magma, regions above the dunite septum might 
develop a garnet-majorite-depleted chemical signature. A 
garnet-majorite fractionation signature in the shallow upper 
mantle might thus be subdued by the development of a dunite 
cumulate layer, but cannot be entirely excluded. 

Post-Crystallization Rehomogenization Processes 

The evolution of the Hadean mantle from an initially molten 
state described above would likely lead to some chemical 
heterogeneity in the upper mantle [cf. Melosh and Tonks, 1989; 
Tonks and Melosh, 1990]. For example, perovskite, garnet
majorite, and/or olivine fractionation could have occurred, and, 
indeed, aspects of the chemistry of mantle rocks and seismic 
properties of the mantle have been used to infer that they did. 
However, even if such fractionations occurred, their most 
extreme manifestations may have been obliterated by subsequent 
rehomogenization of the mantle by subsolidus convection after 
most of the mantle crystallized. For example, Ohtani [1985] 
and Agee and Walker [1988b] noted that the shallow upper 
mantle, depleted in olivine components by the formation of the 
dunite cumulate layer, would crystallize to a denser clinopyrox
ene and garnet assemblage. Convective overturn might later 
place the olivine-enriched cumulate at the base of the crust or 
remix these fractionated components. The extent to which such 
overturn and rehomogenization could have occurred would 
depend on the vertical extent of the mantle convection system, 
and whether the mantle convected in one, two, or many layers. 
This in tum depends on the extent to which chemical 
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stratification developed during crystallization. However, that the 
upper and lower mantle and perhaps the transition zone may 
differ in composition today [e.g., Jeanloz and Knittle, 1989; 
Anderson, 1989] may suggest that convective rehomogenization 
was limited to specific regimes within the mantle. 

Tonks and Melosh [1990] recently independently considered 
the possibility of chemical fractionation in a global magma 
ocean. While the details of their model are somewhat different 
than ours, their basic conclusions are compatible with ours. (1) 
They argue, as do we, that turbulent convection in a global 
magma ocean will suspend crystals until the system becomes 
choked by high crystal content. (2) Where the crystal content is 
large, the system will form two separate layers. They do not 
consider the possible impact of the implicit boundary layer on 
fractionation. (3) Percolation of liquid within the zone of high 
crystallinity will not advance as rapidly as the boundary layer. 
These conclusions accord with ours that dynamical processes 
tend to limit the extent of chemical fractionation that would be 
possible in a global magma ocean. However, Tonks and 
Melosh's [1990, p. 151] statement that "a totally molten initial 
Earth may have failed to differentiate by fractional crystalliza
tion" overstates, in our view, the impact of these dynamical 
processes since they diminish in importance in the later stages 
of crystallization (e.g., when a dunite "septum" might form) and 
at all boundary layers. Based on our analysis, these late stage 
differentiation processes and processes occurring at boundary 
layers could lead to significant chemical fractionations. 

4. CONCLUSIONS 

We have applied our komatiite EOS data to the problem of 
adiabatic melting. We constructed a model that allows us to 
compute the melt fraction of adiabatic diapirs in a peridotitic 
mantle. Because the liquidus and solidus are subparallel to the 
adiabats, the melt fraction of diapirs remains essentially constant 
in the 250-450 km range of the upper mantle. Komatiitic 
liquids in equilibrium with olivine ± clinopyroxene ± garnet can 
be formed by 30% partial melting of fertile peridotite at 5.6 
GPa. The model is also compatible with the view that komati
ites represent >30% melting if they are in equilibrium with 
olivine only and if they separate from their residue at lower 
pressures. Both views require that an initially solid mantle 
diapiric source of komatiites begin melting at depths in excess 
of 500 km (i.e., in the transition zone or lower mantle). Our 
model for the petrogenesis of komatiitic liquids by adiabatic 
melting is much like that for the petrogenesis of picrites or 
MORB but requires significantly hotter (> 700°) diapirs that 
begin melting at greater depths within the mantle. 

We have discussed the early stages of the evolution of a 
magma ocean. The formation and evolution of a molten mantle 
are highly dependent on the accretion scenario and cannot be 
modeled on the basis of EOS and phase equilibrium constraints 
alone. Issues that are difficult to address include (1) the time 
scale of Earth accretion, (2) the rheological and physical 
processes that occur in turbulent convection in a deep system 
without walls, (3) rates of heat transfer through different pro
toatmospheres that form in response to different rates of 
planetesimal accretion, (4) the dynamics of crust formation and 
recycling on a magma ocean, and (5) the dynamics of subso
lidus convection to the extent this governs rehomogenization of 
the Earth. Future work should address the specific flow struc
ture of the magma ocean, and the specific nature of the coexist
ing atmosphere. 

Despite the simplicity of our calculations, several conclusions 
can be drawn: (1) If the mantle were adiabatic, the wholly mol
ten mantle would crystallize from the bottom up. When cry
stallization begins in the upper mantle, most of the transition 
zone and lower mantle would still be partially molten. (2) A 
crust at the surface of the magma ocean would not have been 
stable while the crystallization front traversed the lower mantle. 
The surface temperature of the magma ocean would have been 
between 1900° and 3200°C, favoring the existence of a metal
oxide atmosphere. (3) Although perovskite would tend to float 
at depths of ~1680 km and sink at shallower depths, convective 
velocities in a magma ocean this deep would be so high as to 
prevent crystal-liquid segregation. However, as the system 
cools, the degree of crystallinity at depth along an adiabat 
becomes high enough (~44%) that the less crystalline part of the 
system above this level and the more crystalline part below 
begin to convect separately. Crystal settling/flotation could 
occur at the boundary between these layers. Matrix compaction 
in the lower level could lead to expulsion of liquid downward at 
depths >1680 km and upward at depths <1680 km. Diapirism 
could facilitate this fractionation process. This could lead to 
effective fractionation of perovskite components in the liquid of 
the upper mantle. (4) When garnet-majorite first begins to crys
tallize, the floor of the magma ocean would be deeper than the 
maximum depth of garnet-majorite stability. Garnet-majorite 
would therefore be initially inhibited from fractionating because 
it would not be stable in the boundary layers or deeper cumulate 
pile in which crystal-liquid fractionation would be most favored. 
In any case, garnet-majorite is expected to be nearly nel.!trally 
buoyant under these conditions, so fractionation would be 
minimal even if it could be brought into a boundary layer. 
Garnet-majorite fractionation may become possible when the 
floor of the magma ocean rises to sufficiently shallow levels; at 
this stage in the magma ocean evolution, the formation of a 
dunite septum might limit, but would probably not completely 
exclude, garnet-majorite fractionation effects in the upper man
tle. (5) A dunite cumulate layer might form in the upper man
tle, either by the settling and/or rising of individual crystals or 
by the accumulation of crystals around foundered crust. Such a 
septum, although it would probably inhibit communication 
between the regions of magma above and below it and separate 
them into distinct convecting regimes, would necessarily be 
permeable; thus, although it could limit the extent of a signature 
of garnet-majorite fractionation effects in the region above it, it 
would not eliminate it altogether. 
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