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Abstract: The isotopic composition of apatites from sedimentary phosphorite deposits 12 
has been used previously to reconstruct ancient conditions on the surface of the earth. 13 
However, questions remain as to whether these minerals retain their original isotopic 14 
composition or are modified during burial and lithification. To better understand how 15 
apatites in phosphorites form and are diagenetically modified, we present new isotopic 16 
measurements of δ18O values and clumped-isotope-based (Δ47) temperatures of carbonate 17 
groups in apatites from phosphorites from the past 265 million years. We compare these 18 
measurements to previously measured δ18O values of phosphate groups from the same 19 
apatites. These results indicate that the isotopic composition of many of the apatites do 20 
not record environmental conditions during formation but instead diagenetic conditions. 21 
To understand these results, we construct a model that describes the consequences of 22 
diagenetic modification of phosphorites as functions of the environmental conditions 23 
(i.e., temperature and δ18O values of the fluids) during initial precipitation and 24 
subsequent diagenesis. This model captures the basic features of the dataset and indicates 25 
that clumped-isotope-based temperatures provide additional quantitative constraints on 26 
both the formational environment of the apatites and subsequent diagenetic modification. 27 
Importantly, the combination of the model with the data indicates that the δ18O values 28 
and clumped-isotope temperatures recorded by phosphorites do not record either 29 
formation or diagenetic temperatures, but rather represent an integrated history that 30 
includes both the formation and diagenetic modification of the apatites. 31 
 32 
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1. Introduction 33 
 34 
Paleotemperature reconstructions are a key area of research in Earth science. Although 35 
many geochemical tools exist to make these reconstructions, an early and still widely 36 
used technique is based on oxygen-isotope analyses of carbonate-bearing minerals like 37 
calcite and aragonite (McCrea, 1950; Epstein et al., 1953). Oxygen-isotope-based 38 
reconstructions (represented using δ notation 1 ) of mineral formation temperatures 39 
requires independent knowledge of the isotopic composition the formational fluids. 40 
Additionally, samples cannot have been isotopically altered after deposition. 41 
Problematically, constraints on the isotopic composition of the original formational fluids 42 
as well as the isotopic integrity of carbonate-bearing minerals over geological time are 43 
old, persistent, controversial, and unresolved issues (e.g., Degens and Epstein, 1962; 44 
Killingley, 1983; Muehlenbachs, 1986; Veizer et al., 1986; Schrag et al., 1992, 1995; 45 
Land, 1995; Veizer et al., 1997; Lécuyer and Allemand, 1999; Veizer et al., 1999; 46 
Kasting et al., 2006; Jaffrés et al., 2007; Came et al., 2007; Trotter et al., 2008; Finnegan 47 
et al., 2011; Veizer and Prokoph, 2015). 48 
 49 
With foresight on these potential concerns, Urey et al. (1951) suggested that the oxygen-50 
isotope composition of apatite, which is a function temperature (Urey, 1947; Longinelli 51 
and Nuti, 1973; Kolodny et al., 1983), could be used to complement and independently 52 
test calcite- and aragonite-based δ18O temperature reconstructions. Furthermore, PO4

3- 53 
groups in apatite have been suggested to be more resistant to post-depositional isotopic 54 
exchange than CO3

2- groups in calcite and aragonite (Kolodny et al., 1983; Shemesh et 55 
al., 1983; Longinelli et al., 2003). Thus, they are sometimes preferred for isotope-based 56 
temperature reconstructions 57 
 58 
Apatites are also of interest for isotopic studies as they can contain structural PO4

3- and 59 
CO3

2- groups, both of which can be independently analyzed for δ18O (Tudge, 1960; 60 
Longinelli and Nuti, 1968; Kolodny and Kaplan, 1970; Longinelli and Nuti, 1973; 61 
Shemesh et al., 1983; Shemesh et al., 1988). Such measurements are denoted as δ18OPO4 62 
and δ18OCO3 respectively. When combined, these allow for the calculation of formation 63 
temperatures that are independent of the isotopic composition of the water in which the 64 
apatite formed (Shemesh et al., 1983). 65 
 66 
Apatite from phosphatic brachiopod shells (e.g., Lécuyer et al., 1996; Lécuyer et al., 67 
1998; Wenzel et al., 2000), teeth and bones (e.g., Kolodny et al., 1983; Luz et al., 1984a; 68 
Longinelli, 1984; Kolodny and Luz, 1991; Ayliffe et al., 1994; Sharp et al., 2000; Kohn 69 
and Cerling, 2002; Eagle et al., 2011), conodonts (e.g., Luz et al., 1984b; Wenzel et al., 70 
2000; Trotter et al., 2008; Sun et al., 2012), and authigenic phosphorite deposits 71 
(Longinelli and Nuti, 1968; Shemesh et al., 1983; Shemesh et al., 1988; Ayliffe et al., 72 
1992; Hiatt and Budd, 2001; Jaisi and Blake, 2010) have all been used for 73 
paleotemperature reconstructions. Phosphorites, which are the focus of this study, were 74 

                                                
1 δ=(Rsample/Rstandard-1)*1000 where R=[13C]/[12C] for carbon isotopes and [18O]/[16O] for oxygen isotopes. 
For carbon isotopes, samples are referenced to VPDB and for oxygen isotopes, to VSMOW. 
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some of the earliest apatite samples used for δ18OPO4-based reconstructions of ancient 75 
surface conditions (Longinelli and Nuti, 1968; Shemesh et al., 1983). These studies 76 
showed that the δ18OPO4 values of Phanerozoic phosphorite apatites decrease with 77 
increasing depositional age, mirroring a similar decline in δ18O values of carbonates. Due 78 
to the perceived resistance of PO4

3- groups to post-depositional isotopic modification, 79 
Shemesh et al. (1983) argued that the signal of decreasing δ18OPO4 reflected changing 80 
environmental conditions. This requires that either the ocean tens to hundreds of millions 81 
of years ago was significantly (e.g., ~10+ ˚C) warmer than today, or that the δ18O value 82 
of the ocean was lower than today (by multiple per mil), or some combination of the two 83 
effects).  84 
 85 
However, after these initial studies, it was recognized that apatite PO4

3- oxygen is not 86 
impervious to isotope exchange after mineral formation (Shemesh et al., 1988; McArthur 87 
and Herczeg, 1990; Kastner et al., 1990; Ayliffe et al., 1994; Kolodny et al., 1996; Sharp 88 
et al., 2000; Wenzel et al., 2000; Zazzo et al., 2004). For example, microbially mediated 89 
reactions can catalyze the exchange of oxygen isotopes between phosphate and water 90 
(Blake et al., 1997; Zazzo et al., 2004). Thus, a critical question for all paleoclimate-91 
driven studies of apatites that employ oxygen isotopes is do measured δ18O values reflect 92 
original mineral formation temperatures? Or, alternatively, do they reflect some other 93 
aspect of the sample’s diagenetic and subsequent geological history? This is a particularly 94 
troublesome question for studies of phosphorites because there are no agreed upon 95 
geochemical or petrographic criteria that can be used to establish whether or not a given 96 
sample has been diagenetically altered (Shemesh et al., 1983; Shemesh et al., 1988; 97 
Shemesh, 1990).  98 
 99 
In order to contribute to the understanding of how and under what conditions sedimentary 100 
apatites form and are modified during burial and lithification, we made ‘clumped-isotope’ 101 
measurements of carbonate groups in phosphorite apatite with depositional ages from 102 
near modern to 265 million years old and compared them to measured δ18OCO3 and 103 
δ18OPO4 values on the same samples. Carbonate clumped-isotope measurements quantify 104 
the amount of multiply isotopically substituted (clumped) carbonate groups that generate 105 
mass-47 CO2 molecules (13C16O18O, 12C17O18O, 13C17O2) during acid digestion (Ghosh et 106 
al., 2006). At isotopic equilibrium, clumped isotopologues are enriched compared to a 107 
random distribution of isotopes amongst all isotopologues. Importantly, the size of the 108 
enrichment is a unique function of temperature and thus can be used for paleotemperature 109 
reconstructions (e.g., Wang et al., 2004; Schauble et al., 2006; Eiler, 2007; Dennis and 110 
Schrag, 2010; Eiler, 2011; Eiler, 2013; Zaarur et al., 2013; Defliese et al., 2015; Kluge et 111 
al., 2015). Clumped-isotope abundances of carbonates are quantified with the symbol Δ47 112 
(footnote 2), which is a monotonic function of mineral formation temperature (e.g., 113 
Ghosh et al., 2006; Dennis and Schrag, 2010; Zaarur et al., 2013; Defliese et al., 2015; 114 
Kluge et al., 2015).  115 
 116 
Because clumped-isotope temperatures are independent of the isotopic composition of the 117 

                                                
2 Δ47=([47R][47R*]-1) x 1000 where 47R=[13C16O18O+12C17O18O+13C17O2]/[12C16O2] and * denotes the 
random distribution.  
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waters from which minerals form, such measurements can provide new constraints on a 118 
sample’s chemical and physical formational conditions and geological history. This 119 
includes allowing for the calculation of the isotopic composition of the formation waters 120 
(e.g., Came et al., 2007; Finnegan et al., 2011; Ferry et al., 2011; Petersen and Schrag, 121 
2015). Here we explore the additional constraints clumped-isotope temperatures can 122 
provide on the conditions of phosphorite formation and modification when combined 123 
with δ18O measurements of both structural phosphate and carbonate groups. Because both 124 
the temperature based on the δ18OPO4—δ18OCO3 fractionation and that based on the 125 
clumped-isotope technique can be measured within a single phase, one mineral can yield 126 
two independent constraints on a sample’s formation temperature. These temperatures 127 
should reflect either the conditions under which phosphorites formed or were later 128 
modified. For example, if the temperatures disagree, it would likely indicate either non-129 
equilibrium precipitation or diagenesis post formation. Such a strategy was used by Eagle 130 
et al. (2011) to distinguish pristine fossil samples of dinosaur teeth from those 131 
diagenetically altered. Here, we provide a framework for the quantitative interpretation of 132 
the meaning of δ18OPO4 — δ18OCO3 fractionations vs. clumped-isotope measurements, and 133 
a critical examination into the insights such a ‘dual-thermometer’ approach can provide. 134 
 135 
Specifically, we demonstrate that measurements of clumped-isotope temperatures in 136 
combination with δ18OPO4 and δ18OCO3 measurements allow for both the identification of 137 
samples that have been diagenetically modified as well as the ‘style’ of that diagenesis: 138 
e.g., open, water-buffered vs. closed-system diagenesis and the extent of diagenetic 139 
overprinting. We show that many samples yield clumped-isotope temperatures that are 140 
distinct from the temperatures inferred solely using δ18OPO4 and δ18OCO3 values. We 141 
suggest that this disagreement is caused by different oxygen-isotope-exchange rates of 142 
PO4

3- and CO3
2- groups with water during diagenesis. Such differing rates would allow a 143 

mineral, during diagenesis, to yield phosphate and carbonate groups out of equilibrium 144 
with each other.  145 
 146 
To explore this hypothesis quantitatively, we develop a model to describe the water-147 
buffered diagenesis of δ18OPO4, δ18OCO3, and Δ47 values in apatite and fit the model to the 148 
measured data. This model yields the insight that inferred clumped-isotope-based 149 
temperatures of the diagenetically modified apatites do not represent the temperature at 150 
which diagenesis took place, as is sometimes assumed in clumped-isotope studies. 151 
Instead the clumped-isotope temperatures reflect the integrated history of the mineral 152 
from formation through diagenesis. This inference is then placed in the context of a 153 
qualitative model of apatite growth and modification in phosphorites, informed by 154 
commonly observed fabrics of such rocks. We note that the data and models presented 155 
here were originally presented in a graduate Ph.D. thesis (Stolper, 2014). Additionally, a 156 
recent study reported three measurements of clumped-isotope temperatures of apatites 157 
from the Monterey Formation phosphorite (Bradbury et al., 2015), but did not include 158 
δ18OPO4 measurements. We comment on these results in the context of the samples 159 
measured in this study below. 160 
 161 
 162 
 163 
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2. Materials and Methods 164 
 165 
2.1 Materials 166 
 167 
Phosphorite samples measured in this study are listed in Table 1 and are the same as 168 
those used in Shemesh et al. (1983) and Shemesh et al. (1988), except for NBS 120C. All 169 
δ18OPO4 values are from Shemesh et al. (1988) and were measured as BiPO4, except NBS 170 
120C, which was analyzed as Ag3PO4 (Pucéat et al., 2010; Lécuyer et al., 2013). Because 171 
there is an apparent offset between δ18OPO4 values measured using BiPO4 vs. Ag3PO4 172 
(Pucéat et al., 2010; Lécuyer et al., 2013), we converted NBS 120C to the BiPO4-method 173 
‘reference frame’. We did this by assuming a δ18OPO4 value of 20‰ for NBS 120B when 174 
measured using the BiPO4 method (Pucéat et al., 2010; Lécuyer et al., 2013) and an offset 175 
of 0.3‰ between NBS 120B and 120C, which was found using an Ag3PO4 method 176 
(Lécuyer et al., 2013). This results in a δ18O value of 20.3‰ for NBS 120C in the BiPO4 177 
method reference frame. 178 
 179 
2.2 Sample preparation 180 
 181 
All measured phosphorite samples were previously powdered before delivery to the 182 
Caltech laboratories. Grain sizes were not measured. Each sample was first treated with 183 
3% H2O2 at room temperature for 4 hours to remove any organic contaminants and then 184 
washed 3 times in deionized (DI) water. Samples were subsequently treated with buffered 185 
acetic acid (0.1 M, pH = 4.5) for 48 hours to remove exogenous carbonate minerals (i.e., 186 
carbonate not dissolved in the phosphate lattice), washed 3 times in deionized water, then 187 
dried overnight in a 70°C oven. This procedure follows those described in Eagle et al. 188 
(2010). We note that based on experiments with apatites in the lab, heating samples 189 
overnight at 70°C is unlikely to alter measured clumped-isotope temperatures. For 190 
example, holding samples at ~400°C for a week does not, within analytical error, alter 191 
clumped-isotope compositions of igneous apatites (Stolper and Eiler, 2015).  192 
 193 
2.3 Isotopic measurements 194 
 195 
Measurements of δ13CCO3 (the δ13C value of carbonate groups dissolved in apatite) and 196 
δ18OCO3 (Table 1) and Δ47 (Table 2) values of carbonate groups dissolved in apatite were 197 
made on CO2 evolved from the acid digestion of phosphates at Caltech. Samples were 198 
digested for 20 min in a 90°C stirred acid bath with 104% phosphoric acid on two nearly 199 
identical automated extraction lines as described in Passey et al. (2010) and Eagle et al. 200 
(2010). The isotopic composition of CO2 was measured on two separate mass 201 
spectrometers following procedures outlined in Eiler and Schauble (2004) and 202 
Huntington et al. (2009). Note that some samples, but not all, were measured using both 203 
extraction lines and mass spectrometers. δ13C and δ18O values of samples were 204 
determined through comparison to a gas with a known isotopic composition using an ion-205 
correction algorithm in the Isodat software program (Huntington et al., 2009) and 206 
standardized to the VPDB scale for carbon-isotope measurements and VSMOW for 207 
oxygen-isotope measurements. Carbonate δ18O values were calculated from the CO2 208 
values assuming that the isotopic fractionation factor (18RCaCO3/18RCO2) for phosphoric acid 209 
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digestion at 90°C is 1.00821 (Swart et al., 1991). We thus assume that carbonate 210 
dissolved in apatite has the same oxygen-isotope acid-digestion fractionation factor as 211 
calcite. We note that different acid-digestion fractionation factors have been suggested 212 
for hydroxyapatite from fossil material (Passey et al., 2007) as compared to those used 213 
for calcite. Using these apatite-specific fractionation factors would shift our measured 214 
δ18O values of carbonate groups in apatite to values ~0.5 to 1‰ lower than reported here. 215 
However, we do not use these alternative fractionation factors as the differences they 216 
introduce are not significant to the study here nor have they been studied for fluroapatites 217 
(the mineralogical form of apatites in phosphorites). 218 
 219 
Δ47 values are reported in the ‘absolute’ reference frame, or as it is sometimes referred to, 220 
the ‘carbon dioxide equilibrium scale’ of Dennis et al. (2011). This reference frame was 221 
generated by measuring gases isotopically equilibrated with water at 25°C and gases 222 
heated in quartz glass tubes at 1000°C. An acid digestion fractionation factor of 0.092 ‰ 223 
(Henkes et al., 2013) was used to convert measured Δ47 values of CO2 extracted from 224 
carbonate apatite at 90 ˚C to the 25°C acid-digestion reference frame used for 225 
interlaboratory comparisons and clumped-isotope temperature calculations. The choice of 226 
the acid-digestion correction is discussed in section A1. 227 
 228 
All phosphorite samples were run at least four times across at least three different 229 
analytical sessions, except for NBS 120C. NBS 120C samples were run in the same 230 
analytical session before our lab began regularly running 25°C equilibrated gases in order 231 
to report samples in the absolute reference frame. We calculated the absolute reference 232 
frame values for measurements of this sample following the procedures for a ‘secondary’ 233 
absolute reference frame, as described in Dennis et al. (2011).  234 
 235 
Phosphorite samples were screened for possible contamination that might result in 236 
isobaric interferences at mass 47 by measuring Δ48 values, where Δ48 = (48R/48R*-1) x 237 
1000 as defined and described in Huntington et al. (2009). All Δ48 values for data 238 
reported here are less than 0.6‰ (Table 2), which is below the commonly applied 239 
threshold value of ~1‰ for the rejection of analyses (e.g., Henkes et al., 2013). For 240 
comparison, the inorganic carbonate standards measured in this study have Δ48 values 241 
that range from 0.4 to 0.6‰. These values are similar to the theoretical values expected 242 
for internal isotopic equilibrium for temperatures between 25 to 300°C, which are 0.2 to 243 
0.3‰ respectively (Guo et al., 2009).  244 
 245 
Precision and accuracy for analyses of crystalline carbonate standards analyzed 246 
concurrently with phosphates were evaluated by running two standards, a Carrara marble 247 
in-house standard and travertine in-house standard (TV01), in every analytical session. 248 
Average Δ47, δ18O and δ13C values and precisions for these standard are given in Tables 249 
A1 and A2. Isotopic values for standards were found to be accurate: all averages are 250 
within 1 standard deviation of long term in-house values and, for Carrara Marble, values 251 
from other labs (Dennis et al., 2011). Δ47 of standards are all within 1 to 2 standard errors 252 
of their accepted values (Table A1). Δ47 standard deviations of carbonate standards in this 253 
study range from 0.013 to 0.017‰. These values are similar to, though slightly elevated 254 
over that expected from counting statistics (~0.01‰). Additionally, these standard 255 
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deviations are similar to those published previously for carbonate standards measured at 256 
Caltech (0.013 to 0.03‰; Dennis et al., 2011) and elsewhere (0.01 to 0.038‰; Dennis et 257 
al., 2011). Standard deviations for δ18O were 0.07 to 0.10‰ and for δ13C were 0.02 to 258 
0.05‰. These values are typical for measurements made at Caltech.  259 
 260 
Phosphorite samples have similar, but slightly elevated (i.e., worse) experimental 261 
reproducibility as compared to the carbonate standards — apatites have δ18O external 262 
precisions that are 0.14 to 0.17‰ higher than our carbonate standards and 0.004 to 263 
0.008‰ higher for Δ47 measurements (Tables A1 and A2). This decrease in external 264 
precision could be due to, for example, heterogeneities in the samples or a result of a 265 
poorer performance of the acid digestion reaction for large phosphate samples. 266 
Regardless, the additional imprecision does not impact any of our interpretations.  267 
 268 
Two samples (ASP 6 and ASP 12) investigated gave high CO2 yields compared to other 269 
samples despite acid washing. Although there is nothing obviously exceptional with the 270 
isotopic data generated for these samples (they follow the same trends as other samples) 271 
they are not included in our discussion because it seems possible to us that they were 272 
contaminated by a carbonate-bearing phase other than apatite that was not removed with 273 
the acetic acid (e.g., dolomite). 274 
 275 
All measured (including replicate) δ13C, δ18O, and Δ47 values for phosphorite samples 276 
and carbonate standards are given in Supplementary Tables 1 and 2.  277 
 278 
2.4 Sample cleaning experiments 279 
 280 
Cleaning experiments were performed to ensure calcite could be quantitatively removed 281 
without modifying a sample’s δ18OCO3, δ13CCO3, and Δ47 values. A phosphorite sample 282 
from Florida, obtained from the Caltech mineralogical collection, was used for these 283 
experiments. This sample was reacted with either deionized water, buffered acetic acid 284 
(0.1 M, pH = 4.5), or triammonium citrate (0.5 M, pH = 0.5). Additionally, for some 285 
experiments, a spike of Carrara marble was added such that the spike was 5% by weight 286 
of the sample. These spiked samples were additionally reacted in either acetic acid or 287 
TAC for 4 hours, 24 hours, or 48 hours respectively. In no experiments were samples first 288 
pretreated with H2O2. 289 
 290 
2.5 Conversion of Δ47 values to temperature 291 
 292 
All Δ47 values (in the absolute reference frame) were converted into ‘apparent 293 
equilibrium' temperatures or ‘fictive’ temperatures (Zhang, 1994), which we term here 294 
Δ47-based temperatures or TΔ47, using Δ47 values. There currently exist multiple 295 
calibrations for conversion of Δ47 values in the absolute reference frame into apparent 296 
equilibrium temperatures (Dennis et al., 2011; Henkes et al., 2013; Zaarur et al., 2013; 297 
Eagle et al., 2013; Wacker et al., 2014; Defliese et al., 2015; Kluge et al., 2015). 298 
Problematically, these calibrations differ in temperature sensitivity for Δ47 measurements 299 
(‰/°C) by factors of up to 2. The cause of these differences is not known. It is not 300 
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obviously related to sample preparation differences (Wacker et al., 2014; Defliese et al., 301 
2015). Furthermore, in the few cases where the same samples were measured in different 302 
labs, the Δ47 values obtained were statistically indistinguishable (Dennis et al., 2011). 303 
Thus, the choice of which calibration to use is not straightforward.  304 
 305 
We have chosen to use a slightly modified version (see section A1 and equation A1) of 306 
the original temperature vs. Δ47 calibration of Ghosh et al. (2006) translated into the 307 
absolute reference by Dennis et al. (2011) for the following two reasons: (i) this 308 
calibration was generated in the Caltech laboratory where all measurements reported here 309 
were made, though at 25°C for acid digestions as opposed to 90°C as they are currently 310 
done. And (ii) apatite samples from bioapatite fossil material ranging in known formation 311 
temperatures from 24°C to 37°C yield Δ47-based temperatures using a 90°C acid 312 
digestion and the Ghosh et al. (2006) calibration that are within 1 standard error (s.e.) of 313 
the known formation temperatures in all cases (Eagle et al., 2010). We note that the use 314 
of the other calibrations does not change any first-order conclusions made here. 315 
Additionally all reported clumped-isotope-based temperatures are within the range of 316 
temperatures used in the calibration of Ghosh et al. (2006), 1 to 50°C, except for one 317 
sample which is within 1 s.e. of 50°C (51 ± 3, 1 s.e.). Thus, the possible inaccuracies 318 
associated with extrapolating the Ghosh et al., calibration to temperatures outside its 319 
range of calibration are not factors here. 320 
 321 
Finally, implicit in using any of the clumped-isotope calibrations discussed above, which 322 
are all based on carbonate minerals (e.g., calcite, aragonite, or dolomite), is that carbonate 323 
groups dissolved in apatites share an identical Δ47 vs. temperature relationship with the 324 
carbonate minerals used in the calibration. As discussed and demonstrated in Eagle et al. 325 
(2010) and Stolper and Eiler (2015), this appears, empirically, to be a robust assumption 326 
for samples with formation temperatures from ~25 to ~700°C. This assumption is further 327 
supported by theoretical calculations that indicate carbonate groups in apatite vs. in other 328 
carbonate groups share an indistinguishable Δ47 vs. temperature relationship (Eagle et al., 329 
2010). 330 
 331 
3. Results of acid washing experiments 332 
 333 
A challenge with making clumped-isotope measurements on carbonate groups dissolved 334 
in apatite is that a large amount of sample is needed for each analysis: ~100 mg of apatite 335 
compared to 8 mg of calcite. Thus, a critical concern for our analyses is the 336 
contamination of samples by small amounts (e.g., weight percent) of exogenous 337 
carbonate minerals. To deal with this, previous studies have used weak acids like acetic 338 
acid and triammonium citrate (TAC) to dissolve calcite and aragonite, but leave apatite 339 
isotopically undisturbed (Silverman et al., 1952; Kolodny and Kaplan, 1970; Shemesh et 340 
al., 1988; Koch et al., 1997; Eagle et al., 2010; Stolper and Eiler, 2015). Although these 341 
acids have been used to clean apatites for δ18O and δ13C measurements, their effects on 342 
Δ47 values are not fully constrained — Eagle et al. (2010) and Stolper and Eiler (2015) 343 
showed that acetic acid does not appear to change Δ47 values of carbonate groups in fossil 344 
material or igneous apatites. However, the samples used in the experiments of Eagle et al. 345 
(2010) and Stolper and Eiler (2015) were not known to contain contaminants. 346 
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Consequently, how acid washes affect Δ47 values when contaminants are present is not 347 
known. To address this, we measured the effects of acid washing on Δ47 values using 348 
TAC, acetic acid, or deionized water on a phosphorite sample from the Caltech 349 
mineralogical collection with and without additions (i.e., spikes) of calcite (see section 350 
2.4 above). 351 
 352 
3.1 Washing without calcite spikes 353 
 354 
We present the results of these acid-washing experiments in Figure 1 and Table 3. First, 355 
we discuss the results in samples that were not spiked with calcite. Interestingly and 356 
unexpectedly, washing samples in deionized water has an effect on both the measured 357 
δ18O and Δ47 values. Specifically, within the first 4 hours of washing in deionized water, 358 
samples plateau to constant (within error) δ18OCO3, δ13CCO3, and Δ47 values (Figure 1). 359 
We interpret this change then stabilization to indicate the dissolution and thus removal of 360 
a contaminant. We do not know what contaminant is being removed in the water, but we 361 
hypothesize it causes a mass-spectrometric interference at mass 46, raising the sample’s 362 
δ18OCO3 value and thus lowering the Δ47 value (Figure 1). Water washing vs. acid 363 
washing in TAC or acetic acid appears to yield indistinguishable isotopic values (within 364 
analytical error) after 4 hours of treatment. This suggests that once this contaminant is 365 
dissolved, acid washing is no different from soaking samples in water. Additionally, this 366 
experiment shows the importance of rinsing all phosphorite (and perhaps other) samples 367 
before making isotopic measurements. 368 
 369 
 370 
3.2 Washing with calcite spikes 371 
 372 
The addition of aliquots of Carrara marble to the samples without subsequent acid 373 
washing causes a change in δ13C and Δ47 values as would be expected. The δ18O value of 374 
the marble-spiked samples is the same as the unwashed, unspiked samples and thus is not 375 
useful for monitoring the removal of the carbonate spike. Regardless, the measurements 376 
of δ13C and ∆ 47 demonstrate that acetic acid removes the calcite spike within 4 hours, 377 
while TAC removes it within 48 hours (Figure 1). Based on these experiments, we chose 378 
to use a 48-hour acetic-acid wash for all samples.  379 
 380 
4. Phosphorite Data 381 
 382 
4.1 Comparison of measurements to those in Shemesh et al. (1988) and first-order 383 
observations based on the isotopic compositions 384 
 385 
Data for all phosphorite samples are given in Tables 1 and 2, including Δ47, δ13CCO3, and 386 
δ18OCO3 values measured in this study and δ18OPO4, δ13CCO3 and δ18OCO3 values 387 
previously measured in Shemesh et al. (1988). We first compare our measurements of 388 
δ13CCO3 and δ18OCO3 values to those given in Shemesh et al. (1988) in Figure 2. The 389 
comparison of measurements of both δ13CCO3 and δ18OCO3 from the two studies defines 390 
trends that are statistically indistinguishable from 1:1 lines passing through the origin of 391 
the respective plots: The best-fit linear regression slope and intercept for the δ13CCO3 392 
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comparison are 1.05 ± 0.06 (1 standard deviation, σ) and 0.0 ± 0.4 (1σ) respectively. For 393 
the δ18OCO3 comparison, the best-fit linear regression slope and intercept are 0.94 ± 0.08 394 
(1σ) and 0.8 ± 2.0 (1σ). Consequently, we conclude that there are no systematic offsets 395 
between the measurements from the two labs. We note, though, that there is scatter 396 
beyond the stated error for each point around the 1:1 line for both measurements (Figure 397 
1). This scatter may be due to heterogeneities in the samples or perhaps due to different 398 
methodologies used — Shemesh et al. (1988) released CO2 from apatites using an acid 399 
digestion at 25°C in McCrea-style reactors (McCrea, 1950) while we used a common 400 
acid bath held at 90°C with continuous trapping of evolved CO2 at liquid nitrogen 401 
temperatures.  402 
 403 
δ13C values of carbonate groups in the measured apatites tend to be lower as compared to 404 
typical values for Phanerozoic marine carbonates (δ13C ≈ 2 ± 4‰; Lasaga, 1989), ranging 405 
in value from -0.5 to -9.5‰. These ranges are similar to those observed in apatite-bound 406 
carbonate groups in other phosphorites (McArthur et al., 1980; Birch et al., 1983; 407 
Shemesh et al., 1983; McArthur et al., 1986; Shemesh et al., 1988; Kastner et al., 1990; 408 
Jarvis, 1992; Sadaqah et al., 2007; Baioumy et al., 2007). Low δ13C values in 409 
phosphorites are often attributed to incorporation carbonate groups generated in 410 
sedimentary pore waters by the respiration of organic matter that is typically lower in 411 
δ13C (δ13C ≈ -25‰) than marine carbonates (e.g., McArthur et al., 1986). 412 
 413 
δ18OPO4 values of the sample suite (taken from Shemesh et al., 1988) range from 15.8 to 414 
23.4‰. For comparison, in modern (i.e., ~<100,000 year old) phosphorites, δ18OPO4 415 
values range from 21.7 to 24.8‰ (Shemesh et al., 1983; Shemesh et al., 1988). The 416 
δ18OCO3 values we measured for these samples range from 17.6 to 35‰ while modern 417 
phosphorites tend to range from 30.5 to 33.6 ‰ (Kolodny and Kaplan, 1970; Shemesh et 418 
al., 1983; Shemesh et al., 1988). Thus, many of the samples exhibit oxygen isotope 419 
values outside of the range observed in recent phosphorites, with most samples lower in 420 
both δ18OPO4 and δ18OCO3 than generally encountered today or the recent past. 421 
 422 
Δ47 values in the absolute reference frame range from 0.613 to 0.724‰. These correspond 423 
to Δ47-based temperatures of 22 to 51°C — i.e., from plausible earth-surface temperatures 424 
to temperatures that presumably reflect either: (i) kinetic isotope effects during 425 
precipitation (e.g., Ghosh et al., 2006; Affek et al., 2008; Daëron et al., 2011; Saenger et 426 
al., 2012) (ii) mixing between carbonate groups formed in or brought to isotopic 427 
equilibrium (and thus at homogenous phase equilibrium) but incorporated into the apatite 428 
over a range of temperatures during different diagenetic events; or (iii) intra-mineral, 429 
closed-system isotope-exchange reactions (Ghosh et al., 2006; Dennis and Schrag, 2010; 430 
Passey and Henkes, 2012; Henkes et al., 2014; Stolper and Eiler, 2015). We evaluate 431 
these possibilities in the next section (section 4.2). 432 
 433 
Two correlations are present in the data: First, δ18OCO3 and δ18OPO4 values are linearly 434 
correlated with each other, with the best-fit line having a slope of 0.46 ± 0.05 (1σ) 435 
(Figure 3a). This is similar to, but just statistically distinct at the 2σ level, from the 436 
previously observed slope of 0.57 (Shemesh et al., 1988). This difference is possibly 437 
related to the additional samples examined by Shemesh et al. (1988) that were not 438 
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measured here, including various Cenozoic samples with elevated (>23‰) δ18OPO4 439 
values. Second, 1000 x ln(αCO3-PO4) values are linearly correlated with the measured 440 
clumped-isotope temperatures, expressed as 1000/T, where T is temperature in Kelvin 441 
(Figure 3b; αa-b = [1000 + δA]/[1000 + δB]), with a slope of 25.0 ± 6.1 (1σ) and intercept 442 
of -74.2 ± 25.1 (1σ). These correlations can be seen alternatively by plotting Δ47 vs. 443 
δ18OCO3 and δ18OPO4 (Figure 4). As expected, linear correlations exist in these 444 
composition spaces as well. 445 
 446 
4.2 Evaluation of intramineralic thermodynamic equilibrium 447 
 448 
4.2.1 Can Δ47-based temperatures record mineral formation temperatures? 449 
 450 
A key question is how to interpret the Δ47-based temperatures of the samples. For 451 
example, are the measured temperatures mineral formation/recrystallization 452 
temperatures? This would require the carbonate groups to have been in homogenous 453 
phase equilibrium during mineral formation/recrystallization. This assumption was taken 454 
by Bradbury et al. (2015): They observed Δ47-based temperatures of 61°C in two samples 455 
and 66°C in another sample (±5°C 1 s.e. for all three) in apatites from phosphorites in the 456 
Monterey Formation. These temperatures are clearly too high to be the actual phosphorite 457 
formation temperatures. Consequently, Bradbury et al. (2015) interpreted the clumped-458 
isotope temperatures as the temperatures at which the apatites recrystallized (or were 459 
otherwise diagenetically modified). This interpretation requires that any resetting of 460 
clumped-isotope temperatures via diagenesis occurred at a single temperature in a 461 
process that allowed all carbonate groups in the phosphorite to obtain a new internal 462 
isotopic equilibrium.  463 
 464 
Thus, a critical question is whether phosphorite Δ47-based temperatures, before potential 465 
post-depositional modification, record mineral formation temperatures. Or, alternatively, 466 
are the Δ47 values controlled by kinetic isotope effects? If so, the measured temperatures 467 
would be unrelated (or related through processes other than the equilibrium relationship) 468 
to environmental formation temperatures. This is important to evaluate because formation 469 
in isotopic equilibrium would allow phosphorites to be used for paleotemperature 470 
reconstructions of formational and perhaps diagenetic environments. Evaluation of this 471 
requires samples with independently constrained formation temperatures. 472 
Problematically, independent constraints on mineral formation temperatures do not exist 473 
for the majority of samples given their geologically ancient age (multiple millions of 474 
years).  475 
 476 
ASP 22, the likely youngest sample examined (1-5 million years old; Table 1), may 477 
provide some useful constraints. This sample, from off the coast of Namibia, is identified 478 
in Shemesh (1990) as a glauconized pelletal phosphorite. These glauconized pelletal 479 
phosphorites are hypothesized to have formed in evaporitic onshore estuary environments 480 
(Bremner and Rogers, 1990). Although the temperatures in these ancient estuaries are not 481 
known, modern sea-surface temperatures in the area are ~18°C (Gammelsrød et al., 482 
1998). This temperature is within 2σ of the measured Δ47-based temperature of ASP-22, 483 
22°C (±2, 1 s.e.) and thus could represent plausible mineral formation temperatures. 484 



 

 

 

ACCEPTED MANUSCRIPT 

 

 12 

Based on this result we suggest and proceed with the assumption that Δ47-based 485 
temperatures of unmodified phosphorites can reflect mineral formation temperatures and 486 
thus that there is no obvious presence of kinetic isotope effects affecting clumped-isotope 487 
compositions during mineral formation. However, this remains a hypothesis and future 488 
work should test this interpretation by examining modern phosphorite deposits with well-489 
constrained formation temperatures. 490 
 491 
4.2.2 Do the δ18OPO4 and δ18OCO3 values and clumped isotope temperatures reflect the 492 
formation/recrystallization temperatures of the phosphorites? 493 
 494 
Next, we examined whether the trends in Figure 3 are consistent with formation of 495 
apatites in oxygen-isotope equilibrium between PO4

3- and CO3
2- groups and internal 496 

isotopic equilibrium between carbonate groups for clumped isotopologues. This was done 497 
using experimentally derived oxygen-isotope fractionation factors (the α above) between 498 
carbonate and water and between phosphate and water. Multiple phosphate-water 499 
fractionation factors exist and need to be considered (Kolodny et al., 1983; Karhu and 500 
Epstein, 1986; Shemesh et al., 1988; Lécuyer et al., 1996; Pucéat et al., 2010; Lécuyer et 501 
al., 2013). As all but one of the samples measured here was made on BiPO4 (Kolodny et 502 
al., 1983), we only considered calibrations generated using the BiPO4 method. 503 
 504 
After examining the relevant calibrations, we chose two equilibrium phosphate-water 505 
oxygen-isotope fractionation calibrations for this test: the low temperature calibration 506 
(<25°C) of Kolodny et al. (1983) and the high temperature (<510°C) calibration of 507 
Shemesh et al. (1988). We did not include the calibration of Longinelli and Nuti (1973) 508 
as it is identical within error to that of Kolodny et al. (1983). Additionally, we did not 509 
include the calibration of Karhu and Epstein (1986) because the high-temperature datum 510 
from this study is included in the Shemesh et al. (1988) calibration. We note that some 511 
caution should be taken when using the Shemesh et al. (1988) calibration for two reasons: 512 
First, one of the high-temperature (>350°C) data points was taken from Karhu and 513 
Epstein (1986) and this sample has an estimated (350°C) as opposed to known formation 514 
temperature. Second, the other high-temperature (510°C) data point used to calibrate the 515 
phosphate-water oxygen-isotope fractionation factor vs. temperature from the Shemesh et 516 
al. (1988) study implies the presence of a so-called ‘crossover’ in the calibration (Stern et 517 
al., 1968). Specifically, all low-temperature (e.g., from the surface of the earth) 518 
phosphates formed in isotopic equilibrium have δ18O values that are greater than the δ18O 519 
values of the fluid from which they precipitated. However, the highest temperature 520 
(510°C), experimentally derived apatite has a δ18O value that is lower than a fluid would 521 
have if it were isotopically equilibrated with the mineral. The presence of this crossover 522 
makes use of a linear 1/T2 form for the temperature dependence of the fractionation 523 
factor, which is the form used in the Shemesh et al. (1988) calibration, potentially 524 
incorrect. This is because the trend may not be linear between the high temperature and 525 
low temperature points used for the calibration (Stern et al., 1968). Regardless, we 526 
consider this calibration as it is found in the literature and includes calibration points at 527 
elevated (>25°C) temperatures. 528 
 529 
We compared these phosphate-water calibrations to two separate carbonate-water 530 
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fractionation factors for four total comparisons. The first carbonate-water calibration used 531 
is the Kim and O'Neil (1997) calibration for calcite. Although carbonate groups in apatite 532 
are distinct from those in calcite, calcite-based fractionation factors have been used in the 533 
past to interpret the meaning of carbonate oxygen isotopes in phosphates (e.g., Shemesh 534 
et al., 1983; Shemesh et al., 1988; McArthur and Herczeg, 1990). The second calibration 535 
is from Lécuyer et al. (2010) and is for carbonate groups substituted into hydroxyapatite 536 
in equilibrium with water. 537 
 538 
We compared our results to the four different lines that can be produced from the 539 
calibrations described above in Figure 5. In Figure 5a, for the calculated relationships 540 
between δ18OPO4 and δ18OCO3 in apatite, we assumed mineral formation in waters with a 541 
δ18O = 0‰, which is the approximate average value of modern seawater. Using the 542 
estimated average isotopic composition of the ocean without continental ice sheets (-543 
1.2‰; Miller et al., 1987) does not change any conclusions. The isotopic composition of 544 
the water controls the vertical position of the lines in figure 5a. For example, changing 545 
the δ18O of the water in equilibrium with the minerals moves the position of the lines 546 
along a 1:1 line. Importantly, the δ18O of water has no effect on the slopes of the lines. In 547 
Figure 5b, 1000 x ln(αCO3-PO4) vs. 1000/T for the models is compared to the measured 548 
Δ47-based temperatures. Unlike in Figure 5a, this space (Figure 5b) is independent of the 549 
chosen isotopic composition of the water. 550 
 551 
In figure 5a, the two lines defined by the combination of the Kim and O'Neil (1997) 552 
carbonate calibration with the phosphate calibrations of Kolodny et al. (1983) and the line 553 
defined by the combination of Lécuyer et al. (2010) with Shemesh et al. (1988) produce 554 
slopes that are steeper than the slope defined by the data trend. This was also observed by 555 
Shemesh et al. (1988) when attempting a similar exercise. If any of these lines are the 556 
correct combination of fractionation factors, it would suggest that, although some of the 557 
points may lie on or near lines that define isotopic equilibrium, many are significantly 558 
offset. Such offsets would indicate the presence of disequilibrium processes that have 559 
disturbed some samples away from oxygen-isotope equilibrium between the phosphate 560 
and carbonate groups. This was the conclusion of Shemesh et al. (1988).  561 
 562 
Interestingly, the line in Figure 5a, which is based on combination of the Lécuyer et al. 563 
(2010) and Shemesh et al. (1988) calibrations, has a slope that is generally consistent 564 
with the trend of the data. Closer inspection, however, demonstrates that this line’s 565 
goodness of fit is fortuitous. Specifically, as discussed above, one sample examined here, 566 
ASP 22, has a well-constrained formational and burial history. This sample was dredged 567 
from the sea-floor (and thus experienced limited burial diagenesis) in waters with a 568 
temperature of ~12°C (Shemesh et al., 1983) and likely formed at higher temperatures 569 
(see discussion in section 4.2.1). However, the calculated temperature based on the 570 
δ18OPO4 and δ18OCO3 values and the Lécuyer et al. (2010) vs. Shemesh et al. (1988) 571 
fractionation factors is -8°C ± 3 (1σ). This temperature is 2σ below the modern freezing 572 
point of seawater, -2°C, and significantly below the current environmental temperatures. 573 
This demonstrates that despite the visual goodness of fit of the Lécuyer et al. (2010) vs. 574 
Shemesh et al. (1988) line in Figure 5a, the temperatures derived using this line do not 575 
yield reasonable mineral formation temperatures for the sample with the best constrained 576 
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formation and diagenetic history.  577 
 578 
Based on this, we suggest, as concluded previously by Shemesh et al. (1988), that the 579 
δ18O values from the full suite of data examined are not consistent with the carbonate and 580 
phosphate groups preserving mutual oxygen-isotope equilibrium at formation in the 581 
whole sample set for any of the examined δ18O vs. temperature calibrations for carbonate 582 
and phosphate groups. This does not indicate that all samples are isotopically modified, 583 
just that there are many samples that are isotopically disturbed away from δ18O 584 
equilibrium. This inference is further supported by comparison of the measured Δ47-based 585 
temperatures vs. 1000 x ln(αCO3-PO4) trend observed in figure 3b to the trends predicted 586 
by these calibrations (Figure 5b). This comparison demonstrates that the measured Δ47-587 
based temperatures are, in many cases, not the temperatures that would have been 588 
predicted based on the bulk oxygen isotopic compositions (δ18OCO3 and δ18OPO4) of the 589 
apatites and the various published calibrations. This is a particularly informative 590 
comparison because the positions of the lines in figure 5b, unlike in 5a, are independent 591 
of the composition of the water in which the apatite formed. Thus the lack of agreement 592 
between the Δ47-based temperatures and the predicted temperatures from the difference in 593 
δ18O between the carbonate and phosphate groups provides supporting and independent 594 
evidence that many apatites contain phosphate and carbonate groups that are out of 595 
mutual isotopic equilibrium. 596 
 597 
As discussed above, the apparent mismatch between the observed δ18OCO3 and δ18OPO4 598 
values vs. those expected for isotopic equilibrium was suggested by Shemesh et al. 599 
(1988) to be the result of diagenesis. Specifically, Shemesh et al. (1988) hypothesized 600 
that during burial, both the carbonate groups and phosphate groups partially exchanged 601 
oxygen with sedimentary fluids at either elevated temperatures or in waters with lower 602 
δ18O values. Additionally, they attributed the general shallowness of the slope for the 603 
data trend observed in figures 3a and 5a compared to that expected for mutual isotopic 604 
equilibrium between phosphate and carbonate groups to be the result of different rates of 605 
oxygen-isotope exchange between water and phosphate groups vs. water and carbonate 606 
groups. Specifically, they suggested that the carbonate groups exchanged oxygen atoms 607 
more quickly with water than the phosphate groups did.  608 
 609 
The clumped-isotope data support this diagenetic model because the temperatures 610 
measured correlate with the δ18O values of both the CO3 and PO4 groups (Figure 4) 611 
Specifically, the higher clumped-isotope temperatures correspond to lower the δ18O 612 
values for both the phosphate and carbonate groups. This correlation, as well as that 613 
between δ18OPO4 and δ18OCO3 (Figures 3a and 5a) suggests the presence of a process 614 
capable of lowering the δ18O values of both the carbonate and phosphate groups in 615 
concert while at the same time raising the measured Δ47-based temperatures. Such 616 
correlations can be explained through increasing degrees of diagenesis in a water-617 
buffered system at elevated temperatures. This would cause the measured clumped 618 
isotope temperatures to increase while, at the same time, the δ18O values to decrease 619 
either due to the smaller difference in δ18O at isotopic equilibrium between water and 620 
carbonate and phosphate minerals at elevated temperatures (Urey, 1947; McCrea, 1950; 621 
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Epstein et al., 1953; O'Neil et al., 1969; Longinelli and Nuti, 1973; Kolodny et al., 1983; 622 
Kim and O'Neil, 1997; Lécuyer et al., 2010) or due to lower δ18O values of diagenetic 623 
fluids compared to the fluids present during mineral precipitation. In the next section, we 624 
take this hypothesis and develop a quantitative model to explicitly test its plausibility. 625 
 626 
Before exploring this model, we note that there is an alternative explanation for the 627 
presence of elevated Δ47-based temperatures (>≈ 30°C) relative to what would be 628 
expected for earth-surface conditions in many of the samples: the Δ47-based temperatures 629 
could have been partially reset through closed-system isotope-exchange reactions 630 
mediated by solid-state short-range diffusion within the mineral lattice (Ghosh et al., 631 
2006; Dennis and Schrag, 2010; Passey and Henkes, 2012; Henkes et al., 2014; Stolper 632 
and Eiler, 2015). This is plausible as, at least in the few high-temperature apatites 633 
measured from (igneous) carbonatites, the blocking temperature for the Δ47-based 634 
thermometer (i.e., the approximate temperature above which solid-state atomic mobility 635 
can reset the apparent temperature) may be as low as ~70 to 80°C in carbonate groups in 636 
apatite (Stolper and Eiler, 2015). However, this explanation does not provide an obvious 637 
mechanism for the co-variation between the measured clumped-isotope temperatures and 638 
the δ18OCO3 and δ18OPO4 values (Figures 3, 4 and 5) — closed-system isotope exchange 639 
will not cause the δ18O values of the phosphate groups (which buffer the isotopic 640 
composition of the apatite) to change. Consequently, as diagenesis can explain the co-641 
variation between δ18O values of phosphate and the Δ47-based temperatures while closed-642 
system isotope-exchange reactions cannot, we do not consider closed-system isotope-643 
exchange processes further. 644 
  645 
5. A diagenetic model for the isotopic composition of phosphorite apatite 646 
 647 
5.1 The model 648 
 649 
The divergence between the observed δ18OCO3 and δ18OPO4 values and Δ47-based 650 
temperatures from the relationships expected for mineral formation in isotopic 651 
equilibrium with water (Figure 5) as well as their correlations with each other (Figures 3 652 
and 4) suggests that a non-equilibrium process is modifying both the bulk and clumped-653 
isotopic compositions for some samples away from isotopic equilibrium. Furthermore, 654 
the correlations between δ18OCO3 and δ18OPO4 values (Figure 3a) and the Δ47-based 655 
temperatures with both δ18OCO3 and δ18OPO4 (Figure 5) requires that whatever non-656 
equilibrium processes is at work, it acts on both the carbonate and phosphate groups (and 657 
is generally regular in its behavior, despite our having examined samples from many 658 
different geological times and locations). A process that can accomplish this is the partial 659 
dissolution and reprecipitation of a sample over a range of temperatures and/or fluid 660 
isotopic compositions during burial in sediments. In such a case, a sample would consist 661 
of a mixture of diagenetic and original components. Although all mineral components, 662 
both diagenetic and original, may have formed in isotopic equilibrium with sedimentary 663 
pore waters, the calculated temperature based on difference in δ18OPO4 and δ18OCO3 as 664 
well as the Δ47-based temperature as measured on that mixture would not be interpretable 665 
as physically meaningful formation/re-equilibration temperatures. Instead this 666 
temperature would represent a mixture of signals originating from the original 667 



 

 

 

ACCEPTED MANUSCRIPT 

 

 16 

precipitation event and later diagenesis. Although such measurements could lead to an 668 
interpretable signal, the process altering the original isotopic composition must be 669 
recognized and understood first. In this section we examine the consequences of such 670 
diagenetic reactions on the measured isotopic parameters. 671 
 672 
A key aspect of the diagenesis of apatites to consider is that during dissolution and 673 
reprecipitation reactions, CO3

2- and PO4
3- groups may exchange oxygen with waters at 674 

different rates. As discussed above, such a difference was originally suggested by 675 
Shemesh et al. (1988) as a key control on the correlation between δ18OCO3 and δ18OPO4 676 
seen in Figure 3a. Furthermore, such differential reaction rates have been shown 677 
experimentally: In the absence of organisms, phosphate groups exchange oxygen isotopes 678 
with water more slowly than carbonate groups do. In contrast, in experiments that include 679 
organisms, phosphate groups in apatite exchange oxygen isotopes more rapidly with 680 
water than carbonate groups do (Zazzo et al., 2004; see below). 681 
 682 
We explore the consequences of diagenetic reactions that promote exchange of oxygen-683 
isotopes between phosphate and carbonate groups with water quantitatively using a 684 
model based on the kinetic framework described in Criss et al. (1987) and Gregory et al. 685 
(1989). This framework is designed to describe the kinetics of isotope-exchange reactions 686 
between multiple phases/species with water (or any other phase) and allows different 687 
phases to react at different rates. Note, however, that the model assumes reacting species 688 
follow equilibrium fractionations; i.e., it is a kinetic model but does not involve kinetic 689 
isotope effects. We use this framework to explore the trajectories that diagenesis creates 690 
during alteration of δ18OCO3, δ18OPO4 and Δ47 values when carbonate and phosphate 691 
groups react at different rates in the composition spaces outlined in Figures 3 and 5. 692 
 693 
Using the kinetic rate laws derived in Criss et al. (1987) and Gregory et al. (1989) for 694 
bulk oxygen-isotope exchange reactions in a water buffered system, it can be shown that: 695 

 FPO4 =(FCO3)
kPO4 /kCO3 . (1) 696 

In equation (1), F = (18Rmeasured-18Requilibrium)/(18Rinitial-18Requilibrium), where the equilibrium 697 
value represents the final value after a sample has fully recrystallized and is in isotopic 698 
equilibrium with the fluid. ‘k’ is the rate constant for oxygen-isotope exchange between 699 
carbonate (kCO3) or phosphate (kPO4) with water. F can take on values from 1 to 0 where 1 700 
indicates no reaction has taken place while 0 is complete reaction. This model was 701 
previously used by Zazzo et al. (2004) to quantify different isotope-exchange rates 702 
between carbonate and phosphate groups in apatite with water on ground-up (100-700 703 
micron) fossil teeth and bone bioapatite (hydroxyapatite) with and without 704 
microorganisms. They found kPO4/kCO3 ratios of 0.1 for abiotic experiments and 2 to 15 705 
for biotic reactions. 706 
 707 
In order to extend this model to clumped-isotope exchange reactions in carbonates (which 708 
to our knowledge has not been done) we make the following additional assumptions:  709 
 710 
(i) We assume that the kinetics of the clumped-isotope composition of the apatites can be 711 
described and modeled using Δ47 values. This assumption holds if there is a constant 712 
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offset between the carbonate’s clumped isotopologue composition (dominated [97%] by 713 
the abundance of the mass 63 isotopologue, 13C16O2

18O) and its Δ47 value — this has been 714 
observed to be the case experimentally (Ghosh et al., 2006; Guo et al., 2009). We note, 715 
though, that theoretical calculations indicate that Δ47 values could be non-linear functions 716 
of a sample’s carbonate clumped-isotope composition (Guo et al., 2009), but, as of yet,  717 
this has not been observed empirically. 718 
 719 
(ii) We assume that changes in abundances of mass 47 isotopologues (13C16O18O, 720 
12C17O18O, 13C17O2) vs. mass 44 isotopologue (12C16O2) of the CO2 derived from the 721 
carbonate groups obey the following kinetic form, which is also based on the kinetic 722 
derivations described in Criss et al. (1987) and Gregory et al. (1989): 723 

 

47 Rmeasured  - 47Requilibrium
47 Rinitial  - 

47Requilibrium

 = e-k47t

 
(2) 724 

where, in this equation, the ‘measured’ value has been modified from the initial value 725 
after time ‘t’. Consequently,  726 

 F47  = FCO3( )k47 /kCO3

 (3) 727 
where F47 = (47Rmeasured-47Requilibrium)/(47Rinitial-47Requilibrium) and k47 is the rate constant. 728 
Equations similar to (2) have been derived for or applied to other clumped-isotope studies 729 
involving kinetic processes (Passey and Henkes, 2012; Affek, 2013; Clog et al., 2015). 730 
Because Δ47 values depend not only on 47R values, but also on bulk isotopic composition, 731 
the full equation describing the change in Δ47 with time is: 732 

 Δ47  = 
47 Rinitial  - 

47Requilibrium( )  x (FCO3
)k47 /kCO3  + 47Requilibrium

213R x 18R + 13R x (17R)2  + 217R x 18R
 - 1

"

#

$
$

%

&

'
'
 x 1000

 

(3) 733 

where the denominator is equivalent to 47R* (Affek and Eiler, 2006). For all calculations 734 
we hold the δ13C value of the carbonates constant. We note that large differences in both 735 
the δ13C and δ18O (e.g., 10‰) of the starting and ending carbonate compositions will 736 
cause non-linear clumped-isotope mixing effects (e.g., Eiler and Schauble, 2004) that are 737 
large enough to be worth considering. For example take two carbonate minerals with 738 
identical Δ47 values, and, let one have δ18O and δ13C values 10‰ lower than the other. 739 
An equal mixture of the two will have a Δ47 value ~0.025‰ higher than either of the end 740 
members. We avoid this complexity here by fixing δ13C, which greatly diminishes this 741 
non-linearity, introducing deviations of <0.001‰ from linear mixing of Δ47.  742 
 743 
In order to calculate the oxygen isotopic composition of apatite phosphate and carbonate 744 
groups in isotopic equilibrium with water we use the fractionation factors of Kolodny et 745 
al. (1983) and Lécuyer et al. (2010). We do not use the Shemesh et al. (1988) calibration 746 
due to its dependence on high temperature (>300 °C) points that are either poorly 747 
constrained or imply a crossover (which may be present, but in any case prohibits linear 748 
interpolations; see above). We use the Lécuyer et al. (2010) over the Kim and O'Neil 749 
(1997) calibration because the Lécuyer et al. (2010) calibration was experimentally 750 
generated with carbonate groups in apatites (though hydroxyapatites) as opposed to 751 
calcites. We acknowledge, though, that these calibrations may, themselves, be inaccurate, 752 
but consider them the best currently available for this model. To aid in understanding this 753 
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model, we provide a schematic figure (Figure 6) that illustrates the different paths that 754 
diagenesis takes in the composition spaces of Figures 3 and 5 depending on the 755 
temperature at which the diagenesis occurs as well as the ratio of kPO4/kCO3.  756 
 757 
5.2 Application of the model to conditions relevant for phosphorite formation and 758 
diagenesis 759 
 760 
We applied this model to phosphorite formation and modification in the context of bulk 761 
and clumped isotopic compositions for two different diagenetic paths. For both, we 762 
assumed that all samples initially formed in oxygen and clumped-isotope equilibrium at 763 
25°C in water with δ18O value of 0‰ (the approximate average value of seawater today). 764 
This is clearly an oversimplification, but we consider it sufficient for the exploration of 765 
the model as a valid framework to describe the data. The first pathway has diagenesis 766 
occurring at 80°C (i.e., hotter than initial formation temperatures) in pore waters with 767 
δ18O = -4‰. Such environments commonly occur ~1.5 to 3 km oceanic sediments sitting 768 
on oceanic crust with geotherms ranging from 20 to 40 °C/km and decreases in pore-769 
water δ18O of ~2-15 ‰/km (Lawrence and Gieskes, 1981). Alternatively, such low δ18O 770 
pore waters could also result from infiltration of meteoric waters (Epstein and Mayeda, 771 
1953; Craig, 1961; Dansgaard, 1964; Bowen, 2010) into sediments. The second pathway 772 
is modeled to occur at 10 °C (i.e. colder than the initial formation temperature) in waters 773 
that are isotopically identical to the formation waters (δ18O = 0‰). Such a scenario could 774 
be imagined to occur if sinking bones and teeth (e.g., from fish) or continentally derived 775 
apatites were deposited and underwent reaction in cold, deep waters on a continental 776 
slope. It is worth noting that these paths are not mutually exclusive — materials may first 777 
undergo diagenetic reactions during deposition in cold water followed by diagenesis at 778 
elevated temperatures.  779 
 780 
These models require a choice for both the ratio of k47/kCO3 and kPO4/kCO3. We chose 781 
k47/kCO3 to be equal to 1, implying no difference in 18O/16O exchange rate on 13C 782 
abundance. This assumption is consistent with experimental results constraining rates of 783 
exchange between CO2 and liquid water (Affek, 2013; Clog et al., 2015). We use a value 784 
of 1 because it is the expected value if carbonate ions in solution are always in both 785 
oxygen-isotope equilibrium with water and clumped-isotope equilibrium. In this case, the 786 
rate of isotopic exchange between mineral and water should be governed only by the net 787 
rate of dissolution and reprecipitation reactions. We chose the kPO4/kCO3 value that 788 
simultaneously best fit the data (using a least-squares minimization) in both figures 3a 789 
and b, and along both diagenetic pathways (Figure 7). This yielded a value of 0.53. 790 
However, we note that visually acceptable fits range from 0.3 to 0.6. This ratio could and 791 
should vary across environments depending on, for example, inorganic dissolution and 792 
reprecipitation rates, mineral composition, availability of organisms to enzymatically 793 
catalyze oxygen exchange in PO4

3- groups, and temperature. For simplicity and in the 794 
absence of better constraints, we have chosen a constant value for the model. We note 795 
that this value is distinct from those found by Zazzo et al. (2004) for experimental 796 
dissolution and reprecipitation of fossil hydroxyapatite in the presence of microorganisms 797 
(kPO4/kCO3 from 2 to 15) as discussed above and is more similar to the ratio of 0.1 obtained 798 
for the inorganic experiments. This may indicate that inorganic reactions are significant 799 
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during phosphate oxygen isotope exchange processes during diagenesis.  800 
 801 
5.3 Comparison of the model framework to the data 802 
 803 
We provide the calculated model trajectories for this diagenetic framework in Figure 7. A 804 
few key insights can be taken away from this exercise. First, as seen in Figure 7, this 805 
diagenetic model is able to capture the overall structure of the measured data for both the 806 
bulk isotopes and clumped isotopes. This indicates the bulk and clumped-isotope 807 
compositions of phosphorites can be explained, to first order, by formation in isotopic 808 
equilibrium with water and then, for altered samples, diagenesis at either elevated 809 
temperatures in waters with lower δ18O values or diagenesis at lower temperatures in 810 
waters of similar isotopic composition as formation. The overall success of the model at 811 
describing the trends in the data indicates that the combination of δ18OPO4, δ18OCO3, and 812 
temperatures based on Δ47 values provide a more complete understanding of both the 813 
formation and subsequent modification of these samples.  814 
 815 
Despite this success, the model is clearly only suitable, as applied, here, for first-order 816 
conclusions. For example, samples scatter about the trends and, especially for the low 817 
temperature paths, do not yield precisely the same amount of diagenesis in both Figures 818 
5a and b. Some of this disagreement is likely related to our assumption that all 819 
phosphorites form at identical temperatures and in fluids with identical δ18O values and 820 
then undergo diagenesis along one of two paths with fixed temperatures, relative rate 821 
constants, and δ18OH2O values. This is clearly a gross oversimplification. For example, 822 
apatites derived from terrestrial organisms could have formed in waters with different 823 
δ18O values than marine systems (Luz et al., 1984a). Finally, it is not clear that the chosen 824 
fractionation factors for oxygen isotope equilibrium between carbonate and phosphate 825 
groups in apatite is correct. Presumably the scatter in the data about the trajectories of the 826 
model is related, at least in part, to mismatches between the data and the simplicity of our 827 
model assumptions. Nevertheless, the critical point is that the main trend in the data is 828 
consistent with a simple, plausible model of diagenesis.  829 
 830 
Second, the comparison of the diagenetic model to the data provides a potential insight 831 
into the creation and diagenesis of phosphorites (and perhaps other carbonate bearing 832 
materials) with δ18O values that are several per mil lower than is commonly observed in 833 
modern day marine phosphates. Such low δ18O values are often assumed to be the result 834 
of diagenesis in meteorically derived fluids or in marine pore waters at elevated 835 
temperatures (e.g., Degens and Epstein, 1962; Killingley, 1983; Land, 1995). However, 836 
there are alternative explanations for low δ18O values in ancient samples that instead 837 
invoke a change in the δ18O value of the ocean to lower values (e.g., Veizer et al., 1997; 838 
Veizer et al., 1999; Kasting et al., 2006; Jaffrés et al., 2007) or precipitation of samples in 839 
the past at elevated temperatures (e.g., Knauth and Epstein, 1976; Karhu and Epstein, 840 
1986). The association we observe between higher clumped-isotope temperatures and 841 
lower δ18O values (Figures 3 and 5), combined with the fit of the model to the data, is 842 
most consistent with the interpretation that diagenesis plays a key role in lowering the 843 
δ18O value of many phosphorites. 844 
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 845 
Third, the success of the model supports the view that PO4

3- groups are more resistant to 846 
exchange in natural materials than CO3

2- groups (Shemesh et al., 1983; Shemesh et al., 847 
1988; Longinelli et al., 2003). However, it is also clear from this data that in the case of 848 
phosphorites, apatites can be open to significant amounts of oxygen-isotope exchange 849 
with water for both carbonate and phosphate groups. Indeed, the arrays observed in 850 
Figure 7 could potentially be used as a test of digenesis in other samples — if samples 851 
fall on disequilibrium arrays in both the δ18OCO3-δ18OPO4 space (Figure 7a) and Δ47-based 852 
temperature space (Figure 7b) the presence of diagenesis could be identified 853 
unambiguously. 854 
 855 
6. Do apatites ever fully re-equilibrate their oxygen isotopes during diagenesis? 856 
 857 
An interesting aspect of the model when fit to the data is that for the high-temperature 858 
diagenesis pathway, no samples appear to return to the lines that define oxygen and 859 
internal isotopic equilibrium in Figures 5a and b. Instead, all samples observed remain 860 
below ~50% re-equilibration (Figure 7). The precise percent of re-equilibration is 861 
controlled by the assumed temperature of the diagenetic reactions. Thus our finding of 862 
50% is qualitative. What is important is that no samples with elevated clumped-isotope 863 
temperatures or low δ18OCO3 or δ18OPO4 values have returned to the values expected for an 864 
isotopically equilibrated mineral.  865 
 866 
A question then is do apatites, once isotopically modified, ever return to isotopic 867 
equilibrium both internally for clumped isotopes and for oxygen-isotope equilibrium 868 
between phosphate and carbonate groups? To answer this, we can compare the 869 
phosphorite apatite samples to apatites from igneous carbonatite intrusions that formed at 870 
elevated temperatures. These igneous apatites crystallized at temperatures above ~600 °C 871 
or so, but preserve lower clumped-isotope temperatures due to internal isotope-exchange 872 
reactions that take place during cooling (Stolper and Eiler, 2015). Thus, their clumped-873 
isotope compositions are altered after mineral crystallization, but in a different process 874 
from the phosphorites. In contrast to the phosphorites, these igneous samples fall on or 875 
near the expected range of equilibrium lines (within the ±1σ error bounds) for their 876 
clumped-isotope temperature (Figure 7b; we do not include them in 7a as this space 877 
depends on the isotopic composition of formation waters which is not relevant for 878 
igneous apatites). This analysis indicates that during cooling, when these exchange 879 
reactions ceased, the clumped-isotope and oxygen-isotope compositions of the PO4

3- and 880 
CO3

2- groups ‘closed’ at the same temperature. Thus apatites that undergo reactions that 881 
alter their carbonate and phosphate oxygen-isotope and clumped-isotope compositions 882 
after formation can end up in or near the positions expected for isotopic equilibrium in 883 
Figures 3b, 4b and 7b. This finding may have implications for our understanding of the 884 
chemical controls of the clumped-isotope apparent blocking temperature in apatite— i.e., 885 
internal resetting in apatites likely depends on exchange of an oxygen atom between a 886 
phosphate and carbonate ion group. 887 
 888 
Based on this, we must now ask why it is that the diagenetically modified phosphorites, 889 
even those hundreds of millions of years old, have not fully re-equilibrated their oxygen 890 



 

 

 

ACCEPTED MANUSCRIPT 

 

 21 

isotopes between carbonate and phosphate groups? From the data and model, it appears 891 
that apatites readily undergo 10’s of percent re-equilibration towards diagenetic 892 
conditions, but struggle to go to completion. The answer to this may lie with the fact that 893 
the model of Criss et al. (1987) and Gregory et al. (1989) implicitly assumes that all 894 
oxygen bearing groups are equally capable of undergoing isotope-exchange reactions at 895 
all times. However in nature this is not necessarily the case. For example, water may be 896 
incapable of penetrating and exchanging oxygen with all atoms in an apatite grain due to 897 
a lack of pores/channels to the interior of the original mineral. We suggest that this occurs 898 
due to ‘armoring’ of original grains with impermeable diagenetic rims as schematically 899 
outlined and shown with natural samples in Figure 8. Indeed the presence of apatite cores 900 
surrounded and armored with apatite rims is commonly observed in phosphorite deposits 901 
(figure 8; Cook, 1972; Braithwaite, 1980; Glenn and Arthur, 1988).  902 
 903 
The importance of such geometric restrictions on the rates of dissolution and 904 
reprecipitation has recently been modeled quantitatively and shown to be of generic 905 
importance to minerals undergoing diagenesis (Reeves and Rothman, 2013). If correct, 906 
such a model indicates that the temperatures derived from clumped-isotope analyses of 907 
mixtures of relict and newly grown minerals, even those heavily modified by diagenesis, 908 
do not represent any particular diagenetic recrystallization temperature or event. The 909 
temperatures instead represent a mixed signal originating from both the original 910 
depositional temperature and the temperature range over which diagenesis occurred. If 911 
this phenomenon occurs elsewhere, e.g., in calcites or dolomites, it may have 912 
implications for the meaning of clumped-isotope based reconstructions of diagenetic 913 
recrystallization temperatures and fluid compositions. This model could be tested by 914 
using an ion probe to measure the difference in δ18O between phosphate cores vs. rims. 915 
This is because the model presented above predicts significant (5-10‰) differences in 916 
δ18O values between the relict, original core and the rim that formed during diagenesis. 917 
Specifically, if the model is correct, it would indicate that clumped-isotope temperatures 918 
of bulk, diagenetically altered phosphorites (and perhaps other carbonate-bearing phases) 919 
do not represent a discrete temperature of diagenesis, as has been assumed, but instead 920 
represent the integrated history of formation and alteration, incorporating signals from 921 
both original precipitation and later diagenetic modification at a variety of temperatures.  922 
 923 
7. Summary and Conclusions 924 
 925 
The measurements of oxygen isotopes of carbonate groups and phosphate groups in 926 
apatites from phosphorites combined with clumped-isotope temperatures for the 927 
carbonate groups yield linear relationships between δ18OCO3 and δ18OPO4 as well as 928 
1000ln(αCO3-PO4) and 1/T where T is the derived clumped-isotope temperature of the 929 
carbonate groups. These relationships cannot be fully reconciled with any current 930 
equilibrium-based interpretation of the bulk isotopes or clumped-isotope temperatures. 931 
Instead, the clumped-isotope temperatures of phosphorites demonstrate and reinforce that 932 
isotopic equilibrium captured during mineral formation is overprinted by diagenetic 933 
reactions in many samples. We interpret and model these results in a quantitative 934 
framework that incorporates isotope-exchange reactions during diagenesis. In this model, 935 
the originally precipitated samples exchange oxygen isotopes with water during 936 
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diagenesis. Using this model, we showed the relationships observed between δ18OCO3, 937 
δ18OPO4, and the clumped-isotope temperatures can be understood as the consequence of 938 
varying amounts of oxygen-isotope exchange for both phosphate and carbonate groups 939 
with fluids. We required that the isotope exchange reactions occur at different 940 
temperatures and fluid isotopic compositions as compared to the original formation, with 941 
most altered samples best fit by diagenesis in a higher temperature setting with lower 942 
δ18O fluids. Furthermore this kinetic framework required more rapid isotope exchange 943 
reactions between carbonate and water vs. phosphate and water. This supports the 944 
hypothesis that apatites in phosphorites undergo isotopic exchange reactions with water 945 
in both the carbonate and phosphate groups during burial and diagenesis, but that the 946 
phosphate groups are more resilient to modification than the carbonate groups. This 947 
model indicates that for phosphorites that have been isotopically modified, both elevated 948 
temperatures and waters with δ18O values lower than seawater are involved. Such 949 
information provides insight into the timing and location of diagenesis suggesting that 950 
diagenetic isotope-exchange reactions occur during burial at kilometer depths in fluids 951 
that are only slightly modified from seawater. 952 
 953 
An additional insight from the model is that none of the sedimentary phosphorites, even 954 
those hundreds of millions of years old, re-establish isotopic equilibrium during 955 
diagenesis; i.e., the carbonate and phosphate groups never develop an oxygen isotope 956 
fractionation consistent with the diagenetic temperature implied by the clumped-isotope 957 
compositions of carbonate groups. This lack of full isotopic re-equilibration is interpreted 958 
as a consequence of the fact that phosphorite diagenesis leads to armoring of relict 959 
primary apatite with rims of secondary diagenetic apatite, preventing further diagenesis 960 
of the relict cores. In instances such as this, the clumped-isotope temperatures of bulk 961 
diagenetically modified phases reflect mixing between apatite formed at the original 962 
mineral formation temperature and secondary apatite formed at the range of diagenetic 963 
reaction temperatures. This insight may have implications for the interpretation clumped-964 
isotope temperatures of diagenetically modified phases in other settings and minerals. 965 
 966 
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8. Tables 975 
 976 
Table 1: Age, location, and bulk isotopic compositions of all samples measured. 977 

Sample  Location 
Age 
(ma) 

δ13C (‰) 
(this study)a ±b 

δ18OCO3 (‰) 
(this study)c ±b 

δ13CCO3 (‰) 
(Shemesh et al., 1988)a 

δ18OCO3 (‰) 
(Shemesh et al., 1988)c 

δ18OPO4 (‰) 
(Shemesh et al., 1988)c,d 

ASP 3 Phosphoria, USAg 265 -3.30 0.02 17.59 0.07 -3.5 16.8 15.8 
ASP 4 Monterey, Mexicog 30 -6.79 0.01 25.89 0.08 -6.8 24 19.1 
ASP 9 Rassaif, Israelg 75 -8.69 0.01 24.43 0.04 -9.9 21.8 19 
ASP 15 G. Rechavam, Israelg 75 -7.27 0.04 23.54 0.14 -6.8 22.8 17.3 
ASP 22 Off-Shore, Namibiah 1 to 5e -1.90 0.03 35.05 0.21 -1.9 32.7 23.4 
ASP 28 Sechura, Perug 14 -5.22 0.01 31.36 0.05 -5.1 30.4 22.3 
ASP 46 Quseir, Egyptg 75 -5.70 0.02 21.13 0.18 -6.3 21.3 17.7 
ASP 49 Monterey, Baja 30 -6.88 0.00 25.69 0.05 -6.9 25.4 19 
ASP 78 Blake Plateauh 26 -0.52 0.02 31.69 0.11 -1.1 31.1 23 
ASP 84 Oron, Israelg 75 -9.52 0.08 25.50 0.14 -10.5 26.5 20.2 
ASP 105 Central Florida, USAg 3.4 -5.45 0.01 29.03 0.03 -5.7 28.2 20.4 
NBS 120C   -6.29 0.01 29.40 0.03 - - 20.3 
ASP 6f Arad, Israelg 75 -8.34 0.01 24.59 0.11 -8.3 22.5 18.6 
ASP 12f Bir Zafra, Egyptg 75 -6.90 0.01 21.56 0.24 -5.1 21.5 16.2 
areferenced to the VPDB scale 978 
b1 standard error 979 
creferenced to VSMOW 980 
dmeasured on BiPO4 except for NBS 120c (measured as Ag3PO4), which has been converted to the BiPO4 reference frame. See section 2.1. 981 
ereported in Shemesh et al. (1988) as <10,000 years old. However, the sample is described in Shemesh (1990) as a glauconized pelletal phosphorite. Pelletal phosphorites from off-shore Namibia were 982 
dated in Thomson et al. (1984) as older than 700,000 years using 230Th/234U, dating. McArthur et al. (1990) dated Namibian pelletal phosphorites as being between 1 to 5 million years old using 983 
strontium isotopes. Such ages are consistent with the facies model of Bremner and Rogers (1990) and are adopted here. 984 
fproduced larger quantities of CO2 than other experiments and thus are excluded from all discussion in case of contamination by exogenous carbonate phases not removed during acid washing. 985 
goutcrop sample 986 
hdredged from the seafloor 987 
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Table 2: Δ47 values and calculated clumped-isotope-based temperatures for all samples 988 
measured. 989 
Sample  na Δ47,ARF (‰)b ±c Δ48 ±c TARF (°C)e ±c 
ASP 3 4 0.613 0.010 0.0 0.2 47 2 
ASP 4 6 0.685 0.009 0.5 0.2 30 2 
ASP 9 4 0.659 0.007 0.3 0.0 36 2 
ASP 15 5 0.654 0.012 0.6 0.5 37 3 
ASP 22 7 0.724 0.011 0.2 0.1 22 2 
ASP 28 4 0.678 0.007 0.5 0.1 32 2 
ASP 46 5 0.601 0.011 0.3 0.2 51 3 
ASP 49 6 0.665 0.011 0.3 0.1 35 2 
ASP 78 4 0.696 0.009 0.5 0.1 28 2 
ASP 84 4 0.658 0.010 0.5 0.2 36 2 
ASP 105 5 0.663 0.008 0.5 0.1 35 2 
NBS 120C 10 0.720 0.005 0.1 0.2 23 1 
ASP 6d 4 0.628 0.019 0.3 0.1 45 5 
ASP 12d 2 0.677 0.009 0.5 0.3 31 2 
anumber of samples measured 990 
bgiven in the absolute reference frame (ARF) of Dennis et al. (2011). 991 
c1 standard error 992 
dproduced larger quantities of CO2 than other experiments and thus excluded from all discussion in case of contamination by 993 
exogenous carbonate phases not removed during acid washing. 994 
eapparent clumped-isotope-based temperature calculated using equation (A1).995 
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Table 3: Acid washing experiments 996 
Sample δ13C (‰)a δ18O (‰)b Δ47,ARF (‰)c ±d 
unwashed apatite starting material -5.39 29.55 0.537 0.007 
4 hours deionized (DI) water -5.37 29.27 0.616 0.012 
24 hours DI water -5.38 29.24 0.630 0.011 
48 hours DI water -5.42 29.27 0.667 0.019 
4 hours acetic acid -5.36 29.24 0.646 0.012 
24 hours acetic acid -5.43 29.27 0.624 0.013 
48 hours acetic acid -5.42 29.35 0.633 0.010 
4 hours triammonium citrate (TAC) -5.42 29.29 0.651 0.008 
24 hours TAC -5.39 29.16 0.636 0.008 
48 hours TAC -5.42 29.33 0.646 0.013 
+ calcitee with unwashed apatite starting material -2.42 29.30 0.500 0.010 
+ calcite 4 hours acetic acid -5.40 29.35 0.627 0.021 
+ calcite 24 hours acetic acid -5.20 29.36 0.633 0.006 
+ calcite 48 hours acetic -5.33 29.10 0.646 0.019 
+ calcite 4 hours TAC -4.43 29.30 0.624 0.009 
+ calcite 24 hours TAC -5.00 29.37 0.638 0.017 
+ calcite 48 hours TAC -5.38 29.24 0.666 0.013 
areferenced to the VPDB scale 997 
breferenced to VSMOW 998 
cgiven in the absolute reference frame (ARF) of Dennis et al. (2011) 999 
d1 standard error 1000 
edenotes addition of calcite material to the experiment. 1001 
  1002 
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9. Figures 1003 
  1004 
Figure 1. Apatite acid-cleaning experiments. TAC indicates triammonium citrate. ‘+ calcite’ denotes 1005 
addition of a Carrara marble spike to the experiment such that the spike was 5% by weight of the sample. 1006 
A) Effect of different acid washes on δ13C values of CO3

2- groups liberated from a phosphorite standard. 1007 
All samples converge to the same value, within error, by 48 hours. Error bars of the measurement are 1008 
smaller than the symbols. B) Effect of different acid washes on δ18O values of CO3

2- groups liberated from 1009 
a phosphorite standard. All samples converge to the same value, within error, by 48 hours. Given error bar 1010 
is the typical ±1 standard deviation of the measurement. See A for legend. C) Effect of different acid 1011 
washes on Δ47 values of CO3

2- groups liberated from a phosphorite standard. All samples converge to the 1012 
same value, within error, by 48 hours. Given error bar is the typical ±1 standard deviation of the 1013 
measurement. See A for legend. 1014 
 1015 
Figure 2. Comparison of bulk isotopic measurements of CO3

2- groups in phosphorites from this study 1016 
compared to those measured by Shemesh et al. (1988). Plotted lines are 1:1 lines that pass through the 1017 
origin. A) Comparison of δ13CCO3 measurements. B) Comparison of δ18OCO3 measurements. Error bars are 1018 
smaller than the symbols. 1019 
 1020 
Figure 3. A) Relationship between δ18OPO4 values given in Shemesh et al. (1988) vs. δ18OCO3 values 1021 
measured in this study. B) Relationship between 1000 x ln(αCO3-PO4) vs. 1000/T where T, in Kelvin, is the 1022 
derived clumped-isotope-based temperature. αCO3-PO4 values are calculated as (1000 + δ18OCO3)/(1000 + 1023 
δ18OPO4). Error bars of data are ±1 standard error. Gray area outlines the 95% confidence interval of the 1024 
linear, least-squares regression given by the dotted black lines. 1025 
 1026 
Figure 4. Comparison of δ18OCO3 vs. the clumped-isotope (Δ47-based) temperature and of δ18OPO4 vs. the 1027 
clumped-isotope-based temperature. Both show linear correlations. Best fit lines are given as dotted lines 1028 
with 95% confidence intervals as the shaded regions. We note that this is simply a different way of looking 1029 
at the data presented in Figure 3. 1030 
 1031 
Figure 5. A) Comparison of various theoretical lines for equilibrium between oxygen isotopes of PO4

3- and 1032 
CO3

2- vs. the measured data. For the theoretical calculations, samples are assumed to have equilibrated with 1033 
waters with a δ18O value equal to 0‰: see text for details. B) Comparison of theoretical lines for 1000 x 1034 
ln(αCO3-PO4) vs. 1000/T where T, in Kelvin, is the derived clumped-isotope temperature vs. the measured 1035 
values. αCO3-PO4 values are calculated as (1000 + δ18OCO3)/(1000 + δ18OPO4). Theoretical lines for carbonate-1036 
water fractionation factors for δ18OCO3 values are given in Kim and O'Neil (1997) and Lécuyer et al. (2010). 1037 
Theoretical lines for PO4-water fractionation factors for δ18OPO4 values are given in Kolodny et al. (1983) 1038 
and Shemesh et al. (1988). Error bars of data are ±1 standard error. 1039 
 1040 
Figure 6. Schematic figure showing the diagenetic paths that oxygen-isotope exchange of phosphate and 1041 
carbonate groups in apatite with water take in the spaces outlined in figures 3 and 5. The legend is given in 1042 
A. Dotted lines represent lines of isotopic equilibrium between carbonate and phosphate groups and 1043 
clumped-isotope equilibrium. Solid lines are the diagenetic paths. In red is the high-temperature diagenetic 1044 
path and in purple the low-temperature diagenetic path. The black circle represents the starting composition 1045 
and the red and purple circles the ending composition for the high- and low-temperature paths respectively. 1046 
In A and B, phosphate and carbonate groups exchange oxygen isotopes with water at an equal rate. In C 1047 
and D, carbonate groups exchange oxygen isotopes with water more quickly than phosphate groups do. In 1048 
E and F, phosphate exchange oxygen isotopes more quickly with water than carbonate groups do. In all 1049 
cases k47/kCO3 =1 and δ13CCO3 is held constant. 1050 
 1051 
Figure 7. Comparison of data to modeled trajectories during diagenesis. The model is described and 1052 
developed in the text (section 5). All samples are assumed to have precipitated in isotopic equilibrium at 1053 
25°C in waters with a δ18O value of 0‰. Diagenesis at higher temperatures is assumed to occur at 80°C in 1054 
waters with a δ18O value of -4‰. Diagenesis at cooler temperatures is assumed to occur at 10°C in waters 1055 
with a δ18O value of 0‰. The amount of diagenesis relative to the final value is given by the percentages 1056 
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with gradations of 25%. The best-fit value for kPO4/kCO3 was found to be 0.53 (see text). A) Comparison of 1057 
bulk δ18OCO3 and δ18OPO4 values vs. the model. B) Comparison of 1000 x ln(αCO3-PO4) vs. 1000/T where T, 1058 
in Kelvin, is the derived clumped-isotope-based temperature vs. the model. Carbonatite δ18OCO3 and 1059 
clumped-isotope-based temperatures come from Stolper and Eiler (2015) for the Siilinjarvi and Oka 1060 
apatites. The δ18OPO4 value for Siilinjarvi apatites was taken to be 4.9‰ using data from Tichomirowa et al. 1061 
(2006). The δ18OPO4 value for Oka apatites was taken to be 5.6‰ using data from Conway and Taylor Jr 1062 
(1969). 1σ error ranges given for the model in the lighter colored, thinner lines were derived using the 1063 
errors estimates given for the published PO4-H2O oxygen-isotope fractionation factor given in Lécuyer et 1064 
al. (2010) and propagating that error through the model. Error bars are smaller than the data points. 1065 
 1066 
Figure 8. Cartoon representation of the diagenesis of an apatite grain in comparison to grains from a 1067 
phosphorite deposit. A) Starting collection of apatite minerals. B) Dissolution and reprecipitation of these 1068 
minerals armors an inner, original core with an outer rim of diagenetic apatite. This outer rim would 1069 
prevent further diagenesis of the inner core. C) Photomicrograph of phosphorite apatites from the Peru 1070 
margin. Displayed are apatite ooids (Od) with an apatite core (as marked) and concentric layers of apatite 1071 
rimming the core (as marked). The photomicrograph was modified from Figure 6b of Glenn and Arthur 1072 
(1988). Reprinted with permission from Elsevier. 1073 
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10. Appendix 1074 
 1075 
A1. A recalculation of the dependence of Δ47 in the absolute reference frame on 1076 
temperature taking into account the acid digestion correction used in this study 1077 
 1078 
We modified the translation of the Ghosh et al. (2006) calibration to absolute reference 1079 
frame as given in Dennis et al. (2011) to take into account new results on the value of the 1080 
acid digestion fractionation factor between 90°C and 25°C acid baths in the absolute 1081 
reference frame. Specifically, Henkes et al. (2013) demonstrated that the difference 1082 
between samples prepared using 90°C and 25°C acid baths is, on average, 0.092‰ 1083 
(±0.007, 1 s.e.) in the absolute reference frame, and thus higher than the acid digestion 1084 
factor (0.081‰) used in Dennis et al. (2011) to convert all measurements to a 25°C 1085 
reference frame. We note that there have been recent suggestions for other values for this 1086 
acid-digestion fractionation factor in the absolute reference frame including 0.066‰ for 1087 
aragonite and 0.075‰ for calcite (Wacker et al., 2013) and 0.082‰ for calcite, aragonite, 1088 
and dolomite (Defliese et al., 2015). Use of these different fractionation factors would 1089 
change temperatures by up to ~6°C at the temperature interval of interest to this study (20 1090 
to 50°C). We chose to use the Henkes et al. (2013) calibration as the CO2 extraction line 1091 
used in that studied was modeled after that used at Caltech. When this value (0.092‰) is 1092 
used to place the NBS 19 standard measured in both the Ghosh et al. (2006) and Dennis 1093 
et al. (2011) studies into the absolute reference frame, the value becomes 0.400‰ as 1094 
opposed to 0.392‰, as calculated in Dennis et al. (2011). Repeating the calculations 1095 
performed in Dennis et al. (2011) to convert the Δ47 values of Ghosh et al. (2006) into the 1096 
absolute reference, but using this new value for NBS 19 for the correction results in the 1097 
following equation describing the dependence of Δ47 on temperature: 1098 
 1099 

  (A1) 1100 

We note that this change in the equation, though more accurate, is relatively unimportant 1101 
— differences between using the equation provided in Dennis et al. (2011) and equation 1102 
(A1) result in differences in temperature of less than 0.2°C between the calibrations from 1103 
1 to 50°C, the range of temperatures used in the calibration. 1104 

Δ47  = 0.636 x 106

T2  - 0.006 
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Table A1: Δ47 accuracy and precision of standards and phosphorite samples.  1105 
 na Δ47,ARF,this study (‰)b ±c Δ47, Caltech (‰)b,d Δ47, Dennis et al. (2011)

 (‰)b,e 
Carrara Marble 36 0.399 0.017 0.401 0.403 
TV01 31 0.721 0.013 0.724 - 
Average 
Phosphoritesf 69 - 0.021 - 

- 
- 

anumber of samples measured 1106 
bgiven in the absolute reference frame (ARF) of Dennis et al. (2011) 1107 
c1 standard deviation 1108 
dAverage, long-term value at Caltech 1109 
eThis value (in the absolute reference frame) is derived from Dennis et al. (2011) by taking the average value for the reported Carrara 1110 
in-house marbles and increasing the Harvard, Johns Hopkins, and Caltech values by 0.011‰ to account for the use of a 90°C clumped 1111 
isotope acid digestion fractionation of 0.092‰ used in this study instead of 0.081‰ as was used in that study. 1112 
fonly the standard deviation for the precision of all phosphorite measurements is given. This was done by taking the difference of each 1113 
sample’s Δ47 from the average value of the replicates for all samples and then taking the standard deviation of those differences for all 1114 
data. No average is given as all samples are used for this analysis. 1115 
 1116 
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Table A2: δ13C and δ18O accuracy and precision of standards and phosphorite samples. 1117 

 na 
δ18Othis study 
(‰)b ±c 

δ18OCaltech 
(‰)b,d 

δ13C,this study 
(‰)e ±c 

δ13C,Caltech 
(‰)d,e 

Carrara marble 36 28.87 0.07 28.83 2.35 0.02 2.32 
TV01 31 22.05 0.10 22.03 2.55 0.05 2.53 
Average 
Phosphoritesf 69 - 0.24 - - 0.05 - 
anumber of samples measured 1118 
breferenced to VSMOW 1119 
c1 standard deviation 1120 
dAverage, long-term value at Caltech 1121 
ereferenced to the VPDB scale 1122 
fonly the standard deviation for the precision of all phosphorite measurements is given. This was done by taking the difference of each 1123 
sample’s δ from the average value of the replicates for all samples and then taking the standard deviation of those differences for all 1124 
data. No average is given as all samples are used for this analysis. 1125 
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