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Abstract

       In the modern ocean, U reduction and incorporation into anoxic sediments imparts a large 

isotopic fractionation of approximately +0.6 ‰ that shifts the seawater 238U value (238U/235U, 

expressed as 238U per mil deviation relative to CRM-112a) relative to continental runoff. Given 

the long residence time of U in the modern oceans (~400 kyr), the isotopic composition of 

carbonates (taken as a proxy for seawater) reflects the global balance between anoxic and other 

sinks. The U isotopic composition of open-marine carbonates has thus emerged as a proxy for 

reconstructing past changes in the redox state of the global ocean. A tenet of this approach is that 

the 238U values of seawater and anoxic sediments should always be fractionated by the same 

amount. 

In order to test this hypothesis, we have measured the U concentrations and isotopic 

compositions of carbonates spanning ages from 3250 Ma to present. A first-order expectation for 

the Archean and possibly Proterozoic is that near-quantitative U removal to extensive anoxic 

sediments should have shifted uranium isotopic composition of seawater and carbonates towards 

lower values. Instead, the measurements reveal that many Archean and Proterozoic carbonates 

have unfractionated 238U values similar to those of continents and riverine runoff. These results 

are inconsistent with the view that the U isotopic composition of seawater simply reflects the areal 

extent of anoxic sediments in the past. 

We consider two plausible explanations for why the U isotopic composition of Archean and 

Proterozoic carbonates is not fractionated from the crustal and riverine composition: 1) the 

residence time of U could have been much shorter in the Precambrian oceans when anoxic settings 

were much more extensive, and 2) the process of incorporation of U into anoxic sediments in the 

Precambrian imparted a smaller U isotopic fractionation than in the modern because of differences 



in the efficiency or mechanism of uranium removal. This study highlights the challenges inherent 

to applying knowledge of the modern marine U isotopic cycle to periods of Earth’s history when 

ocean-floor anoxia was much more extended, anoxic basins were ferruginous, and atmospheric 

oxygen content was significantly lower than present. 



1. Introduction

Compared to the relatively well-understood oxygenation history of Earth’s atmosphere, the 

timing and magnitude of oceanic oxygenation is still a matter of debate (e.g., Lyons et al. 2014). 

Indeed, our understanding of the temporal dynamics and cause-and-effect relationships during 

critical redox transitions remains limited. Diverse proxies have been developed to address these 

questions, including the presence or absence of redox-sensitive detrital minerals such as pyrite, 

uraninite, and siderite in terrestrial and coastal sandstones and conglomerates (Ramdohr 1958; 

Rasmussen and Buick 1999), variations in the elemental abundance of redox-sensitive elements in 

organic-rich shales (e.g., Co, Cr, I, Mo, Re, U, V, and Zn; Anbar et al. 2007; Scott et al. 2008; 

Sahoo et al. 2012; Partin et al. 2013a; Reinhard et al. 2013; Hardisty et al. 2014; Scott et al. 2014; 

Swanner et al. 2014; Hardisty et al. 2017), variations in the isotopic composition of traditional 

stable isotopes in sedimentary rocks (e.g., S, C, and N; Holland 2006; Farquhar et al. 2011; 

Farquhar et al. 2014), and more recently, variations in the non-traditional stable isotopic 

compositions (e.g., Fe, Mo, Cr, Se, and U; see the review chapters in Teng et al. 2017) of marine 

sediments (e.g., shales, iron formations, sedimentary pyrites, and carbonates). 

The ratio of the two long-lived isotopes of U (238U/235U; expressed as 238U, which is the per 

mil 238U/235U deviation of a sample relative to the CRM-112a standard) has been extensively used 

to track the global extent of oceanic anoxia through time (Stirling et al. 2007; Weyer et al. 2008; 

Montoya-Pino et al. 2010; Brennecka et al. 2011; Asael et al. 2013; Kendall et al. 2013, 2015, 

2020; Andersen et al. 2014, 2016, 2018; Dahl et al. 2014, 2017, 2019; Azmy et al. 2015; Tissot 

and Dauphas 2015; Hood et al. 2016; Lau et al. 2016, 2017; Wang et al. 2016, 2018, 2020; Elrick 

et al. 2017; Jost et al. 2017; Lu et al. 2017; Song et al. 2017; Yang et al. 2017; Bartlett et al. 2018; 

Bura-Nakić et al. 2018, 2020; Chen et al. 2018a, 2018b; Clarkson et al. 2018; Herrmann et al. 



2018; Phan et al. 2018; Wei et al. 2018, 2020; White et al. 2018; Zhang et al. 2018a, 2018b, 2018c, 

2019a, 2019b, 2020a, 2020b, 2020c; Gilleaudeau et al. 2019; Tostevin et al. 2019; Abshire et al. 

2020; Brüske et al. 2020a, 2020b; Cao et al. 2020; Cheng et al. 2020; Li et al. 2020; Mänd et al. 

2020; del Rey et al. 2020; Stockey et al. 2020; Zhao et al. 2020; Cole et al. 2020) (an up-to-date 

compilation of 238U values of carbonates, shales and iron-rich rocks is provided as a 

supplementary online Excel spreadsheet). Indeed, uranium is a redox-sensitive element, and its 

isotopic composition in modern seawater (238Usw) reflects the mass balance between riverine 

input of U (assumed to be the major source) and removal into several sinks (Tissot and Dauphas 

2015; Andersen et al. 2016). In the modern ocean, U occurs in two main oxidation states: highly 

soluble U(VI), which exists as uranyl carbonate complexes (Langmuir 1978; Dong and Brooks 

2006; Endrizzi and Rao 2014; Maloubier et al. 2015), and insoluble U(IV). 

The sinks of U in the modern ocean are Fe-Mn nodules, suboxic sediments, oceanic crust 

alteration, carbonates, deep-sea and anoxic sediments (Dunk et al. 2002). In anoxic settings, U(VI) 

is reduced to U(IV), which has low solubility and precipitates, presumably through adsorption onto 

organic matter or as uraninite in sediment pore-waters (Anderson et al. 1989; Klinkhammer and 

Palmer 1991; Cochran 1992; Barnes and Cochran 1993; Morford and Emerson 1999; Bone et al. 

2017). Regardless of the mechanism involved, studies of anoxic basins have shown that 

precipitation of U under anoxic to euxinic conditions preferentially enriches the sediments in 238U 

(relative to 235U), which lowers 238U/235U ratios in residual aqueous U(VI) (see review of Andersen 

et al. 2017). The positive fractionation imparted by U reduction contrasts with most traditional and 

non-traditional stable isotope systems where the oxidized species tend to be enriched in heavier 

isotopes. This peculiar behavior in U isotopes arises from the dominance in the total equilibrium 



isotopic fractionation of nuclear volume effect rather than vibrational (mass-dependent) control 

(Bigeleisen 1996; Schauble 2007; Abe et al. 2008). 

The large isotopic fractionation during reduction of U(VI) to U(IV) causes the U isotopic 

composition of anoxic sediments to be highly fractionated relative to seawater. Along with the U 

burial rate in anoxic settings, the 238U value of seawater is largely controlled by the size of the 

anoxic sinks. An increase in the extent of oceanic anoxia will shift the seawater composition 

towards lower [U] and 238U values. Accordingly, the U isotopic composition of modern seawater 

can help constrain the extent of modern anoxia (Stirling et al. 2007; Weyer et al. 2008; Tissot and 

Dauphas 2015; Andersen et al. 2017). A virtue of the uranium isotope system is that the residence 

time of U in the well-oxygenated modern ocean ( ≈ 400 kyr) is much longer than the global ocean 

mixing time (~1-2 kyr), meaning that U concentration and isotopic composition in the open ocean 

are relatively uniform vertically and laterally. To first order, the U isotopic composition of 

carbonate and anoxic sediments that interacted with overlying seawater are expected to record 

global oceanic redox conditions, providing a means of assessing quantitatively the extent of ocean 

anoxia through time. 

Shales were the first sediments used to estimate the U isotopic composition of ancient seawater 

(Montoya-Pino et al. 2010). A notable difficulty with these sediments is that a fraction of their U 

has a detrital origin, which requires a correction. Chemical tracers of detrital input, such as Al/U 

ratios, are commonly used to infer the U isotopic composition of the authigenic component (Asael 

et al. 2013). This correction can be significant and contributes to the uncertainty in paleoredox 

reconstructions. A second difficulty with the shale record is that the apparent isotopic fractionation 

in anoxic/euxinic settings is large and variable and it can be influenced by the efficiency of U 



transport to the sediments and deep-water renewal (Andersen et al. 2014; Noordmann et al. 2015; 

Andersen et al. 2018). 

Marine carbonates provide an alternative and possibly more faithful and straightforward archive 

of seawater 238U values through time. Indeed, modern primary carbonate precipitates are found 

to have a 238U composition that is close to that of seawater (Stirling et al. 2007; Weyer et al. 2008; 

Romaniello et al. 2013; Chen et al. 2018a, 2018b; Tissot et al. 2018), and the small detrital 

contribution can be minimized by partial dissolution of the carbonates in dilute acid. Based on the 

assumption that there is little fractionation between carbonates and seawater, several studies have 

used carbonates to track redox transitions during critical intervals such as at the Cambrian-

Ordovician boundary, the end of the Sturtian Snowball Earth, and the Permian-Triassic boundary 

(Brennecka et al. 2011; Dahl et al. 2014, 2017, 2019; Azmy et al. 2015; Hood et al. 2016; Lau et 

al. 2016, 2017; Elrick et al. 2017; Jost et al. 2017; Song et al. 2017; Bartlett et al. 2018; Clarkson 

et al. 2018; Phan et al. 2018; White et al. 2018; Zhang et al. 2018a, 2018b, 2018c, 2019a, 2019b, 

2020a, 2020c; Gilleaudeau et al. 2019; Tostevin et al. 2019; Cao et al. 2020; Cheng et al. 2020; 

del Rey et al. 2020; Li et al. 2020; Zhao et al. 2020). Most of these studies focused on variations 

in the U isotopic composition of carbonates during short time intervals to trace the expansion or 

contraction of anoxia in the oceans. A complication to the carbonate δ238U paleoredox is that it is 

affected by diagenesis (see review in Zhang et al. 2020b), which can shift the δ238U values of 

carbonates by ~+0.2 ‰ to +0.4 ‰ relative to seawater (Romaniello et al. 2013; Chen et al. 2018a; 

Tissot et al. 2018). Precipitation of abiotic (Chen et al. 2016, 2017) and biogenic (Chen et al. 2018b) 

carbonates can also induce a small shift in the U isotopic composition of carbonates relative to 

seawater  (<+0.1 ‰). When available, calcitic brachiopod shells may be a better proxy for ambient 

seawater composition as they are more resistant to isotopic exchange with porewater during 



diagenesis (del Ray et al. 2020; Livermore et al. 2020). Regardless of these complications, 

carbonates have proven to be a useful sedimentary archive for reconstructing the extent of oceanic 

anoxia through time. 

Earth’s surface oxygenation was marked by two critical transitions known as the Great 

Oxidation Event (GOE) at ca. 2.43-2.06 Ga and the Neoproterozoic Oxygenation Event (NOE) at 

ca. 0.68–0.54 Ga (potentially starting as early as 0.8 Ga), which both saw dramatic changes in 

global surface environments (Holland 2002; Bekker et al. 2004; Johnston et al. 2012; Thomson et 

al. 2015; Turner and Bekker 2016; Gumsley et al. 2017). While most previous studies have focused 

on specific short intervals of Earth’s history when significant change in Earth’s surface redox state 

happened, the aim of the present work is to investigate how U concentrations and isotopic 

compositions of sediments responded to Earth’s progressive oxygenation over the full temporal 

extent of carbonate sedimentary record and test the tenets of the U isotope paleoredox proxy. For 

that purpose, we use carbonates as they should represent the best archive of the uranium isotopic 

composition of seawater through time. 

Taking clues from the modern U cycle, paleoredox reconstructions assume a near-constant U 

isotopic fractionation between oxidized U dissolved in seawater and reduced U deposited under 

anoxic conditions with organic-rich shales. The validity of this assumption can be directly tested 

by comparing the 238U/235U values in coeval shales and carbonates over broad geological 

timescales, in a similar manner to what has been done for 13C (organic and carbonate carbon) and 

34S (sulfide and sulfate sulfur) proxies. Here, we report new δ238U analyses of 95 Precambrian 

carbonates and combine these results with a compilation of literature data for carbonate and shale 

to test the assumption that the δ238U values of shales are indeed fractionated relative to carbonates 

by a constant offset. 



2. Materials and Methods

2.1.  Samples

In order to reconstruct the long-term redox evolution of the ocean, a large suite of marine 

carbonates (Table 1) was assembled and the U concentrations and isotopic compositions of 95 

carbonate samples spanning the Archean to Neoproterozoic were measured and combined with 

previously published data (Brennecka et al. 2011; Dahl et al. 2014, 2017, 2019; Azmy et al. 2015; 

Hood et al. 2016; Lau et al. 2016, 2017; Elrick et al. 2017; Jost et al. 2017; Song et al. 2017; 

Bartlett et al. 2018; Chen et al. 2018a, 2018b; Clarkson et al. 2018; Herrmann et al. 2018; Phan et 

al. 2018; White et al. 2018; Zhang et al. 2018a, 2018b, 2018c, 2019a, 2019b, 2020a, 2020c; 

Gilleaudeau et al. 2019; Tostevin et al. 2019; Brüske et al. 2020a; Bura-Nakić et al. 2020; Cao et 

al. 2020; Cheng et al. 2020; Li et al. 2020; del Rey et al. 2020; Zhao et al. 2020). The age and 

detailed description of the geological settings can be found in the references provided in Table 1 

and in Supplementary Materials. Most of the analyzed carbonate samples were deposited in 

shallow-marine settings above the storm (typically less than 15-40 m depth) and fair-weather-wave 

base (less than 5-15 m depth), and only two sample sets show no evidence for subaerial emergence 

and were likely deposited in a deeper environment. We avoided deep-water carbonate depositional 

settings, sediments with high organic carbon content, and thin carbonate beds and nodules in shales. 

Most of the sampled carbonate units are tens to hundreds of meters thick, contain little if any 

detrital material, and have sedimentary textures and structures indicating precipitation from 

seawater above the fair-weather-wave base. There are several reasons to expect that carbonate 



deposition in the Precambrian was dominantly restricted to shallow-marine settings and, after the 

Great Oxidation Event (GOE), was predominantly above the redoxcline: 

(i) Export of carbonate to deep-water settings requires foraminifera and coccoliths and these 

did not evolve until the Phanerozoic, resulting in predominantly shallow-water carbonates in early 

Phanerozoic and Precambrian (e.g., Holland and Zimmermann 2000). The only mechanism by 

which carbonates were transported to deep waters in the Precambrian was through gravity flow 

deposition, and such slope/deep water deposits were relatively rare. 

(ii) The carbonate compensation depth in Precambrian oceans was likely shallower due to 

higher pCO2. 

(iii) Once the atmosphere became oxygenated and the shallow portion of the water column 

contained dissolved oxygen, the steady-state redoxcline could not have been shallower than the 

well-mixed layer above the fair-weather wave-base where most of our carbonates were deposited.

 To summarize, our Precambrian carbonates typically record shallow depositional settings, and 

those deposited after the GOE likely precipitated above the redoxcline. 

The least-altered and best-preserved samples were identified based on a combination of 

petrographic features and an array of geochemical tracers sensitive to the extent of post-

depositional alteration (i.e., Mg/Ca, Mn/Sr, δ18O, and δ13C values) (Veizer et al. 1989a, 1989b; 

Banner and Hanson 1990). When exposed to meteoric waters during sea level lowstands, the 

oxygen isotopic composition (δ18O) of shallow-marine carbonates evolves towards lower values. 

The δ18O values of our samples mostly range between -14 and -4 ‰, which is within the expected 

range for well-preserved Precambrian carbonates (Shields and Veizer 2002). The 13C values also 

fall within the range of well-preserved Precambrian carbonates (Shields and Veizer 2002), 

characterized by a value close to 0 ‰ during much of the Precambrian with the exception of 



anomalously high and variable δ13C values during the early and late Proterozoic (2.35-2.0 Ga and 

0.8-0.6 Ga). We did not adopt some of the criteria (e.g., Mn/Sr and Mg/Ca ratios) used in some 

recent studies on uranium isotope systematics of Phanerozoic carbonates (e.g., Dahl et al. 2014; 

Lau et al. 2016; Bartlett et al. 2018) to screen Precambrian carbonate samples because early in 

Earth’s history most carbonate units were dolomitized shortly after deposition and have high 

Mn/Sr and Mg/Ca ratios, but preserve primary Sr isotopic values and I content (Veizer et al. 1989a, 

1989b, 1990, 1992a, 1992b; Hardisty et al. 2017). Excluding dolomitic units would also leave 

large gaps in the carbonate archive. Instead, for some intervals, we have analyzed both limestones 

and dolostones to assess the effect of dolomitization on uranium isotopic ratios (see also the 

discussions in Herrmann et al. 2018; Zhang et al. 2020a, 2020b). 

2.2.  Methods

Samples provided as rock specimens were visually inspected, and veins and non-carbonate 

component (e.g., sulfides) were trimmed off with a rock saw. The carbonates samples were then 

crushed into fine powder using an agate mortar and pestle, and the carbonate content was estimated 

from major element abundances determined on compacted powder pellets using a JEOL JSM-

5800LV scanning electron microscope (SEM). The carbonate content was used to calculate the 

amount of acid to add to each sample to fully digest the carbonate fraction without leaching detrital 

phases (Tissot et al. 2018; Clarkson et al. 2020; Zhang et al. 2020b).  

Approximately 1 g of carbonate powder was used for each sample analysis. We added just 

enough 1M HCl to digest only 1% of the sample in order to remove the easily mobilized U, which 

could be of secondary origin (Kuznetsov et al. 2017). The remaining bulk carbonates were digested 

using just enough 1 M HCl to digest the carbonate fraction. The centrifuge tubes containing the 



powdered carbonates were placed on a shaking platform to allow the solids and acid to fully react. 

Once the reaction was completed, after ~24 hours, the tubes were centrifuged and the supernatants 

were pipetted out. The remaining insoluble residues were dried in a laminar flow hood using heat 

lamps for approximately one day. The weight loss was used to estimate the mass of carbonate 

digested, which is required to calculate U concentrations. In Table 1, we report U concentrations 

in the digested carbonate fraction (amount of U in the leachate divided by mass of carbonate 

dissolved). 

After digestion, 20 L (~0.1%) of the sample solution was taken, diluted 100-fold and used for 

U concentration measurement on a Neptune MC-ICP-MS. The U concentrations were used to 

calculate the amount of spike to add before column chemistry. The remaining liquid was then 

transferred into a clean Teflon beaker and spiked with the IRMM-3636 U double spike (49.51% 

236U and 50.46% 233U; Verbruggen et al. 2008). Enough spike was added to obtain a Uspike/Usample 

ratio of ~3%. After spiking, the samples were dried completely then redissolved in concentrated 

HNO3 before dilution with 3 M HNO3. Uranium purification was performed on 2 mL cartridges 

(length = 2.7 cm, diameter = 0.8 cm) of U-TEVA specific resin, following the procedure described 

in previous publications (Telus et al. 2012; Tissot and Dauphas 2015; Tissot et al. 2018). In brief, 

the resin was cleaned with 40 mL of 0.05 M HCl and conditioned with 10 mL of 3 M HNO3. The 

digested samples were loaded onto the column in ~5 mL of 3 M HNO3 and matrix elements were 

removed with 30 mL of 3M HNO3. The resin was converted with 5 mL of 10 M HCl. Thorium 

was eluted in 12 mL of 5 M HCl. Uranium was finally eluted in 32 mL of 0.05 M HCl. All samples 

were purified twice through the column chemistry to ensure full removal of matrix elements. 

Following chemical separation, the U cuts were dried down completely, taken back in 0.4 mL of 



HNO3-H2O2 (1:1), and dried again before being re-dissolved in concentrated HNO3, evaporated to 

near dryness, and taken back in 0.3 M HNO3 for isotopic analysis. 

 All U isotopic analyses followed the protocol detailed in previous work of our group (Tissot 

and Dauphas 2015; Tissot et al. 2017, 2018) and were performed on the ThermoFinnigan Neptune 

MC-ICP-MS upgraded to Neptune Plus specifications (i.e., with a jet pump installed) at the Origins 

Laboratory of the University of Chicago. Jet sample and X-skimmer cones were used in 

combination with an Aridus II desolvating nebulizer. The measurements were performed in low-

resolution mode, using a static cup configuration and comprised 60 cycles of 4.194 s integration 

time each (see Tissot and Dauphas 2015 for details). The measurements were performed on ~8 mL 

of solution with U concentrations between 20 and 30 ppb. The instrument sensitivity was ~1.5 

V/ppb on 238U with a 1011 Ω resistance amplifier and a 100 μl/min nebulizer. Baseline and gain 

calibrations were performed daily. Isotope mass fractionation introduced during chemical 

separation and mass spectrometry was corrected for using the 233U/236U double-spike IRMM-3636. 

The data reduction methodology is described in detail in Tissot and Dauphas (2015). The sample 

measurements were bracketed by measurements of the CRM-112a standard spiked with IRMM-

3636 with a spike/standard ratio similar to that of the samples. The 238U/235U ratios are reported 

using the  notation in per mil units as, 

238U (‰) = [(238U/235U)sample / (238U/235U)CRM-112a-1]1000 .                   (1)

The 234U/238U ratio is reported as a departure from secular equilibrium, 

(234U/238U) = [(234U/238)sample / (238/234)-1]]1000 ,                                (2)

where 238 and 234 are the decay constants of 238U and 234U, respectively, and λ238/λ234

 (Cheng et al. 2013). The = (1.5513 × 10 ―10)/ (2.8220 × 10 ―6) = 5.4970 × 10 ―5



uncertainties are calculated based on the reproducibility of the CRM-112a standard measurements 

that bracketed the sample solution analyses and are reported as 95% confidence intervals. 

3. Results 

     We repeatedly processed (n=24) and measured the U isotopic composition of geo-standard 

SDO-1 (a Devonian black shale) and found an average value of -0.07 ± 0.008 ‰ (2SD, each was 

measured 4 to 8 times in different sessions), which agrees well with previously published data for 

the same geo-standard of -0.08 ± 0.03 ‰ (Tissot and Dauphas 2015). Several samples (with 

different ages) were replicated multiple times, from sequential dissolution to U isotope analysis. 

The U concentrations and isotopic compositions agree well between the replicate analyses (see 

Table 1). These measurements show that our data are reproducible and do not suffer from any 

obvious analytical bias.  

Using the two-step leaching protocol described in Section 2.2, we measured U concentrations 

and isotopic compositions of carbonate samples (n=95) ranging in age from 0.63 to 3.25 Ga. The 

first leaching step, aimed at removing easily mobilized U, released only 1 % of the total U during 

digestion of carbonate. Because of the low U concentrations in the Precambrian carbonates, large 

sample masses were used (typically 1 g) to provide sufficient U (typically ~20 to 200 ng) for 238U 

measurement with a precision of ~±0.05 ‰. The results are presented in Figs. 1 and 2, along with 

literature data (see references listed in Section 2.1 and Supplementary Table 1), and good 

agreement is observed for samples of similar age. Note that the data for carbonates with ages 

between 2.72 and 2.6 Ga from Wang et al. (2018) were excluded from this compilation because 

these samples display both high U concentrations (1.61 ppm on average) and Al/U ratios that are 



higher than average Al/U ratios in basalts and granites (Asael et al. 2013), indicating that the U 

budget in these samples is overwhelmed by detrital U. 

We calculated average, median, and mode of U concentrations and 238U values of carbonates 

spanning different time intervals (before 2.43 Ga = preGOE; between 2.43 and 2.06 Ga = GOE; 

between 2.06 and 0.8 Ga = postGOE-preNOE; between 0.8 and 0.68 Ga = ruNOE = ramp up to 

NOE; between 0.68 and 0.54 Ga = NOE; 0.54 Ga to present = postNOE) and ran two-sided student 

t-tests to evaluate if these quantities changed significantly across consecutive time intervals. The 

average U concentration in preGOE carbonates is 209±58 ppb (n=64, median=155 ppb, mode=230 

ppb), while the average of carbonates spanning the GOE is 323±123 ppb (n=17, median=274 ppb). 

Carbonates deposited in postGOE-preNOE have an average [U] of 243±45 ppb (n=159, 

median=160 ppb, mode=120 ppb) (Fig. 1A). No significant difference in U concentration is 

detected for either preGOE and GOE, or GOE and postGOE-preNOE time intervals (p-values of 

0.09 and 0.21, respectively). Shales show a clear increase in their U concentrations across the GOE 

(Partin et al. 2013a, see also Fig. 1B). 

Carbonates deposited in ruNOE (0.8-0.68 Ga) have an average [U] of 181±126 ppb (n=7, 

median=128 ppb). Carbonates deposited during the NOE (0.68-0.54 Ga) show a marked increase 

in U concentration to an average value of 952±155 ppb (n=410, median=469 ppb, mode=300 ppb). 

Carbonates deposited after the NOE and through the present have an average [U] of 901±64 ppb 

(n=1233, median=486 ppb, mode=240 ppb) (Fig. 1A). Statistical tests show that carbonates 

deposited before the NOE have significantly lower U concentrations than those deposited during 

the NOE or after (p-values of 0.30, , and 0.55 for 2.06-0.8 Ga postGOE-preNOE vs. 2 × 10 ―11

0.8-0.68 Ga ruNOE; ruNOE vs. 0.68-0.54 Ga NOE, and NOE vs. 0.54-0 Ga postNOE comparisons, 

respectively). The significantly different average and median U concentrations in carbonates 



deposited before and after the NOE indicate that the U seawater cycle and reservoir size changed 

dramatically during the NOE. 

There is no clear trend in the 238U value of carbonates across the GOE (Fig. 2) with t-tests 

yielding p-values of 0.11, 0.0003 and 0.07 for comparisons between preGOE/GOE, 

GOE/postGOE-preNOE and preGOE/postGOE-preNOE respectively. The preGOE samples have 

an average 238U value of -0.34 ± 0.06 ‰ (n=59, median= -0.31 ‰, mode= -0.35 ‰), which is 

within error identical to the crustal value of -0.29 ± 0.03 ‰ (Tissot and Dauphas 2015). The 

samples deposited during the GOE give an average 238U value of -0.28 ± 0.05 ‰ (n=17, median= 

-0.29 ‰), and the postGOE-preNOE carbonates give an average 238U value of -0.40 ± 0.04 ‰ 

(n=159, median= -0.41 ‰, mode= -0.36 ‰). Note that the 238U values of our Archean and mid-

Proterozoic carbonates agree well with the recently published data from Brüske et al. (2020a),  

Wang et al. (2020) and Gilleaudeau et al. (2019). Although the postGOE-preNOE average and 

median δ238U values are closer to the modern seawater value of -0.40 ‰ (Tissot and Dauphas 

2015) than those of the Archean carbonate samples, the two-sided student t-tests p-values between 

preGOE and postGOE-preNOE is 0.07, which shows no significant difference between these two 

intervals. 

The ruNOE carbonates give an average 238U value of -0.34 ± 0.25 ‰ (n=7, median= -0.32 ‰), 

while NOE and postNOE carbonates have average 238U values of -0.53 ± 0.03 ‰ (n=393, 

median= -0.51 ‰, mode= -0.34 ‰) and -0.37 ± 0.01 ‰ (n=1147, median= -0.39 ‰, mode= -0.37 

‰), respectively. The p-values of the statistical tests for comparison between postGOE-

preNOE/ruNOE, ruNOE/NOE and NOE/postNOE are 0.57, 0.12 and , respectively. The 7 × 10 ―21

statistical test results confirm that the U oceanic cycle and reservoir size before and after NOE (~ 

0.54 Ga) are significantly different. 



We have also compared the Precambrian dolostone compositions (shown in blue diamonds in 

Figs. 1 and 2) with those for limestone samples of the same ages (shown in orange diamonds in 

Figs. 1 and 2). Both [U] and 238U values show no significant systematic difference between 

dolostone and limestone samples (Figs. 1 and 2). In addition, we show in Fig. S1 the histograms 

of [U] and 238U values of shallow-marine and deep-marine carbonates in our sample set, and we 

find that there is no difference in [U] and 238U values between the two groups, with the caveat 

that the number of deep-marine carbonates measured in the present study is only 5. 

The [U] and 238U values of carbonates are also plotted in Fig. 3A, color-coded to represent the 

same six intervals shown in Figs. 1 and 2. The distributions of the U data ([U] and 238U) also 

suggest that except for the dramatic change recorded in carbonates spanning the NOE, there is no 

clear change prior to that time.

A possible concern is that given the low authigenic U concentration in Precambrian carbonates, 

they could be more easily disturbed by the detrital component than those deposited during the 

Phanerozoic. We find large (234U/238U) excesses in carbonate that do not correlate with δ238U 

values (Fig. 5). As discussed below (Sect. 4.1), these 234U excesses are thought to be due to recoil 

effects from detrital grains into carbonates, and they would be small if significant amounts of 

detrital U had been digested during leaching. As shown in Fig. 3A, we also do not see any 

correlation between [U] and δ238U values of carbonates. We find no correlation neither between 

δ238U values and the fraction of bulk U that is in the carbonate fraction (the rest is in the detrital 

fraction; assumed to have a composition close to that of the upper continental crust) (Fig. 3B). If 

the carbonates were contaminated by detritus through leaching in the laboratory or fluid circulation 

in sediments, one would expect to find mixing relationships in these diagrams. At lower [U] and 

higher fU, δ238U would tend to be more negative (closer to a putative anoxic ocean value), while at 



higher [U] and lower fU, δ238U would tend to be closer to the crustal value. No such correlations 

are found. To summarize, the effect of contamination by detrital U is most likely small and cannot 

account for the fact that most Precambrian carbonates have near-crustal δ238U values.   

We report in Table 1 and Fig. 4 the (234U/238U) values of our old carbonate samples. Most of 

the (234U/238U) values of our old carbonate samples deviate from secular equilibrium, with one 

sample displaying a value of ~+3500 ‰.  

4. Discussion

4.1.  Excess 234U in ancient carbonates 

     As 234U is the decay product of 238U, carbonates that behaved as a closed system for more than 

~1.5 Myr (six times the half-life of 234U, ; Cheng et al. 2013) should be t1/2 = 245,620 yr

characterized by (234U/238U) value of ~0 (i.e., 234U/238U activity ratio of 1) corresponding to 

secular equilibrium. Deviation from secular equilibrium indicates that some sort of open-system 

behavior affected the carbonate fraction. In modern marine sediments, and in particular carbonates, 

deviation from secular equilibrium is the result of incorporation of seawater U, which, in the 

modern ocean, has a (234U/238U) value of ~+145 ‰ (e.g. Ku et al. 1977; Chen et al. 1986; 

Andersen et al. 2010). This process cannot explain the (234U/238U) values of the Precambrian 

carbonates in this study as they display 234U enrichments that are much greater than the modern 

seawater value (Fig. 4). The (234U/238U) values of the Precambrian carbonates show no correlation 

with either [U] concentration or 238U (Fig. 5), suggesting that the factor causing excess in 234U is 

unrelated to the processes that control their [U] and 238U values. 



 The excess in 234U observed in old carbonates is most likely caused by alpha-recoil from the 

detrital fraction (with relatively high U concentration), whereby the daughter nuclides are 

implanted in the carbonate fraction (with low U concentration) in sedimentary rocks (Henderson 

et al. 2001). For old sedimentary rocks, the rate of gain of 234U due to alpha-recoil will eventually 

equal the rate of decay of excess 234U; the activity ratio at this equilibrium can be calculated as 

(modified from Henderson et al. 1999 for porewater),

 ,                            (3)(234
 U
238
 U) =

r3 ― (r ― α)3

4r3 ×
Udetritus × fdetritus

Ucarbonate × fcarbonate
+1

where  is the effective radius of detrital grains in the sediment,  is the alpha-recoil distance of 𝑟 𝛼

234Th (initial decay product of 238U that decays in 24.1 day into 234mPa and then 234U, , 𝛼 ≈ 0.1 𝜇𝑚

DePaolo et al. 2003) in silicates. The first term on the right side of the equation represents the 

volume fraction of daughter 234U that will be expelled from the detrital grain into another grain 

(Bourdon et al. 2003).  and  are the uranium concentrations in detrital and 𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠 𝑈𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒

carbonate fractions, respectively;  and  are the mass fractions of detritus and 𝑓𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠 𝑓𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒

carbonate in the rock, respectively. The second term on the right side ( ) is the ratio of the U 𝑈 × 𝑓

mass fractions in the detritus and carbonate. Larger excess of 234U can be produced with finer 

detrital grain sizes ( ), larger differences in U concentration ( ) and/or mass fractions ( ) 𝑟
𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠

𝑈𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒

𝑓𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠

𝑓𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒

between detritus and carbonates in the sediment. We plot the (234U/238U) values of our old 

carbonates as a function of  (Fig. 6) to check if the excess of (234U/238U) can be (
𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠 × 𝑓𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠

𝑈𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒 × 𝑓𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒
)

explained by the alpha-recoil effect (i.e., a net transfer of 234Th/234U from detrital grains to 

carbonate in the rocks, Henderson et al. 2001). [U] in the continental crust (2.7 ppm; Taylor and 

McLennan 1985) is used to represent  and the measured [U] of each Precambrian 𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠

carbonate in this study is . The carbonate mass fraction, , is estimated from 𝑈𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒 𝑓𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒



major element abundances using a scanning electron microscope (Table 1). As seen in Fig. 6, the 

(234U/238U) value of our Precambrian carbonates broadly correlates with the calculated index (

 of each sample, the predicted correlation being modulated by grain size. This 
𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠 × 𝑓𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠

𝑈𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒 × 𝑓𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒
)

observation strengthens our interpretation that excess 234U observed in ancient carbonates most 

likely comes from alpha-recoil and implantation from the detrital fraction into the carbonate 

fraction of 234Th (and its decay product 234U). This also confirms that the leaching protocol applied 

only releases U from the carbonate fraction and does not leach the detrital fraction in our rock 

samples, as any dissolution of the detritus would significantly decrease the (234U/238U) and bring 

the values closer to the secular equilibrium value of ~0 ‰. 

4.2.  U concentration and isotopic records through time

The basis for using the U isotopic composition of either shales or carbonates to reconstruct 

seawater paleoredox conditions is that, at steady-state, the overall isotopic composition of U sinks 

(anoxic and others) must be equal to that of the riverine input, which is similar to that of the 

continental crust (-0.29 ‰; Stirling et al. 2007; Tissot and Dauphas 2015; Andersen et al. 2016). 

At steady-state, the mass balance equation takes the form, 

 ,                           (4)δUInput = f × δUanoxic +(1 ― f) × δUnon - anoxic

where  is the U isotopic composition of the sources of U to the oceans, typically taken to 𝛿UInput

be the modern river value of -0.26 ‰,  is the fraction of U removed to anoxic sinks (a measure 𝑓

of the extent of oceanic anoxia), and  is the U isotopic composition of all non-𝛿238Unon - anoxic

anoxic sinks generally assumed to be negligibly fractionated from seawater. To calculate  from 𝑓

either carbonate (taken as a proxy for seawater, i.e. ) or organic-rich shale (𝛿238Unon - anoxic 𝛿238

) values, it is usually assumed that the U isotopic composition of the anoxic sink is Uanoxic



systematically shifted relative to seawater (SW) by a constant offset of  ‰ (the exact Δanoxic
SW ≃ +0.6

magnitude depends on the efficiency of U transport into pore-water and deep-water renewal; 

Andersen et al. 2014; Noordmann et al. 2015),

  .                    (5)f =
δURiver ― δUSW

δUanoxic ― δUSW
=

δURiver ― δUCarbonate

Δanoxic
SW

=
δURiver ― δUShale + Δanoxic

SW

Δanoxic
SW

If the oceans were completely oxic and the anoxic sink was negligible, seawater would have the 

isotopic composition of the source (near-crustal), anoxic sediments would be shifted by ~+0.6 ‰ 

relative to the crust, and carbonates would have a near-crustal U isotopic composition. Conversely, 

if almost all U went into the anoxic sink, anoxic sediments would have the U isotopic composition 

of the source (near-crustal), and seawater and carbonates would be shifted by ~ -0.6 ‰ relative to 

the crust. The current dataset of  values combined with previously published  𝛿UCarbonate 𝛿UShale

data allow us to evaluate one of the major tenets of the U isotope paleoredox proxy that the 

fractionation  ‰ documented in modern environments is applicable to the past. Δanoxic
SW ≃ +0.6

In Figs 1 and 7, we compare the U concentrations and 238U values of carbonates, shales, and 

iron-rich rocks. The disappearance of detrital uraninite at the GOE and the drastic change in U 

concentration of carbonates at the NOE, and of shales during the GOE and NOE imply that the 

redox cycle of U must have been drastically different in the Archean and Proterozoic relative to 

the present one. The 238U values of carbonates and shales deposited before ~2.43 Ga are largely 

indistinguishable, both defining averages that correspond to the crustal value (Fig. 7A). After the 

GOE, the two records start diverging as many shales display elevated 238U values (Asael et al. 

2013; Kendall et al. 2015; Yang et al. 2017; Mänd et al. 2020) relative to carbonates of similar age 

(this study; Gilleaudeau et al. 2019; Fig. 7A). According to the isotope mass-balance outlined 

above and in previous publications (e.g., Montoya-Pino et al. 2010; Brennecka et al. 2011; Tissot 

and Dauphas 2015; Lau et al. 2016, 2017; Andersen et al. 2017), if a steady-state U seawater cycle 



existed and was dominated by anoxic settings in the Archean, one would expect Archean seawater 

and therefore carbonates to have a 238U value lower than the crust, possibly approaching -0.9 ‰. 

During the GOE and after the NOE, the 238U value of carbonates should have shifted towards the 

modern 238U value of -0.4 ‰ as the areal extent of anoxic settings shrank, and other sinks started 

to influence the mass-balance (Fig. 7B). Instead, we find that the U isotopic composition of 

carbonates did not change significantly through the Precambrian (Figs. 2 and 7A). Below, we 

explore two possible explanations as to why Archean and Proterozoic carbonates have similar U 

isotopic composition as continental runoff and Archean shales. We first focus on the residence 

time of U in the Precambrian oceans and ocean mixing timescale and show that they could have 

been much closer than in the modern ocean. We then discuss non-uniformitarian U isotopic 

fractionation during deposition of Precambrian black shales that might be responsible for the lack 

of a clear offset between black shale and carbonate U isotope records. 

4.3.  Residence time for U in Archean and Proterozoic oceans

In the modern oxic ocean, U is highly soluble as uranyl carbonate complexes (Langmuir 1978; 

Dong and Brooks 2006; Endrizzi and Rao 2014; Maloubier et al. 2015). Its residence time of ~400 

kyr (Ku et al. 1977; Chen et al. 1986; Dunk et al. 2002) greatly exceeds the mixing timescale of 

the oceans (~1 kyr, Siberlin and Wunsch 2011; Khatiwala et al. 2012), meaning that the U content 

and isotopic composition of modern seawater is largely uniform and one can reliably assess the 

global mass-balance of U in the ocean among oxic, suboxic, carbonate, and anoxic sinks. In the 

Archean, seawater had much lower U concentration than in the modern ocean, and anoxic settings 

were much more extensive. It is thus likely that the residence time of U dissolved in seawater was 

much shorter. If the residence time of U was similar to the mixing timescale of the oceans, the U 



concentration and isotopic composition of the oceans would have been heterogeneous, which 

would have important consequences for interpretation of the U isotopic mass-balance of ancient 

carbonates and organic-rich shales. 

To get a sense of how the U residence time could have been different in the past oceans 

compared to the modern value (𝜏~400 kyr), we have estimated the residence time of uranium for 

different extent of anoxia. The residence time is given by, 

 ,                                                                        (6) 𝜏 =
𝑀𝑠𝑤[𝑈]𝑠𝑤,𝑡

𝐹𝑖𝑛

where,  is the mass of the oceans,  is the seawater U concentration at time t, and  is 𝑀𝑠𝑤 [𝑈]𝑠𝑤,𝑡 𝐹𝑖𝑛

the U input flux into the ocean. The mass of the oceans  did not change much since the Archean 𝑀𝑠𝑤

(presumably within a factor of 2; Pope et al. 2012; Korenaga et al. 2017). The input flux and U 

inventory of seawater could have changed more dramatically, and we examine below how the 

residence time of U could have been affected. These changes are assessed by examining the 

composition of chemical sediments, which indirectly record the composition of seawater from 

which they derive. 

We estimate  and  in Eq. 6 based on an oceanic mass-balance model modified from [𝑈]𝑠𝑤,𝑡 𝐹𝑖𝑛

Reinhard et al. (2013) and Sheen et al. (2018). At steady-state, the flux of uranium into the ocean 

(μg/yr) is equal to the flux out (μg/yr) given by the U burial rate  (μg U cm-2 yr-1) 𝐹𝑖𝑛 𝐹𝑜𝑢𝑡 𝐵𝑖

integrated over the seafloor surface area  (cm2) covered by a particular sink i,𝐴𝑖

 .         (7)𝐹𝑖𝑛 = 𝐹𝑜𝑢𝑡 = ∑
𝑖𝐹𝑖 = ∑

𝑖∫
𝐴𝑖 
0 𝐵𝑖𝑑𝐴

Splitting the sinks into anoxic (a), and non-anoxic (na), Eq. 7 becomes,

 .         (8)𝐹𝑖𝑛 = ∫𝐴𝑛𝑎 
0 𝐵𝑛𝑎𝑑𝐴 + ∫𝐴𝑎 

0 𝐵𝑎𝑑𝐴



The U burial rates in the past ocean are related to the modern (  subscript) burial rates in each 𝑚

sink by a dimensionless scaling factor ,𝜀

 .         (9)𝐵𝑛𝑎 = 𝜀𝑛𝑎𝐵 
𝑛𝑎,𝑚

 .                   (10)𝐵𝑎 = 𝜀𝑎𝐵 
𝑎,𝑚

The U burial rates scale with U concentration in seawater at time   following a power 𝑡 [U]𝑠𝑤,𝑡

relationship (Reinhard et al. 2013),

 .       (11)𝜀𝑛𝑎 = 𝑘𝑛𝑎[U]𝑠𝑤,𝑡
𝜃𝑛𝑎

 .       (12)𝜀𝑎 = 𝑘𝑎[U]𝑠𝑤,𝑡
𝜃𝑎

For the non-anoxic sink, we take  to be constant and we constrain it from the modern seawater 𝑘𝑛𝑎

U concentration  ( ), [𝑈]𝑠𝑤,𝑚 𝜀𝑛𝑎,𝑚 = 1

 .       (13)𝑘𝑛𝑎 =
1

[𝑈]𝑠𝑤,𝑚
𝜃𝑛𝑎

The modern burial rate for the non-anoxic sink is  so that Eq. 9 becomes,𝐵 
𝑛𝑎,𝑚 = 𝐹𝑛𝑎,𝑚 𝐴𝑛𝑎,𝑚,

 .       (14)𝐵𝑛𝑎 = ( [U]𝑠𝑤,𝑡

[U]𝑠𝑤,𝑚)𝜃𝑛𝑎𝐹𝑛𝑎,𝑚

𝐴𝑛𝑎,𝑚

As discussed by Reinhard et al. (2013) and Sheen et al. (2018), one cannot assume that the anoxic 

sink scaling factor  remained constant as trace metal burial rate also depends on organic carbon 𝑘𝑎

burial rate (Algeo and Lyons 2006). Modern anoxic burial rates are measured in shelf sediments, 

where organic burial rates are high due to high primary productivity. In the past, anoxia could have 

expanded into abyssal plains, which are characterized by lower carbon burial rates and presumably 

lower efficiency of redox metal removal (e.g., U). In order to account for these two effects, we 

write  as a function of the organic carbon burial rate  (mmol C cm-2 yr-1),𝑘𝑎 𝐵𝐶𝑜𝑟𝑔

 ,       (15)𝑘𝑎 = 𝛾𝐵𝐶𝑜𝑟𝑔



where  is a parameter that did not change through time. The scaling factor relating anoxic U burial 𝛾

rate to seawater concentration therefore takes the following form (by combining Eqs. 12 and 15),

 .       (16)𝜀𝑎 = 𝛾𝐵𝐶𝑜𝑟𝑔[𝑈]𝑠𝑤,𝑡
𝜃𝑎

The anoxic burial rate in Eq. 10 is therefore,

 .                                           (17)𝐵𝑎 = 𝛾𝐵𝐶𝑜𝑟𝑔[𝑈]𝑠𝑤,𝑡
𝜃𝑎𝐵 

𝑎,𝑚

Integrating the burial rates over the surface area of the sinks, we have from Eq. 8,

 .      (18)𝐹𝑖𝑛 = ( [U]𝑠𝑤,𝑡

[U]𝑠𝑤,𝑚)𝜃𝑛𝑎 𝐴𝑛𝑎

𝐴𝑛𝑎,𝑚
𝐹 

𝑛𝑎,𝑚 + ∫𝐴𝑎 
0 𝛾[𝑈]𝑠𝑤,𝑡

𝜃𝑎𝐵𝐶𝑜𝑟𝑔𝐵 
𝑎,𝑚𝑑𝐴

Assuming that the oceans were homogeneous and given that , ,  and  are [𝑈]𝑠𝑤,𝑚
𝜃𝑛𝑎 𝛾 𝐵𝑛𝑎,𝑚 𝐵 

𝑎,𝑚

constant in our model, we can rewrite Eq. 18 as,

 .      (19)𝐹𝑖𝑛 = ( [U]𝑠𝑤,𝑡

[U]𝑠𝑤,𝑚)𝜃𝑛𝑎 𝐴𝑛𝑎

𝐴𝑛𝑎,𝑚
𝐹 

𝑛𝑎,𝑚 +𝛾[𝑈]𝑠𝑤,𝑡
𝜃𝑎𝐵 

𝑎,𝑚∫𝐴𝑎 
0 𝐵𝐶𝑜𝑟𝑔𝑑𝐴

We now focus on the anoxic flux (second term on the right side of Eq. 19). The carbon burial 

rate per unit time per unit surface area depends on depth  (m) following the equation (Middelburg 𝑍

et al. 1997; we assume that this relationship did not change through time),

 ,       (20)𝐵𝐶𝑜𝑟𝑔 = 𝛼10 ―𝛽𝑍

with , . Following Reinhard et al. (2013) and Sheen et al. (2018), we posit 𝛼 = 0.63 𝛽 = 0.00062

that anoxia expands from the continental shelf to abyssal plains. This is obviously a simplification 

as in the modern oceans, non-anoxic and anoxic environments coexist laterally at the same 

bathymetry. With this caveat in mind, we introduce , a function that gives the seawater depth 𝜁(𝐴)

 above which seafloor covers a surface area . The modern function  is fitted using a linear 𝜁 𝐴 𝜁𝑚(𝐴)

function to bathymetric data from the Global Topography V19.1 database (Smith and Sandwell 

1997;  Fig. 8),

 ,                   (21)𝜁𝑚(𝐴) ≃ 𝑎𝐴 + 𝑏



with  in m and  in m2,  and . 𝜁𝑚(𝐴) 𝐴 𝑎 = 1.59 × 10 ―15 𝑏 = 560

Equation 19 therefore takes the form,

 .                 (22)𝐹𝑖𝑛 = ( [U]𝑠𝑤,𝑡

[U]𝑠𝑤,𝑚)𝜃𝑛𝑎 𝐴𝑛𝑎

𝐴𝑛𝑎,𝑚
𝐹 

𝑛𝑎,𝑚 +𝛾[𝑈]𝑠𝑤,𝑡
𝜃𝑎𝐵 

𝑎,𝑚∫𝐴𝑎

0 𝛼10 ―𝛽𝜁𝑚(𝐴)𝑑𝐴

To constrain , we apply the expression for the anoxic sink to the modern ocean,𝛾

 ,       (23)𝐹𝑎,𝑚 = 𝛾[𝑈]𝑠𝑤,𝑚
𝜃𝑎𝐵 

𝑎,𝑚∫𝐴𝑎,𝑚

0 𝛼10 ―𝛽𝜁𝑚(𝐴)𝑑𝐴

from which we can express  as,𝛾

 .                               (24)𝛾 =
𝐹𝑎,𝑚

[𝑈]𝑠𝑤,𝑚
𝜃𝑎𝐵 

𝑎,𝑚∫𝐴𝑎,𝑚
0 𝛼10

―𝛽𝜁𝑚(𝐴)
𝑑𝐴

We thus have for  (by combining Eqs. 22 and 24),𝐹𝑖𝑛

 .       (25)𝐹𝑖𝑛 = ( [U]𝑠𝑤,𝑡
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We are primarily interested in evaluating how the U residence time could have changed in the 

past. The residence time  (kyr) depends on the U input and output fluxes (μg U/yr) and the U 𝜏

inventory of seawater as expressed in Eq. 6. Reinhard et al. (2013) showed that for Mo in modern 

anoxic basins,  was apparently close to 0.25. In our calculation of residence time, we therefore 𝜃𝑎

explore  values for U between 0.25 and 1. 𝜃𝑎

4.3.1. Approach 1. Constant U input flux after the GOE

Reinhard et al. (2013) and Sheen et al. (2018) applied their mass-balance model to the 

Proterozoic Eon to constrain the extent of oceanic anoxia based on the concentrations of authigenic 

redox metals (Cr, Mo and Re) in shales. For that purpose, they assumed that once the GOE started, 

the riverine flux of redox-sensitive elements stayed the same and was equal to the modern value. 

The justification for this assumption is that after the GOE, the atmosphere became oxygenated and 



redox-sensitive minerals disappeared from detrital sediments, so if crustal weathering was the 

same as today, riverine delivery of redox-sensitive elements must have been similar to the present 

levels. As a first approach, we make the same assumption to calculate the residence time of U in 

the oceans after the GOE (as discussed below, we use other approaches before the GOE). If we 

keep the influx equal to the modern value , we can use the relation in Eq. 25 and the inverse 𝐹𝑖𝑛,𝑚

function  to calculate the residence time as a function of anoxia extent, [U]𝑠𝑤,𝑡 = 𝜙 ―1(𝐹𝑖𝑛,𝑚)

.                                                             (26)𝜏 =
𝑀𝑠𝑤𝜙 ―1(𝐹𝑖𝑛,𝑚)

𝐹𝑖𝑛,𝑚

In Fig. 9, we plot  as a function of . The residence time of U in seawater decreases 𝜏 𝐴𝑎

significantly if the anoxic seafloor area exceeds ~4% of the total seafloor. Knowing the influx, we 

can calculate seawater concentration using Eq. 25 (Fig. S2), as well as the U concentrations in 

carbonates and black shales (Fig. S3, the details of the calculations are provided in Sections 4.3.2 

and 4.3.3). Some model parameters would yield black shale and carbonate U concentrations that 

are clearly inconsistent with the rock record, and we highlight with thick solid lines in Fig. 9 the 

range of values of seafloor anoxia that yield realistic concentrations. As expected, the seawater U 

residence time decreases with a greater extent of anoxia and it could have reached ~18 kyr for  𝜃𝑎

= 0.75 and around  anoxia. This value for the seawater U residence time is larger than the ≥ 30 %

modern ocean mixing timescale of ~1 kyr but is much lower than the modern seawater U residence 

time of ~400 kyr.  

4.3.2. Approach 2. Using authigenic U concentration in shale

The constant input flux assumption used in Section 4.3.1 (this study; Sheen et al. 2018; 

Reinhard et al. 2013) may be reasonable after the GOE. However, it is invalid before the GOE as 

detrital uraninite was able to survive weathering under the anoxic atmosphere that prevailed during 



that time. Below, we explore two approaches that relax the assumption of a constant input flux and 

use instead sedimentary data to constrain the seawater U residence time, starting with the shale 

data. 

In the framework of our model, we can relate the concentration of authigenic U in black shales 

 (ppm) to the concentration of U in seawater. Since shale samples are from continental [U]𝑏𝑠

margins, we integrate the anoxic burial rate  over the anoxic area  until it reaches the boundary 𝐵 
𝑎 𝐴𝑎

of modern continental margins (  cm2, 28% of global seafloor area, 𝐴𝑎 ≤ 𝐴𝐶𝑀 = 1.014 × 1018

Carleton 2000). The total amount of U deposited per unit time in anoxic sediments on the 

continental margin  is given by,𝐹𝑎,𝐶𝑀

 .          (27)𝐹𝑎,𝐶𝑀 = ∫𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀) 
0 𝐵𝑎𝑑𝐴 = ( [U]𝑠𝑤,𝑡

[U]𝑠𝑤,𝑚)𝜃𝑎∫𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀) 
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0 10

―𝛽𝜁𝑚(𝐴)
𝑑𝐴

𝐹𝑎,𝑚

The black shale bulk mass accumulation rate  is calculated using the dry bulk density 𝑅

measured in Cariaco Basin (0.606 g/cm3 of dry solid per volume of wet sediment; Sheen et al. 

2018, Peterson et al. 2000) multiplied by a sedimentation rate  of 5-100 m/Myr (Einsele 1992). 𝑆

The average modern value is ~33 m/Myr (Partin et al. 2013a) and we explore the range 5-100 

m/Myr to illustrate the sensitivity of the calculation to this parameter. These three sedimentation 

rates result in bulk mass accumulation rate values of ,  and  g 0.3 × 10 ―3 2.0 × 10 ―3 6.1 × 10 ―3

cm-2 yr-1, respectively. The predicted authigenic U concentration in anoxic shales  (ppm) is [U]𝑏𝑠

obtained by dividing Eq. 27 by the total sediment flux in shelf anoxic sediments , 𝑅 × 𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀)

 .             (28)[U]𝑏𝑠 =
∫𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀) 

0 𝐵𝑎𝑑𝐴

𝑅 × 𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀) =
1

𝑅 × 𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀)( [U]𝑠𝑤,𝑡

[U]𝑠𝑤,𝑚)𝜃𝑎∫𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀) 
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𝐹𝑎,𝑚

For a given extent of anoxia , this equation establishes a relationship between the authigenic 𝐴𝑎

U enrichment in black shale  and the U concentration in seawater . We take authigenic [U]𝑏𝑠 [U]𝑠𝑤,𝑡



U concentrations in black shales from Partin et al. (2013a) (Table 2) to solve Eq. 28 for the 

concentration of U in seawater as a function of the extent of anoxia,

 .    (29)[U]𝑠𝑤,𝑡 = [U]𝑠𝑤,𝑚([U]𝑏𝑠 × 𝑅 × 𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀)
𝐹𝑎,𝑚
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1/𝜃𝑎

Injecting Eq. 29 to Eq. 25, we can calculate the U input flux at any geological time for a given 

extent of anoxia based on the available black shale record,

𝐹𝑖𝑛 = ([U]𝑏𝑠 × 𝑅 × 𝑚𝑖𝑛(𝐴𝑎,𝐴𝐶𝑀)
𝐹𝑎,𝑚

∫𝐴𝑎,𝑚 
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 .   (30)
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The residence time is the inventory in seawater divided by the input flux (Eq. 6), which we can 

calculate by combining Eqs. 29 and 30,

 .                  (31)𝜏 =
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Fig. 10 shows the U residence time calculated using black shale data as a function of the areal 

extent of anoxic sinks with different sedimentation rates in the Archean (left panel) and mid-

Proterozoic (right panel). We also calculate and plot the predicted U concentration in carbonates 

using the approach described in Section 4.3.3 (Fig. S4) and the seawater concentration calculated 

using black shale data and Eq. 29 (Fig. S5). Some model parameters yield U concentrations in 

carbonates that are clearly inconsistent with the rock record (Fig. 1A). We also calculate and plot 

the predicted U input flux using Eq. 30 (Fig. S6), which adds another constraint to the possible 

residence time, as we can conservatively assume that the flux of dissolved U to the oceans was 

smaller in the Archean than what it is at present. We highlight with thick solid lines in Fig. 10 the 



range of values that yield realistic carbonate concentrations and input U flux. In the Archean and 

mid-Proterozoic, the residence time decreases with a greater extent of anoxia, and it could have 

reached ~18 kyr for ,  = 100 m/Myr and around  anoxia in the Archean, and 𝜃𝑎 = 0.75  𝑆 ≥ 20 %

could have reached ~18 kyr for ,  = 33 m/Myr and around  anoxia in the mid-𝜃𝑎 = 0.75  𝑆 ≥ 25 %

Proterozoic, respectively. These modeled Precambrian seawater U residence times are much 

shorter than that of the modern ocean. 

4.3.3. Approach 3. Using carbonate U concentration

A third approach for estimating the residence time of U in seawater when holding flux in 

constant is unjustified, is to use carbonates to infer seawater U concentration by using the U/Ca 

ratio, 

 ,                                            (32)  [𝑈]𝑠𝑤,𝑡 = [𝐶𝑎]𝑠𝑤,𝑡 ×
(𝑈 𝐶𝑎)𝑐𝑎𝑟𝑏,𝑡

𝐷𝑈

where  is the  distribution coefficient between carbonate and seawater, and  is the 𝐷𝑈 𝑈 𝐶𝑎 [𝐶𝑎]𝑠𝑤,𝑡

Ca concentration in seawater at time t (11 mmol/kg in modern seawater). For  (mass (𝑈 𝐶𝑎)𝑐𝑎𝑟𝑏,𝑡

ratio), we use our carbonate measurements as well as the data compiled from the literature listed 

above (see Supplementary Table 1). The values of  and  relevant to the Precambrian [𝐶𝑎]𝑠𝑤,𝑡 𝐷𝑈

are discussed below. 

Based on analyses of primary fluid inclusions from marine halite, Brennan et al., (2004) 

estimated that  increased from 9.5-18.5 to 33.5-40 mmol/kg at the Neoproterozoic-[𝐶𝑎]𝑠𝑤

Cambrian boundary between ~544 Ma and 515 Ma. Spear et al. (2014) also used the composition 

of primary fluid inclusions in marine halite to constrain the Ca concentration of ~830 Ma seawater 

to be between 9 and 12 mmol/kg. Blättler et al. (2018) provided a range of ~2.5-40 mmol/kg for 

 at ~2.1 Ga based on the study of a 2.1-billion-year-old marine evaporite succession from [𝐶𝑎]𝑠𝑤



the Onega Parametric Hole (OPH), Karelia, Russia. These estimates are also consistent with the 

modeled secular variations in Precambrian seawater chemistry of Hardie (2003). Hardie (1996) 

modeled the secular  evolution during the Phanerozoic. We use the  value for each [𝐶𝑎]𝑠𝑤 [𝐶𝑎]𝑠𝑤

time interval from Hardie (1996, 2003) for calculation of .[𝑈]𝑠𝑤,𝑡

The U/Ca distribution coefficient  is highly variable and has been estimated based on culture 𝐷𝑈

experiments (e.g., Russell et al. 1994), co-precipitation experiments of inorganic aragonite and 

calcite (e.g., Meece and Benninger 1993; DeCarlo et al. 2015), studies of natural corals (e.g., Swart 

and Hubbard 1982; Gothmann et al. 2019), measurements of other biogenic carbonates 

(e.g., Russell et al. 1994; Keul et al. 2013) and studies of coexisting porewater and carbonate in 

drill cores (Teichert et al. 2003; Maher et al. 2006). Although the average distribution coefficient 

through Earth’s history might be expected to vary depending on proportion of aragonite 

precipitating from seawater, we find no clear correlation between the U concentration of 

carbonates and the inferred Mg/Ca ratio of coeval seawater (Halevy and Bachan 2017; Hardie 

1996, 2003), suggesting minimal influence of primary carbonate mineralogy on U enrichment in 

the sedimentary carbonate record (see Fig. S7). We therefore assume a single value of 1.4 as 

calculated from measurements of uranium concentrations in calcite and pore water from the Ocean 

Drilling Program site 984 (Maher et al. 2006; Lau et al. 2016). This distribution coefficient might 

indeed be suitable for modeling U incorporation in Precambrian carbonates before the rise of 

calcifying organisms. 

Equation 32 allows us to calculate the concentration of U in seawater from carbonate data, 

which we can then inject in Eq. 25 and Eq. 6 to calculate the U input flux and residence time, 
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(33)
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In Fig. 11, we plot the U residence time as a function of the areal extent of anoxia in the Archean 

(left) and mid-Proterozoic (right) using estimated U concentrations in seawater (Table 2) 

calculated from the measured U concentration in carbonates. We also calculated the predicted 

black shale concentration in Fig. S8 using Eq. 28. Some model parameters yield U concentrations 

in black shales that are clearly inconsistent with the rock record (see Fig. 1B). Some parameters 

also yield input dissolve U fluxes into the oceans that exceed the modern value, which is unrealistic 

(Fig. S9). We highlight with thick solid lines in Fig. 11 the range of values that yield realistic shale 

U concentrations and U input flux. The residence time decreases with a greater extent of anoxia 

and it could have reached ~18 kyr for  and around  anoxia in the Archean and 𝜃𝑎 = 0.75 ≥ 30 %

mid-Proterozoic. Again, these modeled Precambrian seawater U residence times are much shorter 

than that of the modern ocean and are consistent with the modeled results in approach 1 and 2. 

4.4.  Mixing time in Archean and Proterozoic oceans   

The above estimates indicate that the residence time of U may have been short, and in some 

cases approached the present-day seawater mixing timescale. However, the ancient ocean mixing 



timescale could have also differed significantly from that of today, as the oceans were likely 

characterized by different bathymetry, atmospheric forcing and tides. Highlighting the role of sea 

ice in Antarctic bottom-water formation, Lowe (1994) speculated that deep-ocean mixing 

timescale during the Archean may have been hundreds of thousands, or even millions of years, if 

the climate was warm enough for the Earth to be ice free. However, our current understanding of 

the deep-ocean circulation suggests that, while the location of bottom-water formation may change, 

the deep-ocean overturning circulation could remain active even with ice-free climates (e.g., 

Enderton and Marshall 2009; Jansen 2017). Moreover, turbulent mixing processes ventilate the 

abyssal ocean even in the absence of a large-scale overturning circulation (e.g., Burke et al. 2015). 

To estimate whether the ocean mixing timescale would have differed substantially from the 

modern value during the Late Archean and Early Proterozoic, it is useful to consider the energy 

sources for ocean dynamics. The deep-ocean circulation and mixing processes derive their energy 

primarily from winds and tides (e.g., Wunsch and Ferrari 2004). Winds affect the circulation both 

directly by driving divergent currents that pull waters from the deep ocean to the surface (e.g., 

Nikurashin and Vallis 2012) and indirectly via the generation of ocean turbulence. Tides also lead 

to the generation of small-scale turbulence in the ocean’s interior and are likely to be the dominant 

source of energy for diapycnal mixing (i.e., mixing across density surfaces), which in turn is 

fundamental to the maintenance of the deep-ocean overturning circulation and stratification 

(Wunsch and Ferrari 2004).

Winds in the Archean may have differed from those today due to possible differences in the 

global mean temperature, Earth’s rotation rate, continental area and configuration and/or 

atmospheric pressure. The climate of the Archean is poorly constrained, such that a wide range of 

global mean temperatures is possible based on empirical constraints (e.g., Feulner 2012). Modeling 



by O’Gorman and Schneider (2008) suggests that atmospheric eddy kinetic energy varies non-

monotonically by about a factor of two across a wide range of climate states with global mean 

temperatures between -10 and +45 °C, with the highest energy obtained at a temperature similar 

to that of the present day. The planetary rotation rate in the Archean was likely faster, perhaps by 

about a factor of two (e.g. Webb 1982). While Jenkins et al. (1993) found that this could have led 

to a significant reduction in mean tropospheric winds, Olson et al. (2020) showed that the surface 

wind stress, which governs the energy input into the oceans, was not very sensitive to rotation rate, 

with a halving of the day length leading to about a 15% decrease in the surface wind stress over 

the ocean. Surface pressure during the Archean remains uncertain, but most data point towards a 

lower surface pressure, perhaps around half of the present-day value (Catling and Zahnle 2020). 

Olson et al. (2020) find that a halving of surface pressure leads to a reduction in surface wind stress 

of about 25%. Assuming that ocean surface currents are themselves proportional to the wind stress 

magnitude (as expected for the major ocean gyres - e.g., Vallis 2006) the energy input is 

proportional to the square of the wind stress, such that a 25% reduction in wind stress would 

amount to about a 45% decrease in wind-driven energy input. We conclude that the wind energy 

input to the Archean and Early Proterozoic oceans was probably somewhat lower than today, but 

within the same order of magnitude. 

Tides during the Archean were affected by two compensating effects: the closer proximity of 

the moon would result in stronger tides, but the shorter day-length would lead to reduced tidal 

dissipation as oceanic normal modes become less efficiently excited by the tidal forcing (Webb 

1982; Bills and Ray 1999). Modeling by Webb (1982) suggests that the average tidal energy 

dissipation in the ocean ~2 Ga was roughly similar to that today, while it may have been about 

twice as large at ~3 Ga. However, estimates of Archean tides remain highly uncertain, and the 



models at best provide only a rough estimate of the average tidal dissipation rates. Tidal resonances, 

which modulate energy dissipation, are affected by ocean basin geometry, adding further 

uncertainty to tidal dissipation in the Archean (e.g., Bills and Ray 1999).

A number of additional factors that are difficult to constrain can affect how efficiently the 

energy input of winds and tides is converted into motion that contributes to deep-ocean mixing. 

These factors include the continental configuration, which shapes deep-ocean overturning 

circulation (e.g., Enderton and Marshall 2009), as well as various parameters that influence the 

relationship between tidal energy dissipation and diapycnal mixing rates (such as sea-floor 

topography and ocean stratification; e.g. Garrett and Kunze 2007; Mashayek et al. 2017). 

Substantial uncertainties therefore remain with regards to the ocean mixing timescale during the 

Late Archean and Early Proterozoic, but we do not expect a systematic difference beyond an order-

of-magnitude from the present ocean mixing timescale, so a range of 0.1-10 kyr appears reasonable 

for much of Earth's history.  

When Earth was dominated by anoxic bottom water, our calculations (Figs. 10 and 11) show 

that the residence time of U would have been much lower than present, possibly reaching ~18 kyr. 

It is thus conceivable that the deep-ocean mixing timescale and residence time of U in the Archean 

oceans may have been of similar order. Consequently, the isotopic composition of U in carbonates 

and shales may not necessarily reflect the global redox state of the oceans, but instead may only 

provide information about the regional redox conditions under which the carbonates and shales 

were deposited. In particular, we cannot exclude a substantial gradient in U concentration and 

isotopic composition between the upper layer of the oceans (where carbonates are deposited) and 

the deep-waters overlying anoxic sediments. It is even possible that ocean mixing itself governed 

the residence time of U in the oceans by limiting its supply to the sediments. This scenario offers 



a possible explanation for the observed similarity in 238U values of Archean carbonates and shales. 

Carbonates would have precipitated from surface waters whose U isotopic composition resembled 

the riverine source, while shales would have formed in deep waters where quantitative U removal 

under anoxic conditions would again record the U isotopic composition of the input flux, while 

leaving abyssal seawater depleted in 238U (Fig. 12). 

      

4.5.  Non-uniformitarian U isotopic fractionation during deposition of 

Precambrian black shales

The mass balance of U isotopic composition of anoxic and other sinks assumes that our 

knowledge of the U cycle in the modern ocean is transferrable to deep times, as it uses empirical 

isotopic fractionation factors between sinks and seawater that are constrained based on analyses 

of recent sediments. Another conceivable explanation as to why Archean and Proterozoic 

carbonates have the same isotopic composition as continents is that the inferred U isotopic 

fractionation between U in anoxic sediments (black shales) and seawater constrained based on the 

modern ocean (Weyer et al. 2008; Montoya-Pino et al. 2010; Andersen et al. 2014; Holmden et al. 

2015; Tissot and Dauphas 2015; Andersen et al. 2016) is not applicable to the Archean world. In 

organic-rich sediments of the modern ocean, δ238U values are shifted by ~+0.6 ‰ relative to U 

dissolved in seawater. If this fractionation factor was smaller in the Archean oceans, the removal 

of U with anoxic shales would not necessarily have induced a shift in the U isotopic composition 

of seawater and thus carbonates. If the isotopic fractionation during U uptake to carbonates was 

different than the modern, this would also affect our interpretations of the U sedimentary record. 

Uranium isotopic fractionation during removal to sediment can be affected by both equilibrium 

and kinetic processes, which are in turn affected by U speciation in seawater (Chen et al. 2016, 



2017; Brown et al. 2018). We therefore start by calculating U speciation in ancient seawater (Fig. 

13A). Chen et al. (2017) had calculated U speciation in the Phanerozoic and we extend that work 

to the Archean. 

The geochemical modeling of aqueous U speciation follows Chen et al. (2017) and uses the 

PHREEQC program (Parkhurst and Appelo 2013). The four most important aqueous U(VI) species 

(their total concentration accounts for >99% of U in solution) are Ca2UO2(CO3)3(aq), 

CaUO2(CO3)3
2−, MgUO2(CO3)3

2− and UO2(CO3)3
4-. In Chen et al. (2017), Ca2UO2(CO3)3(aq), 

CaUO2(CO3)3
2−, and MgUO2(CO3)3

2− were added into the sit.dat database for the speciation 

calculation, with equilibrium constants from Dong and Brooks (2006). The species 

Ca2UO2(CO3)3(aq) and CaUO2(CO3)3
2- are in the sit.dat database of the latest PHREEQC (version 

3), so only MgUO2(CO3)3
2− and its equilibrium constant from Dong and Brooks (2006) were added 

to the sit.dat database in our simulation. The major element seawater chemistry from the Archaean 

to the present is from Halevy and Bachan (2017) and Hardie (1996, 2003). Specifically, the 

simulation uses major ion concentrations (Cl-, Na+, K+ and Mg+) in seawater given by Halevy and 

Bachan (2017), as well as PCO2, pH and Ca concentrations constrained by Hardie (1996, 2003). 

Uranium concentration in seawater is estimated in this study based on carbonate concentrations 

(see Section 4.3.2). Using these parameters, we find that the fraction of the neutral U(VI) species 

Ca2UO2(CO3)3(aq) in seawater is dominantly affected by Ca concentration in seawater. The 

dominant species are always Ca2UO2(CO3)3(aq) and CaUO2(CO3)3
2-. The modern ocean comprises 

~44% Ca2UO2(CO3)3 and ~33% CaUO2(CO3)3
2-, while the ocean older than ~0.7 Ga would have 

comprised a larger fraction of neutral U species (~51% Ca2UO2(CO3)3 and ~32% CaUO2(CO3)3
2-). 

Uranium aqueous speciation could have affected U isotopic fractionation in two manners: (1) 

During U(VI) removal to carbonates, U isotopic fractionation is affected by the U speciation in 



seawater as the equilibrium fractionation between Ca2UO2(CO3)3 and U in CaCO3 is larger than 

the fractionation between CaUO2(CO3)3
2- and U in CaCO3 (Chen et al. 2017). (2) During U 

removal to black shales, U is reduced from U(VI) to U(IV) and this can be affected by kinetic 

isotope effects that again are controlled by U speciation in seawater (Brown et al. 2018). 

Based on our speciation calculation and the equilibrium isotopic fractionation factor given by 

Chen et al. (2017), we have calculated the equilibrium fractionation of U between U(VI) in 

carbonate and U(VI) in seawater and we find that in the Archean the isotopic fractionation could 

have been ~0.16-0.21 ‰ for 238U compared to ~0.1 ‰ at present (Fig. 13B). This is a small 

change and it is insufficient to explain the fact that carbonates have the same isotopic composition 

as black shales in the Archean and much of the Proterozoic.

Brown et al. (2018) studied experimentally the effect of reduction kinetics on U isotopic 

fractionation. They found that abiotic U reduction was associated with a larger isotopic 

fractionation when the dissolved species were dominated by neutrally charged aqueous Ca-U-CO3 

species. Conversely, the fractionation was smaller when the fraction of neutral dissolved species 

was low, and the reduction rate was high. Changes in U aqueous speciation through time could 

have affected the magnitude of U isotopic fractionation during U-reduction and removal to black 

shales. Brown et al. (2018) found a correlation between the fraction of the neutral species 

Ca2UO2(CO3)3(aq) and the isotope fractionation between reduced and oxidized U (238UIV-VI = 

0.854 ×fUneutral + 0.2). Using this relationship and our speciation calculation, we calculate the 

predicted isotopic fractionation between reduced U in sediments (black shales) and seawater (Fig. 

13B). As shown in Fig. 13A, the larger fraction of neutral species in the Archean should have been 

associated with larger isotopic fractionation between black shales and seawater (carbonates) and 

this cannot explain the similar isotopic fractionation recorded by shales and carbonates from that 



Eon. This is also shown in Fig. 13B, where we plot the predicted fractionation between carbonate 

and shales, only considering changes in U speciation. 

 As discussed above, changes in the U speciation in seawater cannot explain our observation 

that both carbonates and black shales have 238U isotopic compositions similar to the crust during 

the Archean. Other processes may have been at play however, especially concerning U removal to 

black shales. Indeed, the pathway by which U(IV) is scavenged into reduced sediments is not fully 

resolved; it could involve both precipitation of uraninite in pore waters and adsorption onto organic 

matter and organic matter-coated clays (Anderson et al. 1989; Klinkhammer and Palmer 1991; 

Cochran 1992; Barnes and Cochran 1993; Morford and Emerson 1999; Bone et al. 2017). As 

discussed by Bone et al. (2017), the role of adsorption could be critical in aqueous systems with 

low U concentrations, as adsorption could lower the dissolved U(IV) concentration below the level 

required for uraninite precipitation. Based on studies of U concentrations in Precambrian BIFs 

(Partin et al. 2013b), shales (Partin et al. 2013a), and carbonates (this study; Gilleaudeau et al. 

2019; Brüske et al. 2020a), it is likely that the U concentrations in the Archean and Proterozoic 

oceans were factors of 10 to 100 lower than they are in today’s oceans. In this context, the pathway 

for U removal into anoxic sediments could have been very different compared to the modern 

oceans, where both precipitation and adsorption are involved. It is thus conceivable that the U 

isotopic fractionation associated with U removal into anoxic sediments was different in the 

Archean and Proterozoic oceans compared to modern oceans where the ratio of dissolved uranium 

to organic carbon was presumably lower than in the modern oceans and the nature of organic 

matter was different (i.e., mainly bacterial in origin; also comprising mature kerogen recycled from 

older sedimentary successions; Bekker and Holland 2012). These suggestions are highly 

speculative and call for more field and experimental studies to better understand the controls on U 



removal and isotopic fractionation in shales. Interestingly, a recent study investigated the U 

isotopic composition of the modern and Silurian-Devonian shales, which were deposited in 

ferruginous settings and found that δ238U values were highly variable with a muted fractionation 

factor on average (Cole et al. 2020). The authors also explored the effects on the mass balance 

model resulting from different reduction pathways with various apparent fractionation factors as 

well as different U mass accumulation rates. Their preferred interpretation is that the fractionation 

factors associated with ferruginous sinks are small (~ 0.1 ‰) and similar to the oxic sinks. If 

correct, δ238U values may actually constrain the extent of euxinic sinks, which could be associated 

with larger fractionation factors (Gilleaudeau et al. 2019; Stockey et al. 2020). The anoxic but non-

sulfidic conditions are thought to be extensive and dominant in the Precambrian oceans (cf. 

Planavsky et al. 2011; Poulton and Canfield 2011) and if the results of Cole et al. (2020) are 

confirmed, their implication would support our interpretation that the U fractionation factor during 

reduction and burial in Precambrian black shales may have been different compared to that 

documented in modern euxinic ocean basins. A muted fractionation factor during U removal in 

Precambrian black shales would not shift the δ238U value of seawater and carbonates away from 

the riverine source value, which could possibly explain our observations. 

5. Conclusion

Uranium isotopic analyses of black shales and carbonates are increasingly used to reconstruct 

the extent of anoxia in critical periods of Earth’s history. The applicability of this system relies on 

our understanding of the modern U cycle indicating that anoxic sediments tend to be enriched in 

the heavy isotopes of U relative to seawater by ~+0.6 ‰ in δ238U. If this U isotopic fractionation 



is applicable to the Precambrian sedimentary records, we should expect that once an oceanic U 

redox cycle was established, carbonates precipitated in the predominantly anoxic oceans would 

have their δ238U values fractionated by -0.6 ‰ relative to the crustal value. We have measured the 

U isotopic compositions of 95 carbonates ranging in age from 3.25 to 0.63 Ga and our results 

reveal that on long timescale, the U isotopic composition of carbonates did not significantly evolve 

over the Precambrian and was always close to that of continental runoff. This suggests that some 

of the assumptions used to reconstruct ocean paleo-redox conditions from U isotope composition 

of carbonates and organic-rich shales may be invalid. In particular, we show that when oceanic 

anoxia increases significantly, the U residence time may decrease to a level comparable to the 

mixing timescale for the oceans. If correct, this implies that the common assumption that the U 

isotopic composition of Precambrian sediments reflects global ocean redox conditions might be 

flawed. Alternatively, the isotopic fractionation during U removal into Precambrian anoxic 

sediments could have been smaller than the modern value if the mechanism for U removal in shales 

was different. For example, anoxic and Fe-rich deep-ocean conditions, which have been inferred 

to be extensive in the early oceans, might have induced smaller fractionation to U uptake in these 

settings compared to the modern, anoxic and sulfidic, aerially restricted marine settings. If this 

interpretation is correct, it would imply a different operation of the U cycle, until the seawater 

sulfate reservoir dramatically increased in the late Neoproterozoic. More importantly, it would 

point to the limitation of U isotope proxy to constrain Precambrian seawater redox state. Coupled 

carbonate and black shales studies in the same succession might help better constrain the 

underlying reason for muted U isotope fractionations in Precambrian carbonates and organic-rich 

shales. 
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Figure 1. (A). [U] in carbonates through time. [U] data measured in this study (orange diamonds 
= limestones; blue diamonds = dolostones) are for the leached carbonates fractions (U per unit 
mass of carbonate dissolved; see detail in Section 2.2). Grey diamonds are [U] literature data (see 
compilation in Supplementary Table 1). The red bars are the median uranium concentrations of 
carbonates in the six intervals of 3.25-2.43 Ga (preGOE), 2.43-2.06 Ga (GOE), 2.06-0.8 Ga 
(postGOE-preNOE), 0.8-0.68 Ga (ruNOE, ramp up to NOE), 0.68-0.54 Ga (NOE), and 0.54 Ga-
present (postNOE). The large red dot is the median modern value. (B). [U]auth in shales through 



time ([U]auth = [U]total-[Th]/3 with [U] and [Th] in ppm). Note that [U] in carbonates and shales are 
displayed in different units (ppb vs. ppm). Shale data are from Partin et al. 2013a. The average [U] 
in the continental crust is indicated by the grey line at 2.7 ppm (Taylor and McLennan 1985). The 
red lines are the medians of the authigenic uranium concentrations in shales during the same six 
intervals as defined for the carbonate data. 
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Figure 2. 238U in carbonates through time. 238U data measured in this study on leached 
carbonates fraction are displayed as orange diamonds for limestones and blue diamonds for 
dolostones. For both [U] and 238U, the data shows no systematic difference between dolostones 
and limestones in the Precambrian. Grey diamonds are literature data (see Supplementary Table 
1). 238U of the continental crust (-0.29 ± 0.03‰) and modern seawater (-0.392 ± 0.005‰, Tissot 
and Dauphas 2015) are shown for comparison. The red lines are the median uranium isotopic 
composition of carbonates in the same six intervals as shown in Fig. 1. The purple dashed line 
shows the first-order expected 238U value (-0.9 ‰) of carbonates and seawater in a steady-state 
ocean if the uranium oceanic sink is predominantly anoxic (the U fraction going into anoxic 
sediment is close to 100%). Contrary to expectations, carbonates show 238U values similar to 
those of the continental crust and riverine runoff. These results are inconsistent with the view that 
the U isotopic composition of Precambrian seawater simply reflects the areal extent of anoxic 
sediments in the past. 



Figure 3. (A). 238U vs. [U] in carbonates. Data are from this study and literature (see 
Supplementary Table 1). The distribution of the U data clearly shows that there are differences 
in the U oceanic cycle and reservoir size before and after NOE (~ 0.54 Ga), while differences 
among other time intervals are not clear based on the current dataset. (B). 238U vs. U fraction in 
carbonates ( ). Neither δ238U vs. [U], nor δ238U vs.  show any correlation that point to 𝑓𝑈 𝑓𝑈
contamination by a detrital component. 
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Figure 4. 234U/238U) in Precambrian carbonates. Symbol colors as in Fig. 1. The purple 
horizontal line shows the secular equilibrium value (0 ‰), and the blue line shows the modern 
seawater value of ~145‰ (e.g. Ku et al. 1977; Chen et al. 1986; Andersen et al. 2010). Many of 
the (234U/238U) values of the carbonates measured in this study are much larger than the seawater 
value, suggesting that these excesses cannot be simply explained by post-depositional alteration 
by seawater alone. They most likely reflect recoil of 234U into the carbonate fraction from the 
detrital fraction (see Fig. 6 and main text for details). 



Figure 5. (A). [U] vs. 234U/238U) and (B) 238U vs. 234U/238U) in the Precambrian carbonates 
measured in this study. The lack of correlation between these data suggests that the factor 
responsible for the 234U/238U) excesses in the sample had no impact on their [U] and 238U values. 



Figure 6. 234U/238U) value in the carbonates measured in this study as a function of the ratio of 
U mass fractions in detritus and carbonate. The different lines correspond to predicted excesses 
due to alpha-recoil for different effective detritus grain sizes (r) (see Section 4.1 for details). The 
(234U/238U) value of our Precambrian carbonates show a broad correlation with the calculated 
index  of each sample, and the dispersion in the data can be explained by (

𝑈𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠 × 𝑓𝑑𝑒𝑡𝑟𝑖𝑡𝑢𝑠

𝑈𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒 × 𝑓𝑐𝑎𝑟𝑏𝑜𝑛𝑎𝑡𝑒
)

different detrital grain sizes, suggesting that the 234U excesses observed in the carbonates were 
most likely caused by the alpha-recoil effect from the detrital fraction of the sediments.  



-1.4

-1.0

-0.6

-0.2

0.2

0.6

1.0

00.511.522.533.5

δ23
8 U

(‰
)

Age (Ga)

GOE(B) NOEpostGOE-preNOEpreGOE
rnNOE postNOE

-1.4

-1.0

-0.6

-0.2

0.2

0.6

1.0

00.511.522.533.5

δ23
8 U

(‰
)

Age (Ga)

carbonates
shales
iron-rich rocks
crustal value
modern seawater

GOE(A) NOEpostGOE-preNOEpreGOE
rnNOE postNOE

Figure 7. (A). 238U in carbonates, shales, and iron-rich sedimentary rocks through time. 238U in 
carbonates are from this study and the literature (as in Figs. 1 and 2). 238U values for shales and 
iron-rich sedimentary rocks are from the literature (see compilation in Supplementary Table 1). 



If no 238Uauth were reported, the data were all corrected for detrital contribution using the method 
described in Asael et al. 2013. Samples with Al/U ratio larger than the detrital ratio were excluded 
from this figure. (B). The two broad bands illustrate the expected 238U trends in carbonates and 
shales under the assumption of constant offset between anoxic sinks and seawater (which is based 
on our current understanding of the modern seawater U cycle). The differences between the 
observed trends and the expected ones show that the assumption of a constant offset between 
anoxic sediments and seawater might not be valid for the Precambrian, and great care should be 
exercised when applying knowledge of the modern U isotopic cycle to periods in Earth’s history 
when the extent of anoxia was much greater than at the present. 

Figure 8. Seawater depth vs. seafloor area above that depth (  function in the main text). The 𝜁𝑚
blue curve is the modern Global Topography V19.1 database (Smith and Sandwell 1997). The 
orange line is an approximate best fit line (Eq. 21).



Figure 9. Modeled U residence time with increasing seafloor anoxia based on the assumption of 
constant modern-like U riverine flux after the GOE (Reinhard et al. 2013) with different  𝜃𝑎
exponents. The blue box shows the probable ocean mixing timescale range in the Precambrian 
(0.1-10 kyr, see discussion in Section 4.4). The thick solid lines are those that yield realistic U 
concentrations in carbonates and shales (see Fig. S3). 



(A) > 2.4 Ga (B) 1.9-0.8 Ga

5 m/Myr 5 m/Myr

(C) (D)

33 m/Myr 33 m/Myr

(E) (F)

100 m/Myr 100 m/Myr

Figure 10. Modeled U residence time with increasing seafloor anoxia using authigenic U 
enrichment in shales with different assumptions for the sedimentation rates (top panels S=5, 
middle panels S=33, and bottom panels S=100 m/Myr) in the Archean (left) and mid-Proterozoic 
(right) (see text for details). The residence times calculated here relax the assumption of a constant 
influx of U to the oceans made in plotting Fig. 9. Different lines correspond to different exponents 
for the scaling of U burial rates with seawater concentration (Eqs. 12,17). The blue box shows the 



probable ocean mixing timescale range in the Precambrian (0.1-10 kyr, see discussion in Section 
4.4). The thick solid lines are those that yield realistic U concentrations in carbonates (Fig. S4) 
and U input flux (Fig. S6). We can conservatively say that the residence time decreases with a 
greater extent of anoxia, and in the Archean it could have reached ~18 kyr for ,  = 100 𝜃𝑎 = 0.75  𝑆
m/Myr and around  anoxia, and in the mid-Proterozoic it could have reached ~18 kyr for ≥ 20 %

,  = 33 m/Myr and around  anoxia. 𝜃𝑎 = 0.75  𝑆 ≥ 25 %

> 2.4 Ga 1.9-0.8 Ga

Figure 11. Modeled U residence time with increasing seafloor anoxia using U in carbonates in the 
Archean (left) and mid-Proterozoic (right) (see text for details). Different lines correspond to 
different  exponents. The residence times calculated here relax the assumption of a constant 𝜃𝑎
influx of U to the oceans made in plotting Fig. 9. The blue box shows the probable ocean mixing 
timescale range in the Precambrian (0.1-10 kyr, see discussion in Section 4.4). The thick solid 
lines correspond to parameters that yield realistic U concentrations in black shales (Fig. S8) and 
U input flux (Fig. S9). As shown, the residence time decreases with a greater extent of anoxia and 
it could have reached ~18 kyr for  and around  anoxia in the Archean and mid-𝜃𝑎 = 0.75 ≥ 30 %
Proterozoic. 



Figure 12. Cartoon showing the possible scenario for the observed U isotopic composition in 
Precambrian carbonates and shales. Due to the similar magnitudes of the U residence time in 
ancient seawater and ocean mixing timescale, 238U values in carbonates and shales may not 
necessarily reflect the global redox state of the ocean, but instead only provide information about 
the provenance of U where the carbonates or shales were deposited (see detailed discussion in 
Section 4.4).  
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seawater (Brown et al. 2018), and carbonate-shale 238U values using the calculated proportions 
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Table 1.
Sample age and locality, Mn/Sr, Mg/Ca ratios, stable isotopic compositions and U concentrations and isotopic composition for the carbonates measured in this study.

Sample Rock 
Type

Age ± Mn/Sr 𝛅¹³C carb 𝛅¹⁸O Reference* Total 
carbonate a

Mg/Ca a [U] b ± 𝛅²³⁸U c ± 𝛅(²³⁴U/²³⁸U) d ±

  (Ga)   (‰ V-PDB) (‰ V-PDB)   (wt%)  (ppb)   (‰ )  (‰ )  
Fig Tree Group, Barberton Greenstone Belt, Swaziland 
Supergroup, South Africa

             

78-FT-15 Dolostone 3.25 0.02 34.6 1.56 -13.13 1 38.16 0.41 171.6 1.5 -0.21 0.06 728.90 0.35
                
Woman Lake Group, Uchi 
Greenstone Belt, Canada

               

78-WO-629 Limestone 2.87 0.01 271.2 1.18 -10.19 1 85.54 0.01 113.4 1.0 -0.31 0.03 52.02 0.19
78-WO-617G Limestone 2.87 0.01 121.3 1.30 -8.80 1 87.24 0.01 108.4 0.9 -0.21 0.03 -6.62 0.24
78-WO-621 Limestone 2.87 0.01 64.8 0.20 -12.70 1 72.84 0.11 383.0 1.7 -0.03 0.04 -11.97 0.33
Confederation Lake Limestone 2.87 0.01 181.3 1.30 -9.10 1 82.60 0.01 68.0 0.6 -0.69 0.03 175.66 0.37
                
Mosher Carbonate, Steep Rock Lake Group, 
Wabigoon Belt, Canada

              

1977/43 Limestone 2.79 0.01 8.9 2.50 -9.00 1 84.07 0.02 62.0 0.7 -0.53 0.03 73.74 0.34
1977/43 rep1.          58.4 0.7 -0.54 0.03 65.69 0.34
1977/43 rep2.          67.3 0.7 -0.56 0.03 77.53 0.34
        average  62.5 0.4 -0.54 0.02 72.32 0.20
1977/42 Limestone 2.79 0.01 2.5 2.00 -9.21 1 82.74 0.03 26.9 2.3 -0.42 0.06 290.78 0.38
                
Tumbiana Formation, Forstescue 
Group, Australia

               

84-F-54.9 Limestone 2.73 0.01 293.0 -4.01 -18.77 2 51.00 0.02 74.3 0.7 -0.21 0.05 368.90 0.57

84-F-106 Limestone 2.73 0.01 140.1 -2.06 -8.34 2 37.23 0.08 162.0 1.5 -0.21 0.05 333.98 0.57

84-F-112.3 Limestone 2.73 0.01 705.6 -2.48 -18.43 2 32.96 0.06 142.3 1.3 -0.08 0.05 503.57 0.57

84-F-158.6 Limestone 2.73 0.01 303.9 -3.23 -18.74 2 37.64 0.03 84.8 0.8 -0.19 0.05 597.36 0.57
                
Klippan and Bothaville Formations, Vendersdorp 
Supergroup, South Africa

              

79-VE-15 Limestone 2.72 0.01 14.6 -2.10 -19.60 2 34.04 0.05 233.6 2.0 -0.23 0.04 2111.19 0.28

79-VE-11c Limestone 2.72 0.01 3.2 -3.19 -19.04 2 24.42 0.23 71.3 0.7 -0.01 0.11 3314.56 0.61
                
Gwanda Greenstone Belt, 
Zimbabwe

               

78-SE-1b Limestone 2.70 0.00 200.2 0.80 -9.60 1 84.33 0.01 22.8 0.3 -0.26 0.09 215.54 1.00

                
Yellowknife Supergroup, Slave 
Province, Canada

               

HBA-J-224.2.74 Limestone 2.67 0.01 3.5 -5.70 -18.20 1 28.26 0.16 551.2 5.8 -0.43 0.04 424.08 0.30
HBA-J-147.4.74 Limestone 2.67 0.01 33.9 -14.37 -15.84 1 90.66 0.53 54.6 0.5 -0.18 0.08 10.48 0.43
                
Carawine Dolomite, Hamersley 
Group, Australia

               

84-Ca-240 Dolomite 2.63 0.00 627.5 -0.30 -8.70 2 81.01 0.08 23.4 0.2 -0.42 0.06 357.05 0.70



84-Ca-114 Dolomite 2.63 0.00 831.7 -0.77 -5.83 2 77.00 0.47 374.6 1.1 -0.41 0.02 70.36 0.18

84-Ca-118.3 Dolomite 2.63 0.00 647.9 -0.10 -5.25 2 86.08 0.53 256.5 0.9 0.00 0.03 35.70 0.19
                
Gamohaan Formation, 
Campbellrand Subgroup, South 
Africa

               

WB98 - 519.33 Calcite 2.52 0.00  -1.24 -8.00 3 74.29 0.01 83.9 0.7 -0.32 0.04 201.03 0.48
WB98 - 515.13 Calcite 2.52 0.00  -1.55 -8.39 3 60.55 0.02 800.4 2.5 -0.12 0.03 139.02 0.25
WB98 - 513.2 Calcite 2.52 0.00  -1.77 -8.46 3 63.56 0.02 361.9 1.9 -0.12 0.04 171.76 0.24
WB98 - 519.63 Calcite 2.52 0.00  -3.32 -7.09 3 66.50 0.04 173.5 1.5 -0.11 0.03 112.86 0.22
WB98 - 509.6 Calcite 2.52 0.00  -1.78 -8.62 3 62.70 0.02 47.6 0.4 -0.23 0.04 255.33 0.47
WB98 - 519.63 white Calcite 2.52 0.00  -0.48 -6.93 3 66.22 0.01 40.3 0.4 -0.58 0.05 67.94 0.58
WB98 - 522.44 Calcite 2.52 0.00  -1.18 -8.49 3 74.56 0.02 41.9 0.4 -0.36 0.04 149.55 0.47
                
Itabira Group, Gandarela 
Formation, Brazil

               

GA-2 white Calcite 2.43 0.00 13.1-
15.4

-0.60 -8.80 4 87.62 0.01 71.4 0.7 -0.72 0.05 216.75 0.36

GA-2 white rep1.          82.4 0.8 -0.75 0.04 158.69 0.32

GA-2 white rep2.          93.4 0.9 -0.78 0.04 103.78 0.32
        average  80.8 0.4 -0.75 0.03 155.67 0.19
GA-1 Calcite 2.43 0.00 26.7 -0.40 -8.20 4 86.17 0.02 28.6 0.3 -0.82 0.12 -218.89 0.77
GA-4 Calcite 2.43 0.00 7.5 -1.00 -9.30 4 71.09 0.09 239.2 2.1 -0.76 0.05 193.88 0.35
GA-2 black Calcite 2.43 0.00 13.1-

15.4
-0.60 -8.80 4 76.18 0.05 165.6 1.4 -0.91 0.04 -259.23 0.26

                
Espanola Formation, lower 
Huronian Supergroup, Canada

               

82-BL-2 Limestone 2.40 0.00 2.1 -1.29 -16.20 5 69.01 0.02 135.5 1.2 -0.29 0.03 1661.30 0.46
82-BL-5 Limestone 2.40 0.00 2.5 -1.24 -16.41 5 70.24 0.03 73.7 0.6 -0.18 0.04 1097.34 0.48
BL-S54-1697 Limestone 2.40 0.00 5.9 -1.46 -16.29 5 68.59 0.05 110.5 0.9 -0.31 0.04 2268.95 0.48
DM1722' m. calcite 2.40 0.00 22.8 -2.10 -12.90 6 21.23 0.08 626.6 8.6 -0.35 0.04 426.64 0.30
DM2323'3'' Calcite 2.40 0.00 12.6 -1.50 -14.30 6 54.87 0.51 324.5 1.5 -0.33 0.02 373.11 0.19
                
Gordon Lake Formation, upper 
Huronian Supergroup, Canada

               

PL-SA Dolomite 2.31 0.00 123.6 6.20 -8.90 7 38.26 0.56 752.0 2.0 -0.27 0.02 305.45 0.18

PL-S Dolomite 2.31 0.00  5.80 -9.40 7 33.33 0.58 602.1 2.2 -0.25 0.03 631.96 0.19
KN-S Dolomite 2.31 0.00 4.6 8.20 -10.30 7 75.28 0.55 301.8 1.1 -0.21 0.02 168.53 0.19
                
Pretoria Group, Silverton 
Formation, South Africa

               

Si-4 Dolostone 2.15 0.00 2.9 9.10 -7.40 8 75.56 0.53 107.3 0.5 -0.28 0.04 580.27 0.25
                
Mcheka Formation, Lomagundi 
Group, Zimbabwe

               

SLD-11 Dolomite 2.10 0.00  11.60 -4.80 9 78.92 0.61 492.7 1.1 -0.32 0.02 63.71 0.18
                
Fecho do Funil Formation, Minas Supergroup, 
Minas Gerais, Brazil

              

PC-5 Dolomite 2.10 0.00 61.3 7.40 -11.00 4 70.20 0.54 146.8 0.7 -0.29 0.04 274.62 0.25

                



Mistassini Group, Albanel 
Formation

               

MI-10-1 Dolomite 2.10 0.00  0.30 -9.60 10 18.08 1.04 497.1 4.8 -0.35 0.04 277.34 0.25
D2-83-74 Limestone 2.10 0.00 1.1 1.23 -10.93 10 76.77 0.04 166.4 1.5 -0.50 0.03 129.34 0.18
D2-81-74 Limestone 2.10 0.00 0.7 1.46 -11.51 10 34.29 0.47 696.3 3.5 -0.29 0.03 155.90 0.20
D2-72-74 Limestone 2.10 0.00    10 20.53 0.84 273.7 2.4 -0.03 0.05 491.15 0.31
                
upper Nash Fork Formation, upper 
Libby Creek Group, USA

               

2000-3 Dolomite 2.05 0.00 1.8 1.50 -4.80 11 75.11 0.55 141.3 0.5 -0.55 0.02 57.58 0.20
                
Roberts Draw Formation and Estes Creek Formation, Black 
Hills, South Dakota

             

B99.14 Calcite 2.00 0.00  -0.20 -9.80 11 79.76 0.51 524.2 0.9 -0.17 0.02 149.25 0.18
B99.11 Dolomite 2.00 0.00  1.30 -9.70 11 75.69 0.52 61.3 0.5 -0.42 0.06 1144.69 0.35
SD99.2-7 Dolomite 2.00 0.00  2.40 -11.70 11 78.85 0.52 193.9 0.5 -0.30 0.02 668.62 0.19
                
Snare Group, Basler Lake, NWT, 
Canada

               

SN-1 Dolomite 1.97 0.00  2.52 -8.07 12 92.53 0.54 150.3 0.4 -0.42 0.02 182.15 0.18
                
Aluminium River Formation, Amer 
Group, Nunavut, Canada

               

AMC14 Dolomite 1.93 0.00  4.27 -7.13 13 85.75 0.61 258.2 0.8 -0.44 0.03 -111.11 0.20
                
Watterson Formation, Hurwitz 
Group, Nunavut, Canada

               

96-16-1 Dolomite 1.93 0.00 15.2 1.40 -9.50 14 83.92 0.57 71.2 0.6 -0.36 0.05 658.93 0.27
                
Cowles Lake Formation, Coronation Supergroup, 
NWT, Canada

              

84-Co-19 Limestone 1.88 0.00 0.5 1.80 -13.14 5 56.43 0.09 152.1 1.3 -0.32 0.03 149.55 0.42
84-Co-20 Limestone 1.88 0.00 3.2 -1.83 -13.29 5 67.04 0.02 53.3 0.5 -0.32 0.05 504.63 0.57
84-Co-21 Limestone 1.88 0.00 4.4 1.40 -11.28 5 74.67 0.05 60.0 0.5 -0.35 0.04 533.07 0.55
                
Taltheilei Formation, Pethei 
Group, NWT, Canada

               

TL 12 Dolomite 1.86 0.00  1.37 -8.01 12 58.57 0.56 217.3 1.0 -0.28 0.02 960.23 0.19
                
George Formation, Muskwa 
Assemblage, BC, Canada

               

MUSQUA  1.60 0.00    15 53.42 0.15 122.3 1.1 -0.36 0.04 1346.94 0.48
                
Wallace, Helena, and Snowslip Formations, Belt 
Supergroup, MT, USA

              

Base Limestone 1.45 0.00    12 58.49 0.04 2649.2 4.4 -0.19 0.04 103.79 0.30
Upper1 Limestone 1.45 0.00    12 73.31 0.03 186.4 1.7 -0.24 0.04 290.59 0.27

B1-5 Limestone 1.45 0.00    12 36.51 0.16 336.9 3.3 -0.29 0.05 504.33 0.35

A1-5 Limestone 1.45 0.00    12 44.16 0.04 219.8 1.9 -0.40 0.04 574.68 0.26
Upper2 Limestone 1.45 0.00    12 71.00 0.06 191.7 1.6 -0.29 0.04 243.39 0.33

RP190 Limestone 1.45 0.00    12 67.45 0.02 77.3 0.9 -0.28 0.03 538.00 0.18



RP10 Limestone 1.45 0.00  -0.68 -10.46 12 62.13 0.02 45.4 0.4 -0.13 0.04 1371.70 0.47

RP 682 Limestone 1.45 0.00  2.08 -9.33 12 79.32 0.01 94.1 0.8 -0.57 0.04 418.22 0.28

RP 711 Limestone 1.45 0.00  1.33 -10.18 12 75.27 0.03 66.5 0.6 -0.51 0.03 492.84 0.37

RP 504 Limestone 1.45 0.00    12 74.70 0.02 205.9 1.5 -0.20 0.03 192.91 0.25
                
Sukhaya Tunguska Fm., Western 
Siberia

               

GS4-448 Limestone 1.04 0.00  3.50 -6.86 16 87.16 0.01 39.2 0.4 -0.64 0.07 147.08 0.50
GS4-448 rep1.          49.5 0.5 -0.59 0.07 136.65 0.50
GS4-448 rep2.          51.7 0.5 -0.64 0.06 147.90 0.41
        average  45.4 0.3 -0.63 0.04 144.45 0.27

GS4-401 Limestone 1.04 0.00 0.04 1.50 -6.61 16 75.30 0.04 127.6 1.1 -0.82 0.04 127.14 0.34
GS4-490 Limestone 1.04 0.00  3.75 -6.59 16 86.46 0.02 145.9 1.3 -0.79 0.04 76.57 0.27
GS4-478 Limestone 1.04 0.00  3.06 -6.64 16 87.22 0.05 77.7 0.7 -0.64 0.04 163.67 0.28
GS4-383 Limestone 1.04 0.00  1.14 -7.29 16 73.05 0.02 81.8 0.7 -0.61 0.04 217.05 0.55
                
Ymer Ø Group, Eleonore 
Supergroup, E. Greenland

               

GR9-564 Limestone 0.81 0.01 0.01 5.33 -8.32 17, 18 84.23 0.00 1159.6 2.5 -0.64 0.04 56.45 0.19

GR9-564 rep1.          1216.2 1.3 -0.65 0.04 55.89 0.19

GR9-564 rep2.          1204.3 1.3 -0.65 0.04 56.36 0.19
        average  1204.2 0.9 -0.65 0.02 56.23 0.11

GR9-178.6 Limestone 0.81 0.01  4.34 -9.30 17, 18 53.15 0.12 70.4 0.8 -0.18 0.12 413.28 0.77
GR9-148.3 Limestone 0.81 0.01 1.80   17, 18 65.34 0.05 38.9 0.4 -0.22 0.05 779.74 0.58
GR9-148.3 rep          36.7 0.3 -0.25 0.05 747.24 0.57
        average  37.6 0.3 -0.23 0.04 763.40 0.41

GR9-131 Limestone 0.81 0.01 0.90 -0.86 -9.45 17, 18 73.72 0.02 406.0 1.7 -0.14 0.04 471.83 0.33
GR9-120.3 Limestone 0.81 0.01 0.67 -0.34 -9.98 17, 18 79.62 0.01 34.6 0.4 0.10 0.06 628.04 0.70
GR9-326 Limestone 0.81 0.01 0.02 4.98 -7.66 17, 18 86.78 0.01 132.3 1.0 -0.64 0.03 48.77 0.41
                
Elbobreen Fm., Polarisbreen 
Group, Svalbard

               

G529-66 Limestone 0.73 0.00 0.64 2.51 -8.85 19, 20 67.20 0.04 289.4 2.6 -0.32 0.03 365.86 0.18

G529-77 Limestone 0.73 0.00 0.47 2.55 -8.71 19, 20 67.57 0.05 18.8 0.3 0.01 0.06 488.39 0.70

G529-68.1 Limestone 0.73 0.00 0.54 2.13 -9.07 19, 20 63.28 0.07 118.9 1.2 -0.18 0.04 402.62 0.48

G529-72.5 Limestone 0.73 0.00 0.36 -1.91 -8.67 19, 20 81.16 0.02 48.6 0.4 -0.11 0.04 431.07 0.55
                
Bed-Group 20, E. Greenland                

GR16-70 Limestone 0.73 0.00 0.83 -6.47 -8.25 21 45.73 0.12 293.2 2.5 -0.52 0.06 255.77 0.38
GR16-105.4 Limestone 0.73 0.00  -2.30 -7.26 21 74.57 0.01 127.6 1.1 -0.79 0.03 56.04 0.24
GR16-37.3 Limestone 0.73 0.00  -6.38 -4.24 21 38.89 0.73 373.4 2.3 -0.47 0.02 171.65 0.19
                
Rasthof Formation, Otavi Group, 
Namibia

               

B036-20.0 Limestone 0.66 0.00  -0.80 -10.30 22 83.93 0.04 237.6 2.9 -0.14 0.03 201.14 0.18
B036-20.0 rep1.          289.3 3.1 -0.17 0.03 199.66 0.18



B036-20.0 rep2.          296.1 3.1 -0.19 0.03 194.75 0.18
        average  272.4 1.7 -0.16 0.02 198.51 0.11

B036-7.9 Limestone 0.66 0.00  -1.80 -8.20 22 85.96 0.08 401.9 1.4 -0.21 0.04 395.52 0.24
B036-35.7 Limestone 0.66 0.00  -1.00 -6.90 22 81.62 0.03 66.1 0.4 -0.34 0.05 110.67 0.34
B036-3.4 Limestone 0.66 0.00  -2.20 -8.40 22 83.21 0.07 485.7 1.5 -0.13 0.04 315.02 0.33
B036-40.0 Limestone 0.66 0.00  -0.40 -6.20 22 84.02 0.04 377.0 1.5 -0.18 0.03 146.29 0.25
B036-12.0 Limestone 0.66 0.00    22 86.49 0.16 109.6 1.2 -0.27 0.03 591.37 0.41
B036-2.5 Limestone 0.66 0.00  -1.80 -6.80 22 85.33 0.16 235.6 1.8 -0.19 0.03 217.76 0.41
                
Maieberg Formation, Otavi Group, 
Namibia

               

P4017.6.0 Dolostone 0.63 0.00  -2.98 -6.01 22 91.83 0.58 226.5 0.9 -0.33 0.02 251.59 0.19

P4017.16.1 Dolostone 0.63 0.00  -4.51 -7.79 22 76.71 0.55 193.7 0.6 -0.49 0.02 565.51 0.18

P4017.0.63 Dolostone 0.63 0.00  -3.10 -5.84 22 90.29 0.54 29.3 0.3 -0.15 0.08 555.85 0.43
                
geostandard                

SDO-1 Black 
Shale

Devonian     average  42237.8 17.0 -0.07 0.01 -0.40 0.07

* References for sample description Mn/Sr and stable isotope data: (1) Veizer et al. 1989b; (2) Veizer et al. 1990; (3) Rouxel et al., 2005; (4) Bekker et al., 2003b; (5) Veizer et al., 1992; (6) Bekker et al., 2005; (7) Bekker et al., 2006 ; (8) 
Bekker et al., 2008; (9) Master et al., 2010; (10) Mirota and Veizer, 1994; (11) Bekker et al., 2003a; (12) Hardisty et al., 2017; (13) Rainbird et al., 2010; Bekker and Eriksson, 2003; (14) Aspler and Chiarenzelli, 2002; (15) Ross et al., 2001; 
(16) Bartley et al., 2001; (17) Sonderholm and Tirsgaard 1993; (18) Worndle et al. 2019;  (19) Fairchild and Hambrey 1995; (20) Halverson et al. 2018a; (21) Herrington and Fairchild 1989; (22) Hoffman and Halverson 2008

a estimated from major element abundances determined on compacted powder pellets using scanning electron microscope (SEM)

b U concentrations in the digested carbonate fraction 

c 𝛅²³⁸U (‰ )=[(238U/235U)sample / (238U/235U)CRM-112a-1]×1000, where CRM-112a is a U standard 

d 𝛅(²³⁴U/²³⁸U) (‰ )=[(234U/238)sample / (λ238/λ234)-1)]×1000, where λ238 and λ234 are the decay constants of 238U and 234U, respectively, λ238/λ234=(1.5513×10-10)/(2.8220×10-6)=5.4970×10-5(Cheng et al., 2013). 
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Table 2.
Parameters used in U residence time modelling
Parameter Value  
Global seafloor area (cm2) 3.62 × 1018  
Mass of seawater (kg) 1.4 × 1021  
Modern anoxic U burial rate (μg cm-2 yr-1) a 0.251  
Sedimentation rates (m/Myr) 33a,b, 5c,100c  
Modern anoxic sink area fraction (%) d 0.11
Modern U seawater concentration (ppb) a 3.3
Modern U riverine input flux (μg/yr) b 1 × 1016

>2.4 Ga 1.9-0.8 Ga
Average  (ppm) a[U]bs 1.14 2.96

 (ppb) e[U]sw,t 0.10 0.14
*  (ppb) e[U]carb 40 90

 (wt%) e[Ca]carb 29.18 31.07
 (ppm) f[Ca]sw,t 954 654

a Partin et al. (2013a)
b Dunk et al. (2002)
c Einsele (1992)
d Sheen et al. (2018)
e This study
f Hardie (2003)
*We use here the 25th percentile  (ppb) of the measured values in the [U]carb
model calculation, which yields realistic  and U input flux while [U]sw
adopting the mean or median yields no satisfactory solution.


