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S U M M A R Y
The upper-mantle structure across the Zagros collision zone, in southwest Iran, is investi-
gated using a non-linear weighted damped least-squares teleseismic tomography approach.
The resolution of the structures/transitions in the upper mantle is enhanced significantly by
correcting the teleseismic relative arrival time residuals for an a priori crustal velocity model
and then performing the inversion with fixed crustal blocks. To investigate whether or not
the lithospheric blocks and major transitions in the resulting model are required by the data
or are artefacts of the inversion, the data were inverted using two different inverse meth-
ods (singular value decomposition and a quadratic programming method). New high-quality
seismic velocity models show apparent correlation between surface geological features and
seismic velocity structures at lithospheric depth across the Zagros collision zone. The image
shows a sharp lithospheric boundary at the Main Zagros Thrust between 100 km and 250 km
depth with P-wave velocity about 3 per cent faster within the Arabian Shield to the south.
A step-like increase in lithospheric thickness across the Zagros collision zone is assumed to
separate two different mantle structures namely the Arabian (to the south) and the Eurasian
(to the north) domains. The most striking feature resolved is a north-dipping slab-like positive
velocity anomaly.
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1 I N T RO D U C T I O N

The Zagros orogenic system in Iran is the location of a young
continent–continent collision between the Arabian and Eurasian
plates. Surface uplift and shallow seismicity indicate that the crust
is still being actively deformed. Plate history in Iran pertaining to
this study begins in the Late Cretaceous when the Zagros open ma-
rine carbonate shelf (i.e. the passive margin of Arabia) approached
a complex island arc system in the younger Neotethys ocean or the
Semail supra-subduction oceanic plate of Stampfli & Borel (2004).
The arc–continent collision resulted in several massive ophiolite ob-
ductions. This north-dipping ophiolitic belt delineates the present
day border between the Zagros fold-thrust belt (ZFTB, see Fig. 1)
and the Sanandaj-Sirjan metamorphic zone (SSZ). Subduction of
the oceanic plate, however, continued under Iran (i.e. Eurasia active
margin) and resulted in more continental magmatism in SSZ and
formation of younger arcs of Urumieh-Dokhtar (UDMA) and the
Alborz, in the northern part of Iran, through a complex arc migra-
tion history in Late Cretaceous-Tertiary times. Consumption of the
oceanic lithosphere separating the Zagros from SSZ was arguably

finalized in the Miocene and since then tectonic deformation has
changed to continent–continent collision mode.

Most of the Zagros collision system along the studied traverse
can be divided into five lithotectonic belts (Fig. 1, e.g. Stöcklin
1968). From southwest, these are (1) the ZFTB (Koyi 1988), (2) the
Zagros Thrust Zone (ZTZ) characterized by the highest elevations in
entire Zagros range, (3) the Zagros main reverse fault, often named
Main Zagros Thrust (MZT) with the Oman-type ophiolites on its
NE side which correspond to the Late Cretaceous–Early Tertiary
arc–continent collision, (4) the SSZ representing largely plutonic
level of the Mesozoic arc and forearc basin and (5) the Central Iran
continental block with a dominantly Eocene arc known as UDMA
on its southern margin.

Active subduction still occurs to the south and southwest of
Turkey, beneath the Cyprian and Hellenic arcs, respectively, and
to the southeast of Iran, beneath the Makran (Maggi & Priest-
ley 2005). Active subduction of the continental crust of the Ara-
bian shield beneath the Zagros region was postulated by many
studies based on the existence of subcrustal earthquakes (depth
>50 km) (e.g. Nowroozi 1971; Kadinsky-Cade & Barazangi 1982;
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Lithospheric structure resolved by tomography 395

Figure 1. Simplified tectonic map of the studied area slightly modified from Kaviani et al. (2007). The profile utilized to compute all cross-sections (from
Bushehr to Posht-e-Badam) is depicted by a thick line. Key: MZT, Main Zagros Thrust; ZFTB, Zagros Fold and Thrust Belt; SSZ, Sanandaj-Sirjan Metamorphic
Zone; UDMA, the Urumieh-Dokhtar Magmatic Arc; CIMC, Central Iran Micro-continent.

Moores & Twiss 1995). However, the occurrence of the upper-
mantle seismicity in the Zagros region has been ruled out by many
authors asserting that most of the seismicity in the upper mantle is
caused by mis-location of earthquakes which are actually rupturing
in the upper crust (e.g. Maggi et al. 2000; Engdahl et al. 2006).

For a better understanding of the geodynamic setting of the
Zagros suture, robust imaging of the seismic velocities in the upper
mantle is required. Several key questions still exist on the upper-
mantle structures of the Zagros collision zone that could not be
adequately answered by mere geological tools. However, seismic
tomography can effectively reflect on issues including the present
state of the subducted oceanic slab, whether it is connected or de-
tached and if lithospheric delamination has occurred or not. Answers
to those questions have also bearing on the long debated tectonic

issues such as the timing and location of collision. To investigate the
upper-mantle structure/transition across the Zagros collision zone
(see Fig. 1), a teleseismic traveltime tomography approach was used
to image the structures primarily in the depth range of 70–460 km
using a passive seismic experiment conducted from 2000 Novem-
ber to 2001 April and coordinated by Iranian (from the International
Institute of Earthquake Engineering and Seismology, Tehran) and
French (from LGIT, Grenoble) seismologists.

Two different P-phase data sets are available based on the Zagros
passive experiment. The data set used by Kaviani et al. (2007) con-
tained earthquakes at teleseismic distances and different azimuths
including offline earthquakes with respect to the SW–NE axis of
the profile. The relative arrival time residuals were then inverted for
P-wave velocity of the upper 250 km of the model including the
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crust. Thus no crustal correction was applied to the input data set
a priori to inversion. The inversion was also conducted based on a
linear scheme. Here, the inversion result of the second data set is
presented. In this new data set, we picked 41 high-quality teleseis-
mic wave fronts with magnitudes larger than mb 5.5 and epicentral
distances between 30–90◦. Because of the rather linear distribution
of the stations, and because the axis of the profile is approximately
perpendicular to the major tectonic features in the area, primarily
teleseismic earthquakes with great circle paths roughly in line with
the SW–NE axis of the profile were considered. Limiting the data
set in this manner can alleviate possible complications related to
significant 3-D structures.

2 DATA C O M P I L AT I O N

Geological evidence and earlier geophysical studies indicate that
the large-scale lithospheric structure in the studied area should be
reasonably 2-D, for example, parallel to the trend of the Zagros
mountains (Fig. 1). Therefore the passive experiment was designed
as linear network perpendicular to the Zagros mountains. 66 seismic
stations (11 broad-band, 8 medium band and 47 short-period instru-
ments) were deployed in a SW–NE network along a 620-km-long
by 100-km-wide strip across the Zagros collision zone (for further
information about the experiment, see e.g. Paul et al. 2006; Kaviani
et al. 2007).

41 high-quality seismic events were selected for the teleseismic
tomography study. These events, shown in Fig. 2, are located inline
with respect to the axis of the profile (N40◦E). Generally, the signal-
to-noise ratio of the P-wave signals is higher in the northern part
of the profile (Central Iran) than in the southern part (Zagros),
where the sedimentary cover is thicker. Earthquake locations were
taken from the event catalogue reported by USGS and corrected as
reported by Engdahl et al. (1998). All seismograms were restituted

to simulate a short-period WWSSN SP station (the World Wide
Standardized Seismographic Network) with a dominant frequency
of 1 Hz (Oliver & Murphy 1971).

The earliest readable peak or trough of the P phase was first
picked on a trace with relatively high signal-to-noise ratio (refer-
ence station) for each selected earthquake (see Fig. 3). Then by
overlaying the waveform of the so-called reference station on the
other traces the relative position of the peak or trough with respect to
the reference station was picked. This process reduces complexities
caused by changes in the details of the P waveform as it traverses
the profile and avoids cycle skipping (e.g. Evans & Achauer 1993;
Shomali et al. 2002). For each event–station pair, the theoretical
arrival times were then calculated based on the iasp91 global 1-D
reference earth model (Kennett & Engdahl 1991). The arrival time
residuals were then calculated by subtraction of the calculated the-
oretical arrival times from the observed phases. For each selected
event, the relative arrival time residuals were finally calculated by
subtracting the associated mean for each event from the arrival time
residuals. By removing the mean of the arrival time residuals for
each recorded event, the source and propagation path traveltime
anomalies due to lower-mantle effects are discarded from the data
since all rays traverse the lower mantle essentially along the same
ray path (Dueker et al. 1993; Evans & Achauer 1993). In other
words, it was assumed that the traveltime residuals generated out-
side the given target volume are approximately constant across the
seismic profile (Masson & Trampert 1997). However, there is still
a risk of projecting the deeper mantle velocity anomalies into the
target model (Masson & Trampert 1997).

The resulting data set of relative arrival time residuals can be
used to image the structure of the upper mantle with high resolu-
tion by backprojecting the incoming rays to estimate the size and
magnitude of velocity anomalies (Aki et al. 1977). The nature of
the observed data, which have been demeaned for a global mean

Figure 2. Distribution of the earthquakes used in this study. Colours refer to the amount of ‘de-mean value’ traveltime for different earthquakes.
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Figure 3. (a) An example of the data record section for the event of 2001 March 24, 06:27 UTC that occurred at 34.11◦N and 132.54◦E with a magnitude of
6.8 Mw. The P arrival times are computed based on the iasp91 traveltime model. (b) An example of the relative picking process on two selected waveforms.
Top panel: the waveform obtained at the reference station D3. Bottom panel: overlaid waveform of the reference station D3 (red line) on the readable peak of
another station, P1 (blue line).

model, does not allow estimation of the absolute velocity anomalies
within the target area. It is normally considered that this limitation
is caused by using relative arrival times which may still contain
minor sources of error and bias in the analysis, for example, related
to propagation of signals from the source to the (limited) volume
of the model (Evans & Achauer 1993). The inverted model can
thus be considered to reflect deviations about some unknown av-
erage earth model with meaningful velocity contrasts. Although
the forward modelling is done within a known background model,
the final velocity perturbations resulting from the inversion cannot
be considered relative to the known background model, due to the
nature of the relative arrival time residuals. However, for a large
enough target volume, the layer-average velocities can be consid-
ered close to some commonly accepted 1-D background/reference
model (Lévêque & Masson 1999). These layer-average velocities

can then be considered close enough to the correct regional struc-
ture (e.g. Sandoval et al. 2004). In this study, the iasp91 traveltime
model (Kennett & Engdahl 1991) was used as a starting model in
the inversion. The processing and phase picking were done using
the Seismic Analysis Code (SAC, Lawrence Livermore National
Laboratory 2010) and Seismic Handler software (Stammler 1993).

3 M O D E L PA R A M E T R I Z AT I O N

The Earth volume beneath the Zagros profile was parametrized with
a 3-D grid with a lateral grid size of 50 × 50 km2 in the horizontal
direction and 16 layers from the surface of the Earth down to a depth
of 460 km (see Fig. 4). The grid spacing in vertical direction varies
between 20 km at shallow depths, and 40 km below 120 km depth
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Figure 4. Model parameters (horizontal grid distribution and layers) used in the inversion are shown overlaid on a coloured relief map of Iran. The velocities
of the starting nodes are taken from the iasp91 model (Kennett & Engdahl 1991). The velocities of the floating nodes are determined in the inversion. The
average crustal traveltime corrections (in seconds) applied to the stations marked in green are listed in Table 1.

(Fig. 4) with an additional layer at 900 km depth for stability of
the inversion. Model parameters between neighbouring grid nodes
were determined by a linear interpolation scheme (Steck & Prothero
1991). Fixed nodes are those fixed in the inversion, while floating
nodes are those inverted for velocity anomalies. The total number
of model parameters is 4275, with 1014 floating model parameters.
The initial velocities of the nodes are taken from the iasp91 model
of Kennett & Engdahl (1991). The grid size chosen provides a
high resolution to delineate the structures in the upper mantle and
produces a smoothing effect, because it is larger than the minimum
resolvable structure based on the dominant frequency content of the
data.

4 C RU S TA L C O R R E C T I O N

The error associated with teleseismic traveltime residuals is usually
lower than the traveltime perturbations caused by crustal structure.
Previous studies (see e.g. Shomali et al. 2002; Lippitsch et al.
2003; Shomali et al. 2006; Eken et al. 2007; Eken et al. 2008)
suggested that crustal structures have a derogatory effect on the
structures resolved in the upper mantle. This effect can significantly
be reduced by correcting the observed data based on a crustal model
obtained from other geophysical data (e.g. Lippitsch et al. 2003).

A complete 3-D crustal information for the studied area is not
available, thus we decided to use crust 2.0 (Bassin et al. 2000)
for the crustal correction. Traveltime variations due to the crustal
model were then calculated for each event–seismic station pair based
on a simplex-based ray tracer algorithm (Steck & Prothero 1991).
A cross-section along the Zagros profile of the crustal model is
depicted in Fig 5(a).

If the crustal model used in the inversion is correct, then the to-
mographic results for upper mantle will be enhanced. There could,
also, be a risk of introducing some bias into our results, if some
errors or inadequacies exist in the crustal model. There are uncer-
tainties in the available data used to construct the crustal model,
and geographical interpolation between existing data is necessary
to produce the crustal model. Therefore, various tests comparing

the inversions with and without crustal corrections were carried
out. Application of crustal corrections does not change the general
trends of observed residuals and tests show that resolution for the
upper-mantle structures is enhanced when the crustal correction is
applied. The average crustal traveltime corrections (s) applied to
the four stations along the Zagros profile are presented in Table 1.
We conclude that it is advisable to apply the crustal corrections, and
that future results might be further improved when more informa-
tion about crustal structure becomes available (e.g. Shomali et al.
2002; Lippitsch et al. 2003; Eken et al. 2007).

The elevation also varies greatly along the Zagros profile (see
Fig. 5c) thus it was necessary to correct the observed P-phase rela-
tive arrival time residuals prior to the inversion for variations due to
the elevation along the profile. The correction was done by ray trac-
ing the target model to zero elevation and then to the true elevation,
and then adding the corresponding time to the measured data.

5 I N V E R S I O N R E S U LT S

Inversion was carried out based on a non-linear ACH (Aki, Christof-
fersson and Husebye) tomography method (Aki et al. 1977; Weiland
et al. 1995). According to the ACH method the relative residuals
are inverted to estimate the size and magnitude of the velocity
deviations within the volume below the receiver region. The ray
tracing was conducted using a simplex-based method for comput-
ing the 3-D minimum traveltime ray paths (Steck & Prothero 1991;
Weiland et al. 1995). To estimate the solutions to the non-linear
problem an iterative-weighted damped least-squares method (e.g.
Shomali et al. 2002) was implemented. A singular value decomposi-
tion (SVD) method was also used to calculate the inverse of the data
kernel (a matrix of partial derivatives of traveltimes with respect to
unknown velocity parameters). A data weighting matrix, propor-
tional to the observation errors (e.g. Arlitt 1999; Shomali et al.
2002) and a model weighting matrix (corresponding to the spatial
smoothing operator) were also implemented to stabilize the inver-
sion processes. In each iteration, traveltime perturbations within the
model were calculated. Normally, the inversion converges within
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Figure 5. (a) A cross-section along the studied profile for the 3-D P-velocity
crustal model. Location of the cross-section is shown in Fig. 1. (b) Observed
relative arrival time residuals (black open circle) and relative residuals after
iteration 3 (red dot) along the profile. (c) Elevation variations along the
profile. (d) Smoothed inversion results after the third iteration. The results
are shown as P-velocity deviations from the iasp91 (Kennett & Engdahl
1991) starting model. The two oblique lines limit the most reliable area of the
results based on incidence angle of the seismic rays. Tectonic abbreviations
as in Fig. 1.

four iterations. 1179 data points were used to invert the 1014 model
parameters with a damping value of 120 s2 per cent−2. The optimum
damping value was chosen based on the trade-off curve shown in
Fig. 6(a). The damping factor directly affects the true number of

Table 1. The average crustal traveltime corrections (in seconds) applied
to four stations along the Zagros profile. The corresponding stations are
marked green in Fig. 4.

Stations P1 F9 M4 M8

Latitude (◦) 29.7 29.4 30.7 32.9
Longitude (◦) 52.6 51.3 53.3 55.5
Residuals (s) −0.4 −0.3 0.2 0.6

degrees of freedom in the inversion (e.g. Evans & Achauer 1993).
To be confident that the tomographic model used is sufficiently deep
(in relation to the length of the profile) and to ensure that no sig-
nificant leakage occurs from structures below the model, initially
the depth of the inverted model was taken to be about two-thirds of
the aperture of the profile (e.g. Evans & Achauer 1993). The depth
of the model was then fixed to 460 km based on the level of the
variance reduction (normalized by the degrees of freedom) and also
the geometry of the rays (Fig. 6b). Below this depth, rays diverge
significantly and do not criss-cross, producing poor resolution (see
Table 2, Cases I and II).

The result of the P-phase teleseismic tomography inversion is
illustrated in Fig. 5(d) and is summarized in Table 2 (Case I). The
figure shows velocity deviations from the iasp91 starting model,
along the Zagros profile. Thus the blue and red regions can be
directly assigned to the regions with higher and lower relative ve-
locity. The well-resolved area in the inversion is confined by the two
oblique lines that are calculated from incidence angles of the rays
and the average P-velocity of the model (see ‘Resolution Studies’
section for more details). The observed residuals before inversion
(black circles) and after the third iteration (red dots) are shown in
Fig. 5(b). Note that the relative arrival time residuals shown are
corrected for both the crustal and elevation effects. The data are de-
meaned and a clear trend is seen in the observed data which is due to
the velocity variations in the upper mantle. According to the figure,
the seismic stations in the southern part of profile show negative
(early) arrival time residuals while those stations in the northern
part have positive (delayed) residuals. Because of the near-vertical
incident angles of the teleseismic rays the general trend of negative
to positive relative arrival time residuals can be directly associated
with areas of relatively high velocity in the south (Zagros) compared
to the lower velocity in the north (Central Iran). The histograms of
the residuals before and after the inversion are shown in Fig. 6(c).
Note that the resulted model (Fig. 5d) after the inversion can ex-
plain about 79 per cent of the sum of the residuals (see Table 2).
The histograms imply that a significant velocity contrast at depth
is required to explain the data, consistent with our inverted images
(see Fig. 5d).

Backazimuth variation of the relative arrival time residuals is
shown in Fig. 7 for an extended data set which now includes earth-
quakes at teleseismic distances (between 30 to 90◦) but from differ-
ent azimuths with respect to the axis of the Zagros profile (N40◦E).
According to Fig. 7, no significant azimuthal dependency is ob-
served for stations in the southern part, in ZFTB, and in the northern
part of the profile, in Central Iran. However, some indications for
azimuthal variations are observed in the central part of the profile,
especially under SSZ and UDMA where the lithospheric structure
is complex. In principle, our data cannot separate the effects of
velocity heterogeneity from those of possible anisotropy. The in-
terpretation of these images in terms of heterogeneities may be
incorrect, as some of the observed velocity differences may be due
to anisotropy rather than isotropic heterogeneity.
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Figure 6. (a) Trade-off curve for different dampings and at three different iterations. Damping values from bottom to top are 5, 50, 100, 120, 150, 300, 400
and 500 s2 per cent −2. (b) Data variance reduction (normalized using the number of degrees of freedom in the model) as a function of inversion depth after the
third iteration. Inversion depths are 240, 340, 460, 500 and 550 km, respectively. (c) Histograms of the data (traveltime residual sum) before (left-hand side)
and after (right-hand side) the inversion.

Table 2. The inversion results.a

Perturbation_model_lengthc,d Remaining_data_variancec Variance_reductionc

Caseb N M Me
c (per cent) (s)2 (per cent)

Case I 1179 1014 871 3.9 0.08 79
Case II 1179 1092 944 3.7 0.14 65
Case III 1179 1088 935 3.1 0.13 72

N , M and Me are no. of data, unknown model parameters and eigenvalues, respectively.
aCentre of the model: 30.7◦N 53.3◦E; error associated with data (s): 0.1; no. of events: 41; no. of seismic stations: 66; damping values for different cases: 120
s2 per cent −2.
bCase I: model depth of 460 km (the optimum solution); Case II: model depth of 500 km; Case III: model depth of 460 km, including the crustal layer in the
inversion.
cData are based on iteration no. 3.
dPerturbation_model_length is not normalized to the number of model parameters.

As a simple test of the possible bias due to inaccuracies in the
crustal models, we also carried out an inversion with unconstrained
crustal structure (Fig. 8 and Table 2, Case III). The results given in
Table 2 also indicate that when the crustal model was not applied
(Case III), and the inversion allowed estimation of even crustal
structures, the perturbation in model length (per cent) decreases
(as the number of model parameters in the inversion increases)
and the remaining data variance (s2) increases resulting in lower

variance reduction (72 per cent) as compared to the inversion with
crustal corrections (79 per cent variance reduction in Case I). The
remaining ∼20 per cent data variance may be related to noise in
the data. Therefore, comparing the inversions with and without
crustal corrections indicates that the resolution for the upper-mantle
structures is enhanced when the crustal correction is applied (see
Figs 5d and 8 and Table 2). Major differences are observed in the
middle of the profile where there is a significant change in Moho
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Figure 7. Backazimuth variation of the relative arrival time residuals for
an extended data set (for more information see the text). Line lengths are
proportional to the size of residuals, pointing towards the epicentre. Blue
are early arrivals and red are late arrivals relative to the iasp91 (Kennett &
Engdahl 1991) traveltime model.

depth (see Fig. 5a). While some of the details of the crustal model
(see Fig. 5a) may not be completely correct, the major features, such
as the dramatic deepening of Moho in the middle of the profile, are
very well established, for example, using surface wave tomography
method along the same profile determined by Shad Manaman &
Shomali (2010). Other factors such as the effects of anisotropy etc.
are very unlikely to have any radical effects on these major features
(see e.g. inversion results in Table 2). We therefore conclude that any
bias in our results due to the use of the crustal model is unlikely to
be of major significance. Thus the crustal correction does enhance
the upper-mantle structures and we base our interpretations on the
corrected data.

6 R E S O LU T I O N S T U D I E S

The resolution in teleseismic tomography experiments depends
upon a number of factors including network configuration, period of
operation, distribution in space of suitable sources, signal-to-noise
ratio, model parametrization and the level of inhomogeneity within
the relevant part of the Earth. A major problem in many tomo-
graphic inversions is an assessment of the reliability of the various
features observed in the inverted model, not least because regu-
larization parameters (such as damping, a threshold for dropping
the eigenvalues, data and model weighting matrices) are needed to
stabilize the solution. However, there is obviously a risk that the reg-
ularization, which is primarily a mathematical abstraction without
a true physical or geological basis, may change some details in the
solution. In this study the resolution of the model, resulting from the
inversion, is validated using different measures as discussed later.

To find out whether or not the boundaries and blocks observed
in the inverted model are required by the data, or are unconstrained
or have been artificially caused by the inversion, the data are in-
verted using an alternative inversion method based on quadratic
programming (QP, Parker 1980; Powell 1983; Schittkowski 2000;

Figure 8. Inversion result for the case of a unconstrained crustal layer in
the inversion.

Shomali et al. 2002). QP is a well-established method in solving
inverse problems, and its application to teleseismic tomography is
discussed in detail by Shomali et al. (2002). One advantage of the
method is that it facilitates the inclusion of inequality constraints
into the inversion, which allows flexibly defined constraints to be
included in the inversion to, for example, assess to what extent the
data demand the inclusion of a particular feature in the model. The
method was applied partly to see whether the application of a com-
pletely different inversion method reveals the same structures, or if
some of these have been artificially caused by the inversion. Usu-
ally to stabilize the inversion process a number of regularization
parameters including damping, spatial smoothing and eigenvalue
rejection can be implemented. In the application of QP, we used the
same symmetric positive-definite objective function as used for
the SVD algorithm but without any spatial smoothing operator and
due to the nature of the method no eigenvalue rejection was needed.
The only requirement is now the lower and upper bounds of un-
known model parameters, which were specified a priori to inversion
to ±3 per cent. This value was chosen based on the characteristics
of previous inversions of the same data (SVD-part, Fig. 5d). The
model obtained based on QP inversion is shown in Fig. 9(a). Note
that no smoothing operator was imposed in the QP inversion, thus
the models produced from QP inversion (Fig. 9a) show more vari-
ations (are less smoothed) than models resulted from SVD (e.g.
Fig. 5d).

To assess the resolution and reliability of the model obtained,
various synthetic tests were also conducted. Synthetic data corre-
sponding to the model obtained from the inversion as shown in
Fig. 5(d) were generated using the same ray geometry as for the
real data. In the examples shown here, Gaussian noise with stan-
dard deviation equal to 0.1 s was added to the synthetic data sets
and the synthetic data were then inverted using the same inversion
parameters (i.e. block size, damping, etc.) as used for the real data.
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Figure 9. A cross-section along the studied profile for (a) inversion result
based on quadratic programming method and (b) synthetic test inversion
result (the input model is shown in Fig 5d).

The corresponding resolved image at the third iteration is shown in
Fig. 9(b). Based on the synthetic test, it can be concluded that the
positions of the major structures seen in the real data are resolved
well by the data set, although the absolute values of the velocity
perturbations are not fully recovered in the inversion which can be
due to different regularization parameters such as damping.

Checkerboard tests are commonly used to assess solution quality
in teleseismic tomography studies. Synthetic data corresponding to
the checkerboard test models shown in Fig. 10 (left-hand columns)
were generated using the same ray geometry as for the real data.
Gaussian noise with standard deviation equal to 0.1 s was added to
the synthetic data. The inversions results after the third iterations
are shown in Fig. 10 (right-hand columns).

Resolution tests using the inversion results as an input model
to calculate synthetic traveltime data (e.g. Fig. 9b) may have some
drawbacks that areas of low resolution are identified as areas of
good resolution due to the good recovery of the input model, which
either shows low-amplitude anomalies or even artefacts in areas of
low resolution (e.g. Husen et al. 2003). Checkerboard tests give only

good estimates of the amount of smearing. The ability of the data
to resolve fine-scale chequerboard structures does not necessarily
imply that large-scale structures are resolved as well (e.g. Lévěque
et al. 1993; Husen et al. 2003). Thus, to assess the reliability of
the inversion result, we decided to combine the results of differ-
ent measures as discussed earlier. By comparing various resolution
analyses presented in Figs 9 and 10 it can be concluded that at the
central part of the profile (30.5–32◦ and depth of about 100–200
km) the resolution is low which is due to the limited amount of ray
coverage (caused by the limited number of stations). Vertical smear-
ing is observed in all the synthetic models presented. It is stronger
in the upward direction than downwards due to the near-vertical
nature of the teleseismic rays. However, the lateral resolution (espe-
cially around MZT) seems to be very good and it is in the order of
50 km. The size of the network allows inversion for structures even
at greater depths, and lateral variations of velocity at depths of up
to 460 km appear to be resolved. For instance, the existence of the
north-dipping slab-like positive velocity anomaly is well resolved
by applying the resolution analyses carried out in this study. Based
on various synthetic tests done for the Zagros experiment and also
based on observed data uncertainties (estimated from weighting
factors assigned in phase-picking process), low-amplitude anoma-
lies less than ±0.5 per cent cannot be considered to be resolved. A
possibility remains that while the features are not caused by the in-
version algorithm as such, they are artefacts due to the fundamental
character of the data, including possible noise. However, our vari-
ous resolution tests and the use of independent inversion algorithms
strongly suggest that the major features seen in the inverted images
do represent significant lateral velocity variations at depth.

7 D I S C U S S I O N

The most important factor influencing seismic velocity in the up-
per mantle is probably attributed to variations in temperature (Goes
et al. 2000). The often cited alternatives that are used to explain the
velocity variations in the upper mantle are composition, presence of
partial melt, the presence of water and anisotropy due to lattice pre-
ferred orientation (e.g. Goes et al. 2000; Hieronymus et al. 2007).
The Arabian plate is expected to be relatively cold in contrast to the
Central Iran, because high-velocity anomalies in the upper mantle
may mark the presence of stable, cold and thick lithospheric mantle.
Therefore much of the 3-D mantle velocity structure in the upper
mantle along the Zagros profile can be attributed to the thermal ef-
fects. However, although the direct effect of composition on seismic
velocity is minor, its effect on viscosity is crucial in stabilizing the
lithospheric system. Therefore, the observed variations in seismic
velocity can be considered as an indirect result of the compositional
differences. Mantle convection and other dynamic effects (e.g. slab
dehydration) are probably common factors which control the fea-
tures of the continental lithospheric system in the studied area (e.g.
Arcay et al. 2005; Hieronymus et al. 2007).

We have assumed an isotropic velocity structure. The presence
of anisotropy may bias isotropic velocity estimates where waves
sample predominantly in one direction (Goes et al. 2000). Informa-
tion on magnitude and orientation of anisotropy along the profile
is limited. However, our results may be biased by the presence of
anisotropy. In the Zagros experiment, the propagation directions of
the incoming P phases span only a limited range of azimuth (±10◦)
and in dip (±30◦) due to the near-vertical incident angles of the
teleseismic rays. Thus, for a given cell, the velocity difference will
not be larger than 0.7 per cent for a simple transverse anisotropy
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Figure 10. Checkerboard test showing synthetic models (left-hand columns) and model results (right-hand columns). Different possible scenarios are shown
as velocity anomalies are only located in (a) uppermost mantle, (b) in the upper 400 km of the model and (c) for a NE-dipping slab-like structure. Tectonic
abbreviations as in Fig. 1.

system with 4 per cent anisotropy. Therefore, interpreting the
image in terms of average (isotropic) velocities may be misleading
if strong anisotropy is present. The size of the observed anomalies
suggests that bulk changes in velocity are required by the data, even
if there may be some contribution from anisotropy.

Our tomography model (Fig. 5d) reveals a rather discontinu-
ous decrease in P velocity from south to north along the Zagros
profile. The existence of a major near-vertical lateral change in P

velocity of several per cent to depths of 250 km essentially below
the Zagros collision zone at about 30◦N is a structure resolved in
different inversions carried out. The transition coincides with the
MZT at the Earth’s surface (Fig. 1). The Arabian Shield (ZFTB)
is characterized by thick lithosphere, whereas, the Central Iran in
the northern part of the profile is almost devoid of a shield-like
mantle lithosphere. The low upper-mantle velocities (seen at the
northern part of the profile) suggest a warmer than normal upper
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mantle (Jackson 2000) but do not necessarily indicate presence of
partial melt (Priestley & McKenzie 2002). This result is consis-
tent with previous surface wave tomographic studies in the Middle
East which have documented lower S-wave velocities at 100 km
depth beneath Central Iran than beneath the Arabian platform (De-
bayle et al. 2001; Shapiro & Ritzwoller 2002; Maggi & Priestley
2005) and also body-wave tomography studies (e.g. Kaviani et al.
2007).

The most striking feature resolved in the central part of the model
(30.5–33◦N) is a steeply north-dipping slab-like positive velocity
anomaly that plunges under the anomalously low relative velocity
upper-mantle structure of Central Iran. This structure fits the up-
per part of the cold seismic curtain shown by Hafkenscheid et al.
(2006) underneath the Zagros collision system. As Fig. 5(d) shows,
this positive anomaly branches off from the shield-like upper man-
tle of ZFTB at about 30.5◦ latitude and depth of about 200 km.
This feature is approximately 100 km thick and continues under-
neath UDMA and Central Iran to depths of more than 400 km.
Due to the limited resolution of the data, this apparently continu-
ous ‘slab’ could in fact be due to two or more spatially separate
anomalies, notwithstanding, we tentatively interpret this structure
as an aseismic remnant slab. Using partitioned waveform inver-
sion method across the Zagros collision zone Shad Manaman et al.
(2011) showed that the slab does not penetrate the transition zone
and deflects at about 410 km depth, giving rise to a horizontal high-
velocity anomaly observed in the tomographic images. In addition
it is also documented that the absence of deep seismicity in the Be-
nioff zone does not indicate the absence of a subducted slab. There
are many well-known subduction zones, for example, the Aegean
slab and Izu-Bonin slab, with no association with deep Benioff seis-
micity (Wortel et al. 1990; Brudzinski et al. 2005; Shad Manaman
et al. 2011). Alternatively, this feature could represent delamination
of the lower lithosphere of the Zagros continental block that is de-
tached from its crust following the collisional convergence (Stern
et al. 2000). Predictably, the same structure for the upper mantle in-
cluding a fragment of the subducted lithosphere has been resolved
across the Zagros collision zone using surface wave tomography
(Shad Manaman & Shomali 2010; Shad Manaman et al. 2011) and
S-phase teleseismic tomography (Keshvari et al. 2011) studies.

The negative velocity anomaly characterizing the upper mantle
of Iran north of the MZT has been widely documented (e.g. Kaviani
et al. 2007; Shad Manaman & Shomali 2010), however, its south-
ward extension is either uncertain (Paul et al. 2006; Kaviani et al.
2007) or has been shown with little details (Bijwaard et al. 1998; Bi-
jwaard & Spakman 2000). Our high-resolution tomography results
enable us to show that the pronounced low-velocity anomaly be-
neath UDMA which fades southwards beneath the Sanandaj-Sirjan
zone reappears with less intensity underneath the ZTZ and contin-
ues to depths of about 200 km and between latitudes of 30.5◦ and
31◦ (Fig. 5d). This feature seems to be indicating delamination of
the mantle lid from the lower crust in the ZTZ and upwelling of the
asthenosphere through the ruptured slab, as it is pulling off from
the Arabian mantle lithosphere, though we are aware that due to the
limited resolution of the data, the positions and robustness of these
small anomalies are not quite well supported by the data.

This finding is at odds with previous interpretations that the
northeastern edge of the Arabian plate has a shield-like P-wave
velocity structure (e.g. Kaviani et al. 2007), and if the lower crust
of the ZTZ is indeed in juxtaposition with the asthenosphere then
certain consequences are expected. Below we discuss the nature
of the support for high topography and outlook of post-collisional
magmatism.

A peculiar observation is that the High Zagros is not underlain
by the thickest crust (Fig. 5). The average Moho depth is 45–50 km
beneath the folded belt (Hatzfeld et al. 2003; Paul et al. 2006). It
deepens rather abruptly beneath the MZT and the SSZ. The maxi-
mum crustal thickness of about 65 km is attained 50 km NE of the
surface trace of the MZT. In other words the region of overthick-
ened crust is shifted to the NE with respect to the areas of highest
elevations (Fig. 5c) and the strongest negative Bouguer anomaly
(Paul et al. 2006). It is essential to note that our cross-section runs
through the ‘High Zagros’ which is a 700-km-long by 50–100-km-
wide segment in the central and western ZTZ and attains an average
elevation of about 3–3.5 km with numerous peaks above 4 km ele-
vation. We suggest that the high elevation in the ZTZ is supported
by hot asthenosphere rather than a thickened crust. Post-collisional
asthenospheric upwelling has similarly been applied for explaining
what supports the high topography in the East Anatolian Plateau
(Şengör et al. 2003). This thermal event may also be related to
the enigmatic post-Miocene regional uplift in the Zagros fold belt
(Mouthereau et al. 2006).

A nearby and better studied example of the phenomenon men-
tioned is the East Anatolian Plateau that exhibits widespread post-
collisional volcanism (e.g. Keskin 2003). Similarly, areas to the
north of the MZT display volcanic activity with products which
are mafic alkaline, that is, compositionally distinct from the older
subduction related rocks. Volcanism related to post-Early Miocene
evolution of Iran has been documented in southeastern UDMA
(Hassanzadeh 1994) and SSZ (Boccaletti et al. 1976).

8 C O N C LU S I O N S

(1) According to the model presented in this study (see Fig. 5d) a
general discontinuous decrease in P velocities in the upper mantle
from south to north is resolved by the data. In the Arabian Shield,
thick continental lithosphere (more than 200 km) is seen in the
southern part of the profile. The model presented indicates no (or
very thin) lithospheric mantle under the northern part of the model
(i.e. Central Iran). Abrupt lateral P-velocity changes (maximum
6 per cent) are seen at both the southern and northern sides of the
ZTZ. The existence of a major near-vertical lateral change in P
velocities of several per cent to depths of about 250 km more or less
directly below the MZT is a common feature resolved in the various
inversions carried out. Thus according to our results, the transition
between Arabia and Central Iran can be postulated to coincide with
the MZT at the surface (Fig. 1).

(2) Our results (see Fig. 5d) indicate the presence of a discon-
nected cold northeast dipping oceanic slab or detached mantle litho-
sphere beneath Central Iran.

(3) Our high-resolution tomography also points to lithospheric
delamination underneath the ZTZ. This model observation is sup-
ported by independent evidence. Despite its highest elevation, the
ZTZ is not underlain by the thickest crust along the investigated
traverse. This implies that the high elevation in the ZTZ is sup-
ported by shallow asthenosphere replacing the peeled off mantle
lithosphere.
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