
JOURNAL OF GEOPHYSICAL RESEARCH, VOL. 105, NO. B7, PAGES 16,237-16,250, JULY 10, 2000 

Lithospheric instability beneath the Transverse Ranges of 
California 

Gregory A. Houseman and Emily A. Neil 
Department of Earth Sciences, Monash University, Clayton, Victoria, Australia 

Monica D. Kohler 

Department of Earth and Space Sciences, University of California, Los Angeles 

Abstract. Recent high-resolution seismic experiments reveal that the crust beneath the San 
Gabriel Mountains portion of the Transverse Ranges thickens by 10-15 km (contrary to earlier 
studies). Associated with the Transverse Ranges, there is an anomalous ridge of seismically fast 
upper mantle material extending at least 200 km into the mantle. This high-velocity anomaly has 
previously been interpreted as a lithospheric downwelling. Both lithospheric downwelling and 
crustal thickening are associated with the oblique convergence of Pacific and North America 
plates across the San Andreas Fault, though it seems likely that the lithospheric downwelling is 
driven at least partly by gravitational instability of the cold lithospheric mantle. We show by 
means of numerical experiment that the balance between buoyancy forces that drive deforrnation 
and viscous stresses that resist deformation determines the geometry of crustal thickening and 
mantle downwelling. We use a simple two-layered lithospheric model in which dense lithospheric 
mantle overlies relatively inviscid and less dense asthenosphere and is overlain by buoyant crust. 
External plate motion drives convergence, which is constrained by boundary conditions to occur 
within a central convergent zone of specified width. A fundamental transition in the geometry of 
downwelling is revealed by our experiments. For slow convergence, or low crustal viscosity, 
downwelling occurs as multiple sheets on the margins of the convergent zone. For fast 
convergence or crust that is stronger than mantle lithosphere a single downwelling occurs beneath 
the center of the convergent zone. This complexity in the evolution of the system is attributed to 
the interaction of crustal buoyancy with the evolving gravitational instability. In order for a 
narrow downwelling slab to have formed beneath the Transverse Ranges within the last 5 Myr, the 
effective lithospheric viscosity of the convergent region is at most about 1020 Pa s. 

1. Introduction 

The Transverse Ranges in southern California are crossed by 
the San Andreas Fault and comprise a young, actively deforming 
continental orogeny within the diffuse Pacific-North American 
plate boundary region. They are undergoing deformation via 
oblique motion that arises from strike-slip motion along the San 
Andreas Fault and compression as a result of a northwest step in 
the fault [e.g., Hill, 1982; Bird and Rosenstock, 1984; •lackson 
and Molnar, 1990]. Because the Transverse Ranges are such a 
prominent feature in the highly studied plate boundary system, 
the mode of lithospheric deformation provides valuable insight 
into the complex interaction between convergent plate motion, 
orogeny, and mantle dynamics. 

An anomalous ridge of seismically fast upper mantle material 
associated with the Transverse Ranges was first reported by 
Hadley and Kanamori [ 1977], who modeled P wave delay times 
from earthquakes and explosion sources. The high-velocity 
body has since been found in a number of subsequent studies 
using teleseismic P wave travel time tomography [Raikes, 1980; 
Walck and Minster, 1982; Humphreys and Clayton, 1990; Sung 
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and clackson, 1992; Zhao et al., 1996] and polarization 
tomography [Hu et al., 1994; Powell and Mitchell, 1994]. These 
studies map the anomaly to more than 100 km into the mantle 
under the Los Angeles basin and Transverse Ranges but assume 
that the crust is almost uniformly thick. This assumption is 
derived from seismic maps of Moho thickness showing little or 
no variation below the Transverse Ranges [Hadley and 
Kanamori, 1977; Hearn, 1984; Hearn and Clayton, 1986]. 

Bird and Rosenstock [1984] qualitatively explain the mantle 
anomaly as a slab-like mantle downwelling that is one-sided on 
the east end and symmetric on the west end. They suggest that 
the excessive weight of the downwelling slabs may depress the 
Moho but that the crust above translates and deforms 

independently. Alternatively, Humphreys and Hager [1990] 
prefer a model in which relatively cold subcrustal lithosphere, 
decoupled from the uniformly thin crust above, is symmetrically 
descending into the mantle from both sides of the Transverse 
Ranges. They conclude that while the subcrustal lithosphere is 
sinking, the crust avoids convergence and moves in a different 
direction, requiring a decoupling zone near the Moho. 

Several recent, high-resolution seismic experiments reveal 
that the crust, in fact, thickens by 10-15 km beneath the San 
Gabriel Mountains portion of the Transverse Ranges [Hafner et 
al., 1996; Kohler and Davis, 1997; Fuis, 1998] contrary to the 
earlier crustal thickness studies that were not able to image the 
small-scale root because the spatial sampling of travel times was 
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Figure la. Map of southern California showing location of San Andreas Fault and Transverse Ranges. Also 
shown are the components of surface displacement rate vectors relative to North America in the direction 
perpendicular to the San Andreas Fault (N25øE) [Crustal Deformation Working Group, 1998]. The line of circles 
perpendicular to the fault shows the location of the 1993-1994 Los Angeles Region Seismic Experiment array and 
variations in crustal thickness across the Transverse Ranges [Kohler and Davis, 1997]. 

too large. A subsequent teleseismic P wave travel time 
tomographic study found that the high-velocity anomaly is a 
narrow vertical sheet that extends down into the mantle beneath 

the zone of maximum crustal thickness, suggesting some degree 
of coupled crust-mantle deformation [Kohler, 1999]. 

We suggest that the interaction of a buoyancy driven 
instability with plate boundary deformation determines the 
geometry of crustal thickening and mantle down-welling in this 
region. In this paper we describe numerical experiments on the 
gravitational instability of a high-density, relatively cold, upper 
mantle layer in which convergence is initially localized by plate 
boundary geometry at the surface. We aim to show here that 
observations of the present-day geometry of the convergent 
process in the Transverse Ranges may potentially be used to 
determine the relative magnitudes of in-plane stress and crustal 
buoyancy and thus to place constraints on the rheological 
properties of the lithosphere and crust in this region. 

The magnitude of the buoyancy force is determined only by 
gravity acting on the density distribution, and the latter is 
directly related to the seismic velocity distribution. The signif- 
icant buoyancy forces arise from the variation in Moho depth 
and from the fast mantle anomaly, which is presumably cold and 
dense. The magnitude of the stress field due to plate converg- 
ence is, however, much more difficult to determine because it 
depends on poorly known lithospheric rheological parameters. 
Lower crustal viscosities in this region have been estimated from 
postseismic relaxation studies. The estimates are, however, quite 
variable, ranging from 3x1015 Pa s [Ivins, 1996] to 6x1016 Pa s 

[Yu et al., 1996] to 4x1019 Pa s [Turcotte et al., 1984]. 
Integrated lithospheric viscosity is difficult to measure, however, 
though it is generally thought to be much greater than sublitho- 
spheric viscosity, of which estimates are of the order of 4x102ø 
Pa s [e.g., Humphreys and Hager, 1990]. One recent study 
[Flesch et al., 2000] has found that integrated lithospheric 
viscosity in the southwestern United States is regionally variable 
and is of order 1021 Pa s in the California shear zone, increasing 
to 10 22 Pa s across the Basin and Range province. 

Our analysis approaches the problem of determining litho- 
spheric strength by first using the geometry of deformation to 
constrain the relative magnitude of buoyancy-derived stress and 
convergence-related stress. The scaling implied by the buoyancy 
parameters, assumed known, then allows us to estimate the 
effective rheological parameters of the lithosphere. This 
approach has been used effectively in other large-scale 
geodynamical problems. The absolute strength of the litho- 
sphere in the Indian-Asian continental collision zone is defined 
by the present-day geometry of crustal thickness and seismic 
activity [England and Houseman, 1986]. In a similar way, the 
deformation geometry of subducted slabs has also been used to 
constrain the effective strength of subducted oceanic lithosphere 
[Houseman and Gubbins, 1997]. In both of these examples, 
numerical experiments were used to show how the deformation 
geometry varies as the magnitude of viscous stress relative to 
buoyancy-derived stress changes. 

The mantle lithosphere is likely to be gravitationally unstable 
relative to the underlying asthenosphere because it is colder and 
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therefore denser. A compositional difference could annul the 
effect of thermal contraction, but the evidence of mantle 
convective thinning having occurred in many places [Houseman 
and Molnar, 1997] suggests that at least some parts of the 
subcontinental lithospheric mantle are subject to this kind of 
instability. One consequence of the lithosphere having a non- 
Newtonian viscosity is that some significant perturbation to 
lithospheric thickness may be necessary to allow the gravit- 
ational instability to grow fast enough to overcome the 
stabilising effect of thermal diffusion [Houseman and Molnar, 
1997]. Plate-driven convergence evidently provides the 
necessary perturbation, as most of the documented examples of 
mantle convective thinning have occurred in regions of plate 
boundary convergence or intraplate convergence. Thermal 
diffusion can be ignored if the instability grows sufficiently 
rapidly, that is, if the ratio of the thermal diffusion timescale (of 
order L2/Ic, where L is thickness and x is thermal diffusivity) to 
the shortening timescale (of order W/Uo, where U0 is the con- 
vergence rate and W is convergence zone width) is large. 

In discussions of convergent orogeny it is often assumed that 
the crustal thickening factor is locally the same as the total 
lithospheric thickening factor. The assumption may be quite 
valid if buoyancy-derived stress can be ignored. In response to 
convective thinning in the mantle, however, the observed crustal 
thickening factor may be much less than that of the lithosphere 
[Neil and Houseman, 1999]. The ratio of these two thickening 
factors may be an important diagnostic tool in determining the 
mechanism that has produced crustal thickening. 

The Transverse Ranges are a product of oblique lithospheric 
convergence in the San Andreas Fault plate boundary region 
north of the Los Angeles basin (Figure la). The major 
component of strain rate is clearly the strike-parallel shear, but 
the component of interest here is the strike-perpendicular 
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Figure lb. Magnitude of displacement rate versus perpendicular 
distance from the San Andreas fault for the displacement rate 
arrows shown in the map. 

convergence. We attempt to reduce the problem to one of two- 
dimensional (2-D) deformation by assuming that these two 
components of deformation can be separated and, for the time 
being, we ignore the strike-parallel shear. We thus consider a 2- 
D vertical section perpendicular to the axis of the Transverse 
Ranges and assume that deformation is 2-D in this plane. The 
assumption that the different components of strain rate may be 
separated in this manner is plausible if the shear is aligned with 
the axis of the 2-D structure, since the components of advection 
are then orthogonal. If the viscosity is Newtonian, the shear has 
no direct effect on the growth of a 2-D instability in the 
orthogonal plane, though the finite length of the transpressional 
zone may produce a small stabilising effect. If the viscosity is 
non-Newtonian, however, the high shear strain rates in the 
vicinity of the San Andreas Fault zone might have the indirect 
effect of creating a region of low lithospheric viscosity centered 
on the fault zone. Convective rolls whose axes are aligned with 
the direction of imposed horizontal shear [Richter, 1973] provide 
another example of a 2-D convective flow which is unaffected 
by orthogonal shear. 

The deformation driven by plate boundary convergence 
appears to be localized within a relatively narrow band, parallel 
to and approximately centered on the Transverse Ranges [Shay et 
al., 1996; clackson et al., 1997; Shen et al., 1997]. The across- 
strike width of the convergent zone (Figure lb) could be 
explained by a number of factors. The simplest explanation is 
obtained, however, from the analysis of an indented thin viscous 
sheet by England et al. [1985], who showed that the magnitude 
of displacement rate v decreases with distance y in the direction 
perpendicular to an indenting boundary of width 2/2, 
approximately as 

v • v o exp , (]) 

where n is the stress exponent of the nonlinear constitutive 
relation. For a strike-slip boundary the displacement rate u 
decreases 4 times faster: 

u = u o exp 2 ' (2) 

In this case, the obliquity of the boundary means that the actual 
rate of decrease of displacement is likely to be intermediate 
between these two estimates. The segment of the San Andreas 
Fault that is oblique to the convergence vector and thus under 
transpression is -200 km long. We estimate the half width of the 
zone of localized convergence as the distance y at which the 
displacement rate is reduced by a factor of e -2 . This theory 
implies, for n = 3, a half width for the transpressional convergent 
zone that is intermediate between-40 km (based on equation 2) 
and 160 km (based on equation 1). Even though n is uncertain, 
and variation of lithospheric strength associated with crustal 
thickness or background heat flow variations may also play a 
role in causing the deformation to be localized, these two 
estimates bracket the geodetically determined half width of the 
convergent zone, which is of order 100 km (Figure lb) [Shen et 
al., 1996]. Estimates of lithospheric thickness in southern 
California also lie within the range of-50-150 km [e.g., 
Anderson, 1989; Humphreys and Hager, 1990; Zandt and 
Carrigan, 1993], though the two length scales need not be 
directly related. 
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Figure 2. Horizontal velocity on the upper surface and sketch of initial geometry (0 _< x _< 2 D• ) of crustal and 
mantle layers together with boundary conditions and main physical parameters. An equivalent mechanical problem 
is defined by subtracting the constant density background state p = Pa in order that the boundary condition at the 
base of the lithosphere may be implemented as a zero traction condition. The vector n on this boundary is the unit 
outward normal. 

In our 2-D numerical experiments the third dimension (along- 
strike) is invariant, and so we simply impose the across-strike 
width of the deformation zone by means of an upper boundary 
condition in which velocity is rigid and plate-like over most of 
the solution region but falls to zero over an externally specified 
zone of convergence (Figure 2). We simplify the problem 
further by assuming that the model lithosphere, representing 
thermal and mechanical boundary layers of the Earth, consists of 
two homogeneous viscous layers. These layers, crust and 
mantle, overlie a homogeneous asthenosphere whose viscosity is 
small compared to that of the lithosphere. The mantle part of the 
lithosphere is assumed to be denser than the asthenosphere, a key 
assumption for creating a buoyancy-driven instability. 

The simplification of geometry, boundary conditions, and 
physical properties associated with the assumptions described 
above is an essential first step in the analysis of this problem. 
We are aware, however, that all of these simplifications should 
be examined carefully in applying these results to the observed 
deformation of the Transverse Ranges. 

2. Method 

Our analysis of the problem of lithospheric instability is based 
on the finite element methods used by Houseman and Molnar 
[1997] and Molnar et al. [1998], as modified for the inclusion of 
a low-density crustal layer by Neil and Houseman [1999]. The 
experimental model (Figure 2) includes a crustal layer of density 
Pc and viscosity r/c overlying a mantle layer of density 
lpm =lpa q- AlP and viscosity ;r]m , overlying an asthenosphere of 
density lPa and viscosity assumed negligible compared to r/m or 
r/c. The hydrostatic stress field arising from a constant back- 
ground density of lPa is subtracted from the model in order to 
simplify the application of applied stress boundary conditions at 
the base of the lithosphere. Relative densities, as shown in 
Figure 2, are used in the calculations and strain rate solutions are 
unchanged. In some experiments the Newtonian viscosities are 
replaced by non-Newtonian viscous strength parameters B c and 
B m, but in either case we assume that the viscosities or strength 
coefficients are constant in each layer. The term effective 
viscosity (one half the ratio of deviatoric stress component to 
strain rate component) is used in the non-Newtonian case to 
describe the apparent viscosity at any point in space. 

In the strike-perpendicular section that we consider (Figure 2) 
we incorporate a boundary condition which represents the 
convergence between the Pacific and North American plates with 
a zone of convergence centered on the Transverse Ranges and 
San Andreas Fault. Convergence is imposed by means of a 
velocity boundary condition in which the upper boundary of the 
crust may not move vertically (w = 0) but is forced to move 
horizontally with velocity: 

u = Uo, 

u = Uo sinl/r(Dø - x') 2W 

/2 =-g0, 

x < 

(Oo - _< x _< ½o + 

x > (Oo + 

(3) 

The vertical plane x = D O represents the center of convergence, 
and for most experiments we assume that the convergence and 
consequent deformation are symmetric about this vertical plane 
and solve only for the domain 0 _< x _< D O . In some experiments 
we introduce a small initial asymmetry and solve for 
0 _< x _< 2D o . The zone of convergence has width 2W and the 
relative convergence velocity is 2U o. 

The prescription of displacement instead of zero stress on the 
upper surface of the crust is an approximation that is justified by 
the observed deformation field. For some parameter combin- 
ations the resultant forcing of the flow may introduce artifacts 
that are inconsistent with an actual stress-free upper surface, but 
even then the experiments still provide a guide to the mechanical 
behavior of the system. Under conditions of zero stress, vertical 
displacement is minor, and in the absence of convergence the 
growth of the gravitational instability is almost the same for rigid 
and stress-free conditions for the crustal thickness and density 
assumed here [Neff and Houseman, 1999]. 

On both vertical boundaries (x =Uot and x= Do or 
x=2Do-Uot ) the horizontal component of velocity is 
constant, consistent with (3), and the vertical shear stress is zero. 
The low-viscosity half-space representing the asthenosphere 
applies only a hydrostatic normal stress to the lower boundary of 
the lithosphere. Since the relative density of the half-space is 
zero (Figure 2) the effective boundary condition is therefore zero 
traction. 
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The stress balance within the lithosphere is represented by 

c3cr0' Pg4'z =0 (4) 
OXj ' 

where g is the acceleration due to gravity, ,o is density, csq is 
the stress component, and a' 0. is the Kronecker deltaß Stress is 
resolved into isotropic (p) and deviatoric ( r 0. ) parts: 

%' = p4)' + to', 
ß 

and we assume that the relation between stress and strain rate 
is defined by a viscous constitutive relation of the form 

r O. = BL3(n•)/"•O., (6) 
with exponent n, strength coefficient B, and second invariant of 
the strain rate tensor E. In most of the experiments we used n = 
1, in which case, B = 2q, where q is viscosityß B (or q) may 
take different values in crust and mantle but is here assumed 

constant in each layerß The deformation is also assumed to be 
incompressible in the 2-D plane of the flow: 

ß c•u i 
œii - - 0 (7) 

3x i 

At each time level, equations (3)-(7) are solved subject to the 
specified boundary conditions and the density distribution. We 
use a Lagrangian formulation in which the coordinates of points 
in the solution region move with time according to 

c•X i 
(8) 

implemented by a Runge-Kutta integration that is accurate to 
second order in time. 

We solve the system of equations (3)-(8) using the finite 
element method (program basil). For most of the calculations 
described below, the finite element mesh was constructed of 
3402 triangular elements, using quadratic interpolation functions 
for velocity (7031 nodes) and linear functions for pressure (1815 
nodes), in a 6 x I rectangle representing the left half of the 
region shown in Figure 2. Accuracy of the method was verified 
for small strains by comparison with linear stability theory in the 
absence of imposed convergence [Neil and Houseman, 1999]. 
To verify that the calculations are well resolved at large strains, 
selected calculations were repeated using a denser mesh in which 
the density of node points was increased by 33% in each 
direction. The triangular elements are stretched during the 
deformation, but the topology of the finite element mesh is 
preserved. 

The deflections of the density interfaces (both at the Moho 
and at the base of the lithosphere) create horizontal density 
gradients which drive deformation. In the absence of imposed 
convergence (Uo = 0 ) and for small initial harmonic deflections, 
two distinct components of the solution may be present [Neil and 
Houseman, 1999]. Deflection of the unstable boundary at the 
base of the lithosphere drives a circulation which grows 
exponentially, leading to the replacement of lithospheric mantle 
with less dense asthenosphere. On the other hand, deflection of 
the Moho displaces low-density crust with higher-density mantle 
and thus may drive a circulation in the opposite sense, which 
causes the Moho deflection to decay. Stable exponential growth 
(of both deflections) occurs, however, when the initial Moho 
deflection is -6% of the deflection of the lithosphere- 
asthenosphere boundary (for typical density and viscosity 

parameters) [Neil and Houseman, 1999]. In the numerical 
experiments that we describe here, we focus on the question of 
how the imposed convergence influences the growth of this 
instability. 

In the numerical experiments we work with a system of 
dimensionless units which facilitates analysis and interpretation. 
Lengths are rendered dimensionless using L, the thickness of the 
lithosphere; density using A,o, the difference between mantle 
and asthenosphere density; and viscosity using the mantle 
viscosity r/m (or Bm). The velocity scale is then chosen to be 
consistent with the stress scale gAoL' 

U b gAoL L gA'øL2 = -- , I•--1 
Bm 2r/m ' 

(9) 

and the appropriate timescale is then T = L/U b . The set of 
dimensionless parameters that govern the calculation is listed in 
Table 1. 

3. Results 

Of the parameters in Table 1, we choose a value of D6 (= 4 
or 6) sufficiently large that the external ends of the plate remain 
relatively undeformed throughout the experiment. We also 
choose m'= 1/3, appropriate for a crust which is initially 30 km 
thick in a plate of total thickness 90 km. We assume ,O'c = 
-16ß7, appropriate to ,Oa = 3300 kg m -3, ,Oc = 2800 kg m -3, 
and ,do = 30 kg m -3. The relative density contrast ,O'c is 
uncertain mainly because the lithosphere to asthenosphere 
density contrast •d,,9 is not accurately constrained, but note that 
small variations to m' or ,O'c in the vicinity of our nominal values 
have only a minor quantitative effect on the subsequent growth 
of a gravitational instability [Neil and Houseman, 1999]. The 
ratio of crust to mantle viscosity (r/c or B' c ) is also not well- 
constrained, and we commence with the assumption that 
r/'c -B'c := 1 and then consider the effect of variation in this 
parameter. The influences of P'c and r/'c have been described in 
detail by Neil and Houseman [1999] for the case in which n = 1 
and U• = 0 We therefore focus first on the influence of 
convergence rate U• and the half width of the convergent 
region W'. Our aim is to use these experiments to understand the 
effect of U• and thus to constrain its value in the case of 
convergence in the Transverse Ranges. In so doing, we 
constrain the poorly known rheological parameter B m (or r/m ), 
since the actual convergence velocity is relatively well known. 
From Table 1, U• may also be described as the ratio of the 
timescale for gravitational instability of the unstable mantle layer 
(T) to that for externally driven convergence ( L/U o ). 

There are two evident extremes in the variation of U[. When 
Ug is small, the gravitational instability will proceed without 
being significantly influenced by the convergence. In that case 
the ratio of Moho deflection to deflection at the base of the 

lithosphere is mainly controlled by the density parameter ,O'c, 
and it is relatively insensitive to the crust-mantle viscosity 
contrast if r/'c < 1 [Neil and Houseman, 1999]. For typical 
values of the relative density contrast this ratio is of order 6% 
during the early stages of growth of the instability. At the other 
extreme, when U[ is large, the deformation required by the 
convergence is essentially not affected by the gravitational 
instability, and the ratio of crustal to lithospheric thickness 
during the convergence remains similar to its initial value m'. 

At intermediate values of the convergence rate the instability 
grows fast enough to dominate the imposed convergence, yet its 
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Table 1. Dimensionless Parameters Used in Numerical Experiments 

Parameter Definition 

c= t_ = 
T Bm 

, Bm Uo 
Uø = gAoL L 

, Bc r/c = r/c or Bc= 
r/rn Bm 

W 

m 

dimensionless time 

convergence rate 

ratio of crust to mantle viscosities/strengths 

ratio of crustal buoyancy to mantle buoyancy 

half width of the convergent region 

initial half length of the solution region 

thickness of the crust 

growth is quite sensitive to the rate of convergence (Figure 3). 
In the experiments shown in Figure 3 we show the result of 
varying U; with other parameters fixed. Note that time t' in 
Figure 3 and following figures is dimensionless. Conversion to 
actual elapsed time depends on the choice of physical parameters 
(Table 1) and is examined in section 4. Note also that though the 
actual convergence rate may be well known, the dimensionless 

convergence rate U; incorporates the unknown viscous strength 
of the lithosphere and thus may be uncertain by a large 
multiplicative factor. 

The externally imposed convergence at first causes crustal 
and lithospheric thickening in the central region as expected. 
For relatively fast convergence (U; = 0.16, Figure 3c) the 
downwelling develops smoothly, but slowly relative to the 

(a) U'- 0.008 t 

06 

• t'=21.5 

(c) u' = 0.16 , 

t'=11.25 

W'--1 

constant Newtonian viscosity 

viscosity of crust - 

viscosity of mantle 

Figure 3. Lithospheric geometry at successive times during three numerical experiments, with n = 1, W'= 1, 
r/c = 1, ,o' c = -16.7, m '= 0.333, and (a) U[ = 0.008 and D; = 4, (b) U[ = 0.04 and D• = 4, and (c) US = 0.16 
and Db = 6. The external boundary of the solution region shows the boundary between lithosphere and 
asthenosphere at t '= 0 and at the other times as labeled. The heavy line that runs through the layer at 1/3 depth 
shows the Moho at t'= 0 and again at the last labeled time. 
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(a) vertical velocity component at base of lithosphere 

0.0 f -" 

I -5.6E-3 -' t'= 0 
i i i 

(b) '• t'= 25 

.13 

Figure 4. (a) Vertical velocity component just above the base of the lithosphere (z'= 0.02) at time zero and at two 
later times, and (b) geometry of lithospheric deformation and crustal thickening for an experiment with n = 1, U• = 
0.008, W'= 1, r/c = 1, P'c =-16.7, m'= 0.333, and D• = 4. The heavy lines within the layer show Moho 
geometry at t'= 31.13 (solid) and t'= 0 (shaded). At t '= O, an initial asymmetry (in this case 5%) is introduced by 
setting the base of the lithosphere to z' = -0.025 x cos{zcx/2D o). 

convergence rate and is centered on the symmetry plane. For 
sufficiently slow convergence (U• = 0.008, Figure 3a), however, 
the buoyancy-driven downwelling grows not beneath the center 
of the convergent region but beneath its margins, so that two 
separate downwellings develop in the full synm•etric calculation. 
For W '= 1 the change in behavior from a single downwelling to 
two separate downwellings occurs at U• • 0.04 (Figure 3b). 
When the dimensionless convergence rate is reduced to 
U•=0.016 the two downwellings become completely separate, 
and when increased to U[ = 0.08, the single downwelling has 
only a slight inflection in its center. 

If the convergence rate is fast compared to the growth of the 
instability ( U[ - 0.16, Figure 3c), we see that the ratio of crustal 
to lithospheric thickening is greatest. If, however, the 
convergence rate is slow compared to the growth of the 
instability ( U[ = 0.008, Figure 3a), buoyancy dominates, and the 
ratio of crustal to lithospheric thickening is least. Whenever the 
gravitational instability develops at a greater rate than the 
externally imposed convergence, we see that significant thinning 
of the mantle lithosphere occurs in the region adjacent to the 
downwelling (Figures 3a and 3b). We repeated the experiments 
in Figures 3a and 3b with D•-- 6 and other parameters 
unchanged and found that the evolution of the instability and of 
crustal thickening were not significantly changed. Thus, if U[ is 
sufficiently small, then D• = 4 is great enough that the evolution 
of the system is unaffected by the side boundaries which are 
assumed embedded in the adjoining plates. With U• = 0.16 and 
D• = 4, however, significant thickening was observed to occur 
also at the embedded end of the plate (x'= 0). 

The question of why the central convergent zone might 
generate two separate downwellings prompted us to run 

experiments over the full domain 0 _<x _< 2D0 (Figure 4). To 
break symmetry, we introduced a small initial deflection of the 
lower boundary (refer to Figure 4 caption) such that the layer is 
initially thicker on the left than on the right. The effect of a 
small asymmetry (1% difference in lithospheric thickness, or 
less) is minor; full domain experiments over the range of 
dimensionless convergence rates, 0.008 _< U[ _< 0.16, all showed 
behavior consistent with the half domain experiments described 
above (Figure 3), other parameters being unchanged. The 
transition from single central downwelling to a pair of marginal 
downwellings is again observed at U[ • 0.04. The influence of 
the 1% asymmetry causes the marginal downwelling on the left 
to grow slightly faster and the other to grow slightly slower but 
does not change the basic pattern. With 5% asymmetry the 
downwelling on the left grows much faster than the one on the 
right, which continues to grow slowly (Figure 4b). With 20% 
asymmetry, however, the instability ignores the imposed 
convergence condition, and downwelling begins first at the point 
of maximum lithospheric thickness (x'- 0 in that experiment). 

The behavior in which downwelling grows beneath the 
margins of the convergent zone, rather than the center, can be 
explained by the effect of crustal buoyancy. The variation of 
downward velocity at the base of the lithosphere is shown in 
Figure 4a at three times, early in the growth of the instability. At 
t'= 0 the effect of crustal buoyancy is not yet felt, as there is no 
significant variation in crustal thickness, and the downwelling is 
clearly centered beneath the convergent zone. After only a small 
degree of crustal thickening induced by the imposed 
convergence condition, however, the distribution of 
downwelling changes markedly (t'= 5, Figure 4a). Although 
convergence continues in the upper crust, the buoyancy of the 



16,244 HOUSEMAN ET AL.' LITHOSPHERIC INSTABILITY 

' - 

o.oo, o.o, 
crust) 

11.2••0 •', (c) U'= 0.16, t'= 

Figure 5. Geometry of crust and lithosphere and internal strain deformation for the three experiments shown in 
Figure 3. For each of (a) U• = 0.008, (b) U•) = 0.04, and (c) U• = 0.16, the solid line shows the base of the 
lithosphere, the shaded line shows the Moho at the specified time. A rectangular array (5 x 10) of initially circular 
strain markers is superimposed on each experiment at time zero. 

crust resists depression of the Moho, and the downward flow at 
the center of the convergent zone is reduced. The maxima of the 
downward flow velocity then move outward to the margins of 
the convergent zone, where the two mantle downwellings 
subsequently develop. A shear flow develops within the crustal 
layer in order to accommodate the imposed convergence without 
inducing steep topographic gradients on the Moho. With the 
subsequent development of the gravitational instability the 
weight of the downwelling blob pulls the Moho down, 
permitting significant local crustal thickening (Figure 4b). 

Shear deformation of the crustal layer in these experiments 
(Figure 5) is induced by two processes. The prescribed 
boundary condition, in conjunction with the buoyancy contrast at 
the Moho, causes a crustal shear flow in which the vergence is 
directed toward the center of the convergent zone (x'= Db ) in 
the upper crust and away from the center in the lower crust. This 
pattern is most clearly evident at large convergence rate (Figure 
5c). Superimposed on the shear deformation induced by the 
convergence is shear induced by the gravitational instability, 
which causes a pattern in which the vergence is directed away 

slow convergence narrow convergent zone fast convergence 

(a) U'= 0.008; 25 

U t'=28.9 

(b) U 016 

broad convergent zone 

t'=30 
(c) U' = 0.008; W' = 2.0 

t'=33.9 

t'=6.25 

t'=10.4 

(d) U'= 0.16' W'= 2.0 
t'=1o 

t'-12.5 

Figure 6. Layer geometry at time zero and at two subsequent times for experiments with varying convergent zone 
width, n = 1, r/' c = 1, P'c = -16.7, m '= 0.333, D• = 6, and (a) W'= 0.5 and U• = 0.008, (b) W '= 0.5 and U• = 
0.16, (c) W '= 2 and U• = 0.008, and (d) W '= 2 and U• = 0.16. The Moho is also shown at t'= 0 (shaded line) 
and at the final time (solid line). 
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from the center of downwelling throughout the crustal layer. 
This pattern is most clearly evident at small convergence rate 
(Figure 5a). The two processes act in the same direction in 
shearing the lower crust but in opposite directions in the upper 
crust. Thus, if the gravitational instability develops quickly 
compared to the imposed convergence (Figure 5a), large outward 
vergent shear strain is developed in the lower crust, while 
deformation of the upper crust is relatively minor. On the other 
hand, if the gravitational instability is slow to develop (Figure 
5c), the entire crustal layer above the center of convergence 
undergoes a strong shortening deformation and the upper crust, 
with inward directed vergerice, is more strongly sheared than is 
the lower crust. 

In all of the experiments described so far, we have assumed 
IV'= 1 (the half width of the convergent zone is equal to the 
original lithospheric thickness). One might question whether the 
occurrence of multiple downwellings beneath the convergent 
zone is a consequence of a boundary condition in which 
convergence is forced to occur in too narrow or too wide a 
region. We therefore next examine the effect of varying the 
width of the convergent zone IV'. Figure 6 shows the outcomes 
of experiments with W '= 0.5 or 2 for fast and slow convergence 
rates, for comparison with the IV'= 1 experiments shown in 
Figure 3. The somewhat counterintuitive aspect of the result 
shown in Figure 6 is that a single central downwelling is more 
likely to occur if the crustal shortening of the convergent region 
is distributed over a wider zone (Figures 6c and 6d). 
Downwellings on the edges of the convergent zone are more 
likely to occur with the narrower convergent zone (Figures 6a 
and 6b). Note also the extensive lithospheric thinning that 
occurs over a broad region of the neighboring lithosphere as the 
lithosphere is convectively thinned for the case of slow 
convergence rate and broad convergent zone (Figure 6c). 

Up to this point, we have examined experiments in which 
both lithosphere and crust have a homogeneous (and equal) 
Newtonian viscosity. We next consider the possibility that the 
crust is significantly weaker or stronger than the mantle 
lithosphere, while retaining the assumptions of constant 
Newtonian viscosities in each layer. If the crust is significantly 

weaker than the mantle (Figures 7a and 7b), it can deform easily, 
but its large positive buoyancy still prevents significant crustal 
thickness gradients from developing. In that case the tendancy 
for downwelling to occur away from the center of the convergent 
zone is enhanced, particularly at low convergence rate (Figure 
7a), and we see a style of convective thinning of the lithosphere 
which is more nearly like the delamination mechanism proposed 
by Bird [ 1979]. We consider that the term delamination is used 
properly to describe a style of deformation in which the unstable 
mantle lithosphere is peeled as a coherent sheet away from the 
overlying layer. The downwelling in Figure 7a migrates outward 
as it develops, away from the center of convergence, and we see 
rather extreme lithospheric thinning above the center of 
convergence, accompanied even by minor crustal thinning. The 
effect of a weak crust in promoting marginal downwelling rather 
than central downwelling is also observed at higher convergence 
rate (compare Figures 7b and 3c). Note that although the factor 
of 5 decrease in crustal viscosity here causes a remarkable 
change in the geometry of downwelling, the rate at which the 
instability develops is not much changed. 

When the crust is significantly more viscous than the mantle, 
it can more easily support the stresses that accompany significant 
gradients in crustal thickness near the center of the convergent 
zone. We then see (Figures 7c and 7d) the style of gravitational 
instability that is characterized by mantle downwelling directly 
beneath the center of convergence over the entire range of 
convergence rates tested (0.008 5 U• 5 0.16). If the growth of 
the instability is sufficiently fast compared to the convergence 
rate (small U•), the acceleration of the downwelling blob causes 
lithospheric thinning in the region adjacent to the vertical sheet 
(Figure 7c). If the instability grows slowly (large Ub), however, 
the downwelling sheet just keeps pace with the convergence until 
a deep tongue of lithosphere is pushed into the mantle far enough 
for the negative buoyancy to take over (Figure 7d). In the latter 
case, there is no significant lithospheric thinning before the end 
of the experiment. 

In a final group of experiments (Figure 8) we examine how 
the gravitational instability evolves when the lithosphere (mantle 
and crust) has a non-Newtonian viscosity with n = 3. Here we 

slow convergence crust:mantle viscosity ratio = 1/5 fast convergence 

t 875 
(b) U'=O (a) u'= 0.008 

t'--11.25 

t'=27.25 
crust:mantle viscosity ratio = 5 

(c) u' = 0.008 t'=20 (d) U' = 0.16 

t'=24.5 

t'=8.75 • 
Figure 7. Layer geometry at time zero and at two subsequent times (as labeled) for experiments with varying 
crustal strength, n = 1, W'= 1, P'c = -16.7, m'= 0.333, D• = 6, and (a) t/c = 0.2 and U•) = 0.008, (b) tl'c = 0.2 
and U• = 0.16, (c) t/c = 5 and U• = 0.008, and (d) t/c = 5 and U•) = 0.16. The Moho is also shown at t'= 0 
(shaded line) and at the final time (solid line). 
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Non-Newtonian viscosity, n = 3 

(a) crust:mantle strength -- 1/2 

9.77E+3 

(b) crust:mantle strength: 1 • t'=1.00E+4 

t'=8.79E+3 

(c) crust:mantle strength = 2 

t'=9.00E+3 
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Figure 8. Layer geometry at time zero and at two subsequent 
times (as labeled) for experiments with non-Newtonian viscosity, 
n = 3, U[ = 0.512x 10 -4 W '= 1 ,o' c =-16.7 m'= 0.333 
D• = 6, and varying crustal strength ratio (a) B c' = 0.5, (b) B c' 
= 1, and (c) B• = 2. The Moho is also shown at t'= 0 (shaded 
line) and at the final time (solid line). 

consider only a relatively slow convergence rate 
( U•=0.512 x 10-4 and W'= 1) but allow the viscous strength of 
the crust to vary relative to that of the mantle. Note that the 
dimensionless timescale for the n = 3 calculations differs greatly 
from that for n = 1 because of the dependence of the 
dimensionalization factors on n (Table 1); a direct comparison of 
timescales first requires that the physical values of the viscosity 
coefficients be defined. Because the lithospheric material is 
strongly strain rate thinning when n = 3, we increase or decrease 
the strength coefficient B c of the crust only by a factor of 2. At a 
constant stress difference the strain rate of an n = 3 fluid is 

increased by a factor of 8 when B is decreased by a factor of 2. 
The n = 3 experiments of Figures 8a-8c are then roughly 
comparable to the n = I experiments of Figures 7a, 7c and 3a in 
two aspects. First, the gravitational instability is well developed 
while the total convergence is still small, and second, the range 
of effective crustal strength variation in each case is comparable. 
We see that the n = 3 experiments show a range of convective 
thinning styles very similar to that for n = 1 as the crustal 
strength ratio is increased. When the crust is weak compared to 
the mantle (Figures 7a and 8a), we see downwelling on the 
margin of the convergent zone and major lithospheric thinning in 
the center. When the crust is stronger than mantle lithosphere, 
downwelling is concentrated in the center of the convergent zone 
(Figures 7c and 8c). This comparison (Figures 7 and 8) also 
suggests that the initial downwelling removes less of the 
lithosphere with n = 3 and that crustal thickening, though minor 
in both cases, may be somewhat greater for n = 1. 

In the absence of a buoyant crust the influence of widespread 
horizontal shortening on the time development of the 
gravitational instability has been described by Molnar et al. 
[1998]. Regardless of the value of n, the growth is initially 
exponential because the background shortening strain rate causes 
the effective viscosity to be constant. When n > 1, however, and 
the growth has reached some threshold in which the strain rate 
due to the instability exceeds that due to the shortening, rapid 
power law growth is observed. In our experiments the 
shortening is localized rather than uniformly distributed, so the 
effective viscosity must vary spatially, with low viscosity in the 
central convergent zone and high viscosity at the embedded ends 
of the plates. It seems likely that the lateral variation of viscosity 
with n = 3 would act to limit the lateral extent of the region 
influenced by the gravitational instability so that the volume of 
lithospheric mantle removed would be less than with n = 1. The 
very rapid growth of downwelling in the final phase of the 
gravitational instability is observed, however, with both 
localized and distributed convergence. 

The buoyancy of the crustal layer adds further complexity to 
this system. For n = 1 the buoyant layer introduces a decaying 
mode to the solution in addition to the exponentially growing 
mode [Neil and Houseman, 1999]. The growing mode is driven 
by the unstable lithosphere-asthenosphere boundary, and the 
decaying mode is driven by the stable crust-mantle boundary. In 
the absence of localized convergence the decaying mode soon 
disappears, and convergence grows exponentially for n = 1 [Neil 
and Houseman, 1999]. In our experiments, however, localized 
crustal thickening is driven by the imposed convergence, and 
therefore both gravitationally driven modes are present 
throughout the growth of the instability. 

The evolution in time of these experiments reflects the 
interaction between the imposed convergence, the stable Moho, 
and the unstable lithosphere-asthenosphere boundary. To 
illustrate the different stages in the time evolution of this system, 
we examine the variation with time of the maximum downward 

displacement and velocity of the lithosphere-asthenosphere 
boundary and of the Moho (Figure 9). All of our experiments 
show a typical pattern in which the displacements of both 
boundaries at first increase rapidly from their initial zero values 
as thickening in both layers is driven by the convergent 
condition, and buoyancy plays a negligible role. During this 
time the velocities decrease as the buoyancy contrast at the Moho 
begins to play a role. Then a phase of steady growth follows in 
which the velocities increase only slowly and the displacements 
grow almost exponentially. During this phase the thickening 
driven by external convergence is resisted by the buoyancy 
contrast at the Moho while the unstable mode is still small. The 

final stage of the evolution sees the unstable mode dominate as 
both velocities and displacements increase rapidly and a blob of 
dense mantle lithosphere starts to form and fall away. 

The dynamical sequence just described is shown in Figures 9a 
and 9b for two experiments in which single central 
downwellings develop (n -- 1 and W'= 2, Figures 6c and d), 
differing only in the rate of the imposed convergent velocity. 
For both U• = 0.008 and U• - 0.16 the timescale for the 
buoyancy-driven instability is the same, but the timescale for 
thickening driven by convergence is decreased by a factor of 20. 
We observe, however, that the interplay between the competing 
driving forces causes the time to instability to be decreased by a 
factor of-2.5 only (Figures 9a and 9b). 

With n = 3 (Figures 8b, 9b and 9d), the pattern is modified. 
During the first two phases of growth the viscosity in the 
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Figure 9. Maximum velocity (Figure 9a and 9b) and dis- 
placement (Figures 9c and 9d) of the lithosphere-asthenosphere 
boundary (solid curves), and of the Moho at x'= E• o (dashed 
curves) versus dimensionless time. (a) and (c) Results for n = 1, 
r/c = 1, P'c =-16.7, m'= 0.333, D• = 6, and W '= 2 with 
slower development for U[ = 0.008 and faster for U/• = 0.16 (as 
in Figures 6c and 6d). (b) and (d) Results for n = 3, U•) = 
0.512x10 -4 W'=I ,o' c=-16.7 m'=0.333, D6= 6, and Bj 
= 1 (as in Figure 8b). 

convergent region is mainly determined by the constant 
convergent rate and is relatively constant with time, so the 
nonlinearity of the constitutive relation has only a minor impact. 
The second phase of growth occupies a greater percentage of the 
total time (Figure 9d), and the velocities are relatively more 
constant (Figure 9b) during this phase. The sudden growth of 
the instability in the final stage of the n = 3 experiment, evident 
in Figures 9b and 9d, defines the time at which the stress induced 
by the downwelling blob causes a major localized reduction in 
lithospheric viscosity. The transition from quasi-linear growth to 
catastrophic instability is similar to that observed in previous 
experiments with non-Newtonian viscosity under conditions of 
distributed convergence [Molnar et al., 1998]. 

Crustal thickening is observed to increase monotonically with 
the growth of the instability (Figures 9c and 9d) but it seems 
likely that its growth will be limited by the final detachment of 
the unstable blob. Extrapolation of the computed time series to 
the point of blob detachment suggests that the maximum crustal 
thickening factor when there is no imposed convergence (for n = 
1 and t/c= 1) is-1.4 [Neil and Houseman, 1999]. Our 
experiments show, however, that the maximum crustal 
thickening factor (Figures 10c and 1 Of) can be increased locally 
to values > 2.0 by the imposed horizontal convergence, 
particularly if the convergence is relatively rapid and more so if 
the crust is stronger than the lithospheric mantle (e.g., Figure 
7d). 

4. Discussion 

The experiments described here show that a considerable 
range of lithospheric deformation geometries is possible, 
depending on the rate of imposed convergence and on the 
relative strengths of crust and mantle lithosphere. It seems 
possible that this simple model can simulate a variety of 
synorogenic and postorogenic deformation geometries observed 
in different regions, simply by variation of these important 
physical parameters. The principal result to emerge from the 
numerical experiments is the characterization of mantle 
downwelling beneath a localized convergent zone as occurring 
by one of two principle mechanisms: single central downwelling 
or multiple downwellings on the margins of the convergent zone. 
For n = 1 and the parameter space in which these experiments 
have been carried out, there is a clear segregation between these 
two types of behavior, as shown by the dashed lines in Figures 
10a and 10d. Multiple downwelling is favored for small W', U•, 
and r/•, and conversely, single downwelling is favored when 
these parameters are large. Our limited experiments with n = 3 
suggest that a similar transition is observed with non-Newtonian 
viscosity with the main difference that the final stage of 
instability growth is more catastrophic. 

In comparing our experiments to what has taken place in the 
lithosphere beneath the Transverse Ranges, we are fortunate to 
have a number of good quantitative constraints on the geometry 
and history of convergence and deformation. The precise value 
of lithospheric thickness in southern California is not a critical 
parameter in this comparison, but it is constrained by a number 
of seismological studies [e.g., Anderson, 1989; Humphreys and 
Hager, 1990; Zandt and Carrigan, 1993], and we assume a 
nominal value of 90 km. The present-day distribution of creep 
velocity in southern California is now relatively well defined by 
geodetic studies [e.g., Shen et al., 1996, 1997; Snay et al., 1997]. 
The variation of displacement rate components perpendicular to 
the San Andreas Fault (Figure lb) [Shen et al., 1996; Shay et al., 
1996] implies that deformation is distributed over a zone of 
approximate width 200 km, approximately centered on the San 
Andreas Fault. The geodetic data (Figure lb) show considerable 
scatter, and the transition from the convergent zone into the 
undeforming plate may not be adequately resolved, but the data 
are consistent with the type of convergent boundary condition 
defined in Figure 2. On the basis of Figure lb, 100 km < kV < 
150 km, and normalizing by the lithospheric thickness, we infer 
thatl<W' <2. 

The magnitude of the strain rate determined from the geodetic 
data is roughly consistent with that implied by the long-term 
relative plate motion vector derived from NUVEL-1 after the 
effects of strain within the Basin and Range province are taken 
into account [Feigl et al., 1993; Snay et al., 1996]. The relative 
displacement rate in the strike-perpendicular direction (2 U0) is 
at least 15 mm/yr (Figure lb) and at most ---20 mm/yr [dackson 
and Molnar, 1990]. Assuming that convergence across this 
segment of the San Andreas Fault began at about 5 Ma [Crowell, 
1968; Atwater, 1970; Wright, 1991], the total shortening is 
therefore at most ---100 km. Assuming approximate symmetry, 
each of the two plates has undergone shortening of at most -50 
km. In the context of our experiments the gravitational 
instability is well developed, while the total displacement 
remains small: U•t' < 0.5 (where displacement is normalized by 
L). 

The large-scale geometry of lithospheric deformation is 
further defined by measurements from seismology. The results 
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Figure 10. Summary map of experimental results, for n = 1, in the U;-r/c plane for Figures 10a, 10b, and 10c, 
and in the U;-W' plane for Figures 10d, 10e, and 10f. (a) and (d) The occurrance of single (s) or multiple (m) 
downwellings, with the dashed lines showing the approximate boundary of the transition. (b) and (e) The total 
convergence U•t' at the time when the maximum downwelling reaches a depth of-2.5L, with the solid lines 
marking the approximate position of U•t' = 0.5. (c) and (f) The maximum crustal thickening factor at the ends of 
the experiments. Some of these experiments are illustrated in Figures 3-7. 

of seismic tomography beneath the Transverse Ranges seem to 
show clearly that the high-velocity mantle anomaly is a narrow 
sheet that lies directly below the thickened crust, extending to at 
least 200 km, but perhaps only 50 km in width [Humphreys and 
Clayton, 1990; Kohler, 1999]. The large thermal gradients 
implied by the narrow width of this anomaly also imply a young 
age for the creation of the anomaly [Humphreys and Hager, 
1990]. 

In using the above observations to determine the best model 
parameters to represent the Transverse Ranges, the first and most 
obvious constraint is that mantle downwelling beneath the 
Transverse Ranges is well developed after a relatively small total 
convergence and evidently occurs as a single central down- 
welling directly beneath the center of the convergent zone. The 
rapid development of the instability relative to the total 
convergence in this case provides an upper limit on the 
dimensionless convergence rate (Figures 10b and 10e). For 
U[t' to be < 0.5 by the time the instability is well developed, the 
experiments show that U[ _< 0.02, approximately. This 
constraint is almost independent of W' (Figure 10e) and only 
weakly dependent on J7'c, though the upper limit could be 
increased to-0.04 for r/c = 5 (Figure 10b) 

The experiments described above (e.g., Figures 3a, 3b, 6a and 
6c) suggest the possibility that lithospheric thinning has occurred 
adjacent to the zone of crustal thickening. In general, 
lithospheric thinning will occur if the mantle downwelling grows 
faster than required by the externally driven convergence. 
Although most of southern California experienced extension and 
thinning associated with the impingement of the East Pacific 
Rise occurring between 24 and 18 Ma, thinning may still be 
occurring during present times, as suggested by lower than 
average upper mantle velocities [e.g., Polet and Kanamori, 
1997]. 

The observation that mantle downwelling is in the form of a 
thin central sheet is also an important constraint, as the 
applicable model parameters must then lie above or to the right 
of the dashed lines in Figures 10a and 10d. Together with the 
above condition that US _< 0.02 the possibility that r/c < 1 is 
thus ruled out. If the crust were relatively weak (JT'c < 1), our 
experiments suggest that any mantle downwelling that could be 
established within a time that satisfies U•t' < 0.5 would be in 
the form of multiple marginal downwellings accompanied by 
extreme lithospheric thinning in the central region. The 
geometry of deformation in the Transverse Ranges instead 



HOUSEMAN ET AL.: LITHOSPHERIC INSTABILITY 16,249 

implies that the average strength of the crust is at least as great as 
the average strength of the mantle lithosphere. Combinations of 
model parameters that satisfy the above observations are found 
in the lower right quadrant of each box representing the 
parameter space shown in Figure 10: 

7'c > 1, U[ .<_0.02, 1 < W'<2. (10) 

The above constraint on U[ translates directly into an 
approximate upper bound on the strength of the lithosphere in 
this region of intraplate convergence. We invert the definition of 
U[ (Table 1) to obtain 

gApZ2U; 
2Uo 

If U• • 0.02 as implied by the experiments, U o = 10 mm/yr for 
the Transverse Ranges, and we take typical values of g = 10 
m s -2, ,do- 30 kg m -3, and L = 90 km, then the average mantle 
viscosity is approximately r/r n = 0.8 x 102o Pa s, if •7'c • 1 and 
W'• 1. If the crustal strength is increased relative to that of the 
mantle lithosphere ( • > 1), then the range of possible values of 
U[, and hence r/m, is increased (Figures 10a and 10b). For 
example, if •7'c = 5, the above estimate of apparent mantle 
viscosity could be increased by about a factor of 2 or decreased 
by a factor of 5 or more. Our estimate is consistent with the 
conclusion of Flesch et al. [2000] (which is based on a regional 
lithospheric stress balance) that integrated lithospheric viscosity 
in the California shear zone is of order 1021 Pa s. 

Recent, high-resolution seismic experiments show that 
crustal thickness is of order 38 km beneath the San Gabriel 

Mountains in the central Transverse Ranges [Hafner et al., 
1996; Kohler and Davis, 1997; Fuis, 1998], decreasing to •25 
km beneath the Los Angeles basin and as low as 20 km offshore 
in the continental borderland [Couch and Riddihough, 1989; 
Mooney and Weaver, 1989; ten Brink et al., 1996]. It is difficult 
to infer crustal thickening ratios from measurements of present- 
day crustal thickness because we do not know the original 
distributi. on of crustal thickness nor are there good constraints on 
the effects of erosion. Nevertheless, the increased crustal 
thickness beneath the Transverse Ranges could be attributed to 
the shortening strain implied by recent large earthquakes 
[Jackson and Molnar, 1990]. If we interpret the ratio of crustal 
thickness beneath the Transverse Ranges to that beneath the Los 
Angeles basin as a crustal thickening factor (/7• 1.5), we may 
compare this thickening factor with the maximum crustal 
thickening factors developed at the end of the n = 1 experiments 
(Figures 10c and 10f). A thickening factor of •1.5 implies a 
dimensionless convergence rate of U[ • 0.02 (within a factor of 
•2), consistent with the constraint described by equation (10). 

The above constraints on dimensionless convergence rate are 
based on the assumption of Newtonian lithospheric viscosity. 
Similar constraints could be obtained for an n = 3 viscosity law, 
with further experimentation, because the n = 3 experiments 
show a similar transition from edge downwelling to central 
downwelling (Figure 8). The transition is qualitatively similar 
for both n = 1 and n = 3, even though there are large spatial 
variations of viscosity in the latter case. With n = 3 the central 
convergent zone has a relatively low effective viscosity, at first 
because of the imposed convergence and later because of the 
growth of the instability. The experiments appear to show, 
however, that the location of downwelling is mainly governed by 
the distribution of buoyancy forces and only weakly affected by 
the distribution of viscosity. 

5. Conclusions 

We have interpreted the images from seismic tomography, 
which show a narrow vertical sheet of cold rock directly beneath 
the Transverse Ranges, by using a model in which downwelling 
of mantle lithosphere driven by buoyancy forces is initiated by 
plate boundary convergence across this segment of the San 
Andreas Fault. By using numerical experiments on a simplified 
2-D model consisting of two homogeneous layers (crust and 
mantle lithosphere) overlying a half-space (asthenosphere), we 
have shown how the predicted deformation field changes, as the 
balance between externally driven convergence, internal 
buoyancy forces, and resistive viscous stress is altered. The 
simplest and clearest indicator of the state of this balance is 
whether downward flow occurs in the form of a single sheet 
beneath the center of the convergent zone (as beneath the 
Transverse Ranges) or as multiple sheets on the periphery of the 
convergent zone. Our experiments imply that the latter behavior 
is more likely to occur if the crustal layer is significantly weaker 
than the mantle layer, or if the convergence is relatively slow. 
For the Transverse Ranges the effective strength of the crust 
must be at least as great as that of the lithospheric mantle. We 
have shown that the buoyancy forces caused by crustal thickness 
variation have a controlling influence on the geometry of the 
gravitational instability that may develop. 

Since the buoyancy force can be reasonably well estimated, 
we are then able to obtain clear constraints on the depth- 
averaged viscosity of the lithosphere simply by comparison of 
the observed and modeled deformation geometry. In order for 
mantle downwelling to have developed to the degree seen in the 
Transverse Ranges in the 5 Myr period since the onset of 
convergence, our experiments show that the apparent Newtonian 
viscosity of the lithosphere beneath the Transverse Ranges is less 
than about 102o Pa s. We have chosen here to describe the 

apparent viscous strength of the lithosphere using a Newtonian 
viscosity but note that a similar constraint could probably be 
derived in the context of a non-Newtonian viscosity model. The 
relatively low magnitude of the inferred lithospheric viscosity 
beneath the Transverse Ranges may well be attributed to 
activation of a nonlinear viscous constitutive law by high levels 
of strike-slip strain rate. 
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