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ABSTRACT
Previous observations and simulations suggest that an approximate 38–58C warming occurred at intermediate
depths in the North Atlantic over several millennia during Heinrich stadial 1 (HS1), which induces warm salty water
(WSW) lying beneath surface cold freshwater. This arrangement eventually generates ocean convective available
potential energy (OCAPE), the maximum potential energy releasable by adiabatic vertical parcel rearrangements in
an ocean column. The authors find that basin-scale OCAPE starts to appear in the North Atlantic (;67.58–73.58N)
and builds up over decades at the end of HS1 with a magnitude of about 0.05 J kg21. OCAPE provides a key kinetic
energy source for thermobaric cabbeling convection (TCC). Using a high-resolution TCC-resolved regional model,
it is found that this decadal-scale accumulation of OCAPE ultimately overshoots its intrinsic threshold and is
released abruptly (;1 month) into kinetic energy of TCC, with further intensification from cabbeling. TCC has
convective plumes with approximately 0.2–1-km horizontal scales and large vertical displacements (;1 km), which
make TCC difficult to be resolved or parameterized by current general circulation models. The simulation herein
indicates that these local TCC events are spread quickly throughout the OCAPE-contained basin by internal wave
perturbations. Their convective plumes have large vertical velocities (;8–15 cm s21) and bring the WSW to the
surface, causing an approximate 28C sea surface warming for the whole basin (;700 km) within a month. This
exposes a huge heat reservoir to the atmosphere, which helps to explain the abrupt Bølling–Allerød warming.

1. Introduction
In the last deglaciation, the North Atlantic region experienced notable surface cooling during Heinrich stadial 1
[HS1, ;17 ka (1 ka 5 1000 years ago); Clark et al. 2002;
Hemming 2004]. Potential surface meltwater discharge
to the North Atlantic, as assumed in numerous studies
(Broecker 1994; Ganopolski and Rahmstorf 2001; Buizert
et al. 2014; Carlson and Clark 2012), may contribute to this
cooling. The cooling is followed by an abrupt (years to decades) surface warming at the end of HS1, that is, at the
onset of the Bølling–Allerød (BA) warming (;14.5 ka)
(McManus et al. 2004; Alley 2007). This abrupt warming is
one of the Dansgaard–Oeschger (D–O) warm events (i.e.,
the warming phase of D–O events). As reviewed by
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Rahmstorf 2002, there are many mechanisms proposed
to explain the D–O events. (e.g., Liu et al. 2009; Weaver
et al. 2003; Knorr and Lohmann 2007; Ganopolski and
Rahmstorf 2001). With exceptions (e.g., Clement and Cane
1999), most mechanisms are closely related to the Atlantic
meridional overturning circulation (AMOC) such as the
idea of ‘‘thermohaline circulation bistability’’ (Broecker
et al. 1985) and ‘‘salt oscillator’’ (Broecker et al. 1990).
Ganopolski and Rahmstorf (2001, 2002) propose a mechanism associated with the stability of AMOC and stochastic
resonance, which explains many key observed features
of D–O events, including the three-phase time evolution,
spatial pattern, and hemispheric seesaw. In this paper, we
focus on the mechanism for explaining the abruptness of the
D–O surface warm events (e.g., the abrupt BA warming
during the transition from HS1 to BA). This has not received as much attention as the cooling in the North Atlantic induced by, for example, the shutdown of the AMOC.
Many previous studies for the D–O warm events involve an established convective-threshold mechanism
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(e.g., Ganopolski and Rahmstorf 2001; Winton 1995;
Rasmussen and Thomsen 2004; Winton and Sarachik
1993): the cold freshwater (CFW) typically overlies the
warm salty water (WSW) in the North Atlantic after
Heinrich events, where the WSW gradually warms up (as
detailed below). This warming of intermediate-depth
WSW and the potential reduction of surface freshwater
supply reduce the static stability of the ocean until the
threshold of static instability is exceeded in the North Atlantic. Then the convection renews and brings the WSW
upward. This rapidly releases a large amount of stored
potential energy of heat to the surface and invigorates the
AMOC. Therefore this convective-threshold mechanism
may explain the abrupt D–O warm events. Rahmstorf
(2001) has investigated the threshold onset of convection
(for CFW overlying WSW) and its bistable nature, which
could strongly modulate the AMOC and the climate of the
North Atlantic (see also Rahmstorf 1994, 1995a,b).
In this study we propose a modified convective-threshold
mechanism as an amendment to the above established
convective-threshold mechanism. The main difference is as
follows. In the modified mechanism, convection occurs due
to thermobaric instability, which occurs before static instability (the established mechanism) is reached. In other
words, the convection that truly occurs in the BA warming
may be due to the thermobaric instability rather than the
static instability. In contrast to the static instability, thermobaric instability is a different type of fluid instability
(Ingersoll 2005). It not only releases the stored heat of
WSW, but also releases the ocean convective available
potential energy (OCAPE) into kinetic energy of the convection. Further, it typically induces a much more abrupt
(shorter time scale) ocean overturning (vertical mixing) and
typically reaches deeper depths than static instability in
convection events (Denbo and Skyllingstad 1996; Akitomo
1999). Finally, it may provide an intrinsic/self-consistent
component for the climate system. This is because it relies
on the heat/salt transport of the global ocean circulation,
rather than an essentially ‘‘arbitrary’’ surface freshwater
forcing assumed in numerous studies (see section 4 for more
discussion). However, whether it substantially changes the
evolution of the BA warming is less clear. It is possible that
both the modified and the established convective-threshold
mechanisms, if they can both occur, would eventually lead
to a similar final overturning state of the North Atlantic
after years or decades, although what truly occurs may
be the modified mechanism rather than the established
mechanism as mentioned above.
Although the surface freshwater forcing may make
a contribution, both the modified and the established
convective-threshold mechanisms are associated with the
observed millennial-scale (;38–58C) warming at intermediate depths (;1–2-km depths) of the North Atlantic
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FIG. 1. The changes of Atlantic zonal mean potential temperature u (8C) during HS1 (;2300-yr duration), from the CCSM3
simulation of the last deglaciation (Liu et al. 2009; He et al. 2013).
The figure shows that the North Atlantic became warmer (;1.58–
38C) at intermediate depths (beneath ;200-m depth) but remained
unchanged or became colder at the ocean surface at 408–808N. This
millennial-scale process generates WSW lying beneath CFW,
which could accumulate OCAPE (Fig. 3).

during HS1 (Thiagarajan et al. 2014; Marcott et al. 2011;
Alvarez-Solas et al. 2010). The induced intermediate-depth
ocean is about 48C warmer than the shallower water above
[Thiagarajan et al. 2014; see similar observations in
Rasmussen et al. (2003), Rasmussen and Thomsen (2004),
and Dokken and Jansen (1999)]. Many numerical simulations also indicate similar millennial-scale warming (;28–
98C) at intermediate depths of North Atlantic, as a response to the largely reduced AMOC during stadials
(Shaffer et al. 2004; Stouffer et al. 2006; Clark et al. 2007;
Arzel et al. 2010; Brady and Otto-Bliesner 2011). For example, Fig. 1 illustrates the almost 38C warming at around
0.3–2-km depths in the North Atlantic during HS1 (;2300yr duration) from the Community Climate System Model,
version 3 (CCSM3), simulation of the last deglaciation (Liu
et al. 2009; He et al. 2013). This phenomenon may have at
least two explanations: 1) Less convective heat is lost into
the atmosphere from the intermediate-depth North Atlantic due to the suppressed deep convection during stadials (Knutti et al. 2004); also, 2) heat is transported from
the Southern Ocean and tropical Atlantic, which may be
related to the vertical heat diffusion and eddy stirrings, to
the North Atlantic at intermediate depths by the subpolar
gyre and the weakened AMOC during stadials (Winton
1995; Mignot et al. 2007; Shaffer et al. 2004).
In section 2, we demonstrate that millennial-scale
warming at intermediate depths of the North Atlantic
during HS1 could eventually generate OCAPE to a large
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magnitude (;0.05 J kg21). OCAPE is a vital kinetic energy source for thermobaric cabbeling convection [TCC;
see TCC studies in Akitomo et al. (1995), Akitomo (1999,
2006), and Harcourt 2005)]. In section 3, we present highresolution numerical simulations for our modified
convective-threshold mechanism: We illustrate that this
continual accumulation of OCAPE eventually overshoots
its intrinsic threshold and causes a sudden release of
OCAPE that powers dramatic TCC events. This brings
warm salty water to the surface and warms the sea surface of the whole basin (;700-km scale) by about 28C
within one month. In section 4 we discuss implications.

2. Basin-scale OCAPE in the North Atlantic at the
end of HS1
OCAPE is a newly developed and well-defined concept (Su et al. 2016a,b). It quantifies the maximal potential energy of an ocean column that is available to be
released into kinetic energy by the transition from the
current state to the minimum potential energy (PE)
state through adiabatic vertical parcel rearrangements:
OCAPE5PE(current state)2PE(minimum PE state) .
(1)
The same energy concept, although not as formally formulated as OCAPE, was discussed in section 7 of Ingersoll
(2005) and sections 2 and 3 of Adkins et al. (2005). Although OCAPE can be computed numerically for any
idealized equation of state, all OCAPE values in this
manuscript are computed based on the full nonlinear
equation of state of seawater (Jackett et al. 2006). OCAPE
typically appears in an ocean column when cold freshwater
lies above warm salty water. This type of ocean column
may be susceptible to TCC even if the column has a statically stable stratification. Thus TCC is not the regular surface buoyancy-driven convection. OCAPE offers a main
kinetic energy source for TCC and it arises from thermobaricity—the significant increase of the thermal expansion coefficient of seawater with the depth (Fig. 2a). The
appendix illustrates the mechanism for the release of
OCAPE into kinetic energy during TCC events.
TCC is difficult to be directly observed due to its short
time scales (;days) and severe polar observational conditions during wintertime. However, indirect observational
evidences and theoretical or numerical analysis suggest that
the modern Weddell Sea is susceptible to TCC (i.e., the
release of OCAPE to kinetic energy) [detailed in Akitomo
et al. (1995), Akitomo (1999, 2006), McPhee (2000, 2003),
and Harcourt (2005)]. OCAPE exists in the modern ocean:
Figs. 2c,d display a statically stable stratified profile with
CFW overlying WSW that was observed in the Weddell
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Sea (McPhee et al. 1996). This profile contains a columnaveraged OCAPE of 1.1 3 1023 J kg21 [equivalent to a
velocity of 4.7 cm s21 if converted into kinetic energy, following the scaling of velocity approximately (2 3 kinetic
energy/mass)0.5]. Figures 2e–h show our simulated TCC
initialized by this observed profile and triggered by realistic surface perturbations (homogeneous brine rejection
equivalent to 1 cm day21 sea ice formation, applied to the
whole domain for the initial 4.2 days). The model is twodimensional (vertical and horizontal) and nonhydrostatic
in a rotating frame [essentially the same model of Akitomo
et al. (1995) and Akitomo (2006), using the full nonlinear
equation of state from Jackett et al. (2006)]. We apply a
numerical resolution of 50 m in the horizontal and 10 m in
the vertical, which allows the resolving of TCC (Akitomo
2006; Harcourt 2005). TCC begins after about 2 days and
drives a thorough mixing within 10 days for the whole
10-km domain. The convective plumes have a horizontal
scale of approximately 0.2–1 km and vertical velocities
of 4–7 cm s21, which are powered by OCAPE and cabbeling effect. This result is consistent with those of Akitomo
(2006), who simulates that TCC causes an approximate
1-km depth of convective overturning for an approximate 10-km horizontal-scale water column around Maud
Rise of the Weddell Sea. TCC hence impacts the Weddell
gyre dynamics and the production of Antarctic Bottom
Water there (e.g., Su et al. 2014).
Next we demonstrate that OCAPE could exist in the
North Atlantic at the end of HS1. We use the monthly
output from the CCSM3 simulation of the last deglaciation
(Liu et al. 2009; He et al. 2013. See Fig. 1 for its simulated
intermediate-depth warming during HS1, which induces
CFW overlying WSW and thus may generate OCAPE). As
shown in Figs. 3a–d, we find that a basin-scale OCAPE
pattern first appears in the North Atlantic (;67.58–73.58N)
at about the end of HS1 (14.542 ka) and grows larger in
both the horizontal scale (;700 km) and the magnitude
(;0.05 J kg21) for a few decades until the BA warming. In
detail, we show in Fig. 3c a dashed white line (;68W and
67.58–73.58N; 14.536 ka) that approximately crosses the
center of the OCAPE pattern. It has CFW (;0–0.5-km
depths) overlying the WSW and has a statically stable
stratification (Fig. 3e). Its averaged OCAPE is about
0.05 J kg21, meaning a convection velocity of approximately
30 cm s21 if all OCAPE is converted into kinetic energy.
We now discuss the credibility of the build-up of
OCAPE found in CCSM3 (Figs. 3a–d). (i) The OCAPE
of an ocean column is totally determined by its temperature–
salinity (T–S) profile (Su et al. 2016a). Accurate T–S
data for the deglacial climate are scarce. CCSM3 offers
currently one of the most advanced coupled GCM
simulations for the T–S estimate: Through realistic
changes in boundary conditions and forcing, it captures
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FIG. 2. (a) The vertical profile of thermal expansion coefficient a 5 2(1/r)(›r/›u)S,P (black line) and saline contraction coefficient b 5 (1/r)
(›r/›S)u,P (red line), where r is density, u is potential temperature, S is salinity, and P is pressure. These are computed from constant profile of
u 5 218C and S 5 34.0 psu. OCAPE arises from thermobaricity: the strong dependency of a on depth. (b) Schematic illustration for the
triggering of TCC and the release of OCAPE based on an idealized adiabatic argument. The u and S of the adiabatically displaced CFW parcel
does not change with depth. Also, ›b/›z is ’ 0 from (a). Therefore, using the first-order Taylor series for density, one derives that rCFW 2 rWSW
increases with depth due to thermobaricity [2›a/›z . 0, i.e., ›(rCFW 2 rWSW)/›(2z) . 0]. Thus there is a critical (threshold) depth zc, above
which the displaced CFW parcel remains lighter than the background WSW. If the CFW parcel is perturbed across zc, it would be denser than the
WSW and thus trigger the instability for TCC. The accumulation of OCAPE means the rise of the critical depth zc, which weakens the threshold
and makes it easier to be overcame (see also footnote 1). (c) Observed profiles of u and S, obtained from the Weddell Sea (65.46058N, 2.40078E)
on 2 Aug 1994, Antarctic Zone Flux Experiment (ANZFLUX) CTD station 48 (McPhee et al. 1996), and (d) their statically stable stratification is
shown (i.e., positive buoyancy frequency N2). This water column contains OCAPE of 1.1 3 1023 J kg21, which is approximately ready to be
released. (e)–(h) The snapshots in time of u in our two-dimensional simulation of TCC initialized by the observed profiles of (c) in a 10-km
horizontal domain. The model is nonhydrostatic and eddy-resolving in a rotating frame [essentially the same model of Akitomo et al.
(1995) and Akitomo (2006)]. Triggered by the initial 4.2-day surface perturbations from realistic brine rejection (equivalent to
1 cm day21 sea ice formation), the profile retains its statically stable stratification, but its OCAPE is then released into kinetic energy of
TCC. The cabbeling effect further strengthens the TCC. Here 1 km is about the maximum depth of the convective overturning.

many major features of the deglacial climate evolution,
including some T–S signals as inferred from observations (Liu et al. 2009; Shakun et al. 2012; Buizert et al.
2014). Diagnosing OCAPE in other GCMs would be our
future work. (ii) Vertical mixing could partly dissipate
OCAPE (Su et al. 2016b). CCSM3 parameterizes vertical mixing due to breaking internal waves and other
processes (Collins et al. 2006). CCSM3 includes the
mechanism for the diabatic dissipation of OCAPE and
yet OCAPE is present. (iii) As introduced in section 1,
observations indicate about 38–58C warming at intermediate depths of the North Atlantic during HS1
(Thiagarajan et al. 2014; Marcott et al. 2011; AlvarezSolas et al. 2010). This induces CFW overlying WSW.
Further, the North Atlantic should have a very weak
stratification before the transition from HS1 to BA,

because of either intermediate-depth warming or the
potential surface buoyancy loss (e.g., a decrease of freshwater supply at surface) (Ganopolski and Rahmstorf
2001; Rasmussen and Thomsen 2004; Winton 1995).
From Su et al. [2016a, Eqs. (16c) and (17c) therein], for
weakly stratified quasi-two-layer oceans, the OCAPE
is always positive and would increase following the
warming of WSW.1 Therefore, in principle, OCAPE
would be built up due to the intermediate-depth (i.e.,

1
Following section 4c of Su et al. (2016a) and the notations
therein, the warming of WSW or the surface buoyancy loss
induces a smaller Dr, which leads to a larger OCAPE and also a
weaker threshold as represented by a higher zS [see Eq. (12)
therein, noting az , 0].
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FIG. 3. (a)–(d) Decadal-scale accumulation of a basin-size (;700 km) OCAPE pattern in the North Atlantic at about the end of HS1,
diagnosed using the monthly output (March data shown here) of the CCSM3 simulation of the last deglaciation (Liu et al. 2009; He et al. 2013).
The OCAPE pattern starts to appear (a) about 14.542 ka and (b)–(d) grows in size and magnitude in the following decade. (e) As an example, the
vertical section of u, S, and N2 for the dashed white line displayed in (c) (;68W and 67.58–73.58N; 14.536 ka). This section has CFW overlying
WSW, as required for OCAPE generation (see Fig. 2b). It has a statically stable stratification (N2 . 0) despite of its large OCAPE. Because of this
statically stable stratification, this section is not followed by obvious convection or vertical mixing in the CCSM3 simulation. (f) For example, even
after four years (14.532 ka), the u field still remains roughly unchanged in the CCSM3 simulation. (Contrast this lack of activity with our eddyresolving simulation of TCC shown in Fig. 4.) Note that (a)–(d) share the same horizontal and vertical axis, and so do (e) and (f).

WSW) warming before the transition from HS1 to BA.
We emphasize that the intermediate-depth warming
alone (i.e., without surface freshwater forcing) in principle can induce the accumulation of OCAPE and the
occurrence of TCC.
OCAPE keeps accumulating to a large magnitude
while the water column remains in a statically stable
stratification. This OCAPE accumulation continuously
weakens the intrinsic threshold (see footnote 1) until
the threshold is finally overshot, after which OCAPE is
then released. Based on an idealized adiabatic argument, this intrinsic threshold is estimated by the energy
barrier in a stable stratification that CFW parcels have
to overcome to reach the critical depth within the
WSW, where CFW parcels become equally dense as the
surrounding WSW and thermobaricity allows them to
accelerate downward and release OCAPE (Fig. 2b, see
also the appendix). This estimate of threshold, however, should be treated only conceptually rather than
quantitatively because real-ocean diabatic processes
like cabbeling instability at the CFW–WSW interface
would complicate this estimation (Harcourt 2005).

Although climate models like CCSM3 are capable of
resolving the accumulation of OCAPE as shown above
(Figs. 3a–d), it is difficult for them to account for the
rapid release of OCAPE and thus TCC, for two reasons: 1) Current ocean GCMs have resolutions that are
too coarse to resolve TCC, which has convective
plumes with a typical horizontal scale of approximately
0.2–1 km [e.g., Figs. 2e–h; see also Akitomo et al. (1995)
and Akitomo (2006)]. 2) The GCM convective parameterizations typically apply strong local diapycnal
mixing in the vertical wherever the column is statically
unstable (e.g., the K-profile parameterization; Large
et al. 1994). This cannot account for the effect of TCC:
the acceleration from thermobaricity produces vertical
movement of CFW parcels to large depths (;1 km; e.g.,
Figs. 2f–h) without substantial mixing at intermediate
depths. Therefore, in the CCSM3 simulation the hydrographic section shown in Fig. 3e is not followed by
obvious convection (or strong vertical mixing) due to
its statically stable stratification (e.g., Fig. 3e vs Fig. 3f,
showing minimal changes of potential temperature
even after four years). In contrast, we demonstrate in
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section 3 that the hydrographic section shown in Fig. 3e
is actually susceptible to TCC using a high-resolution
eddy-resolving simulation (Fig. 4).

3. Simulated abrupt TCC events at the end of HS1
The decadal-scale OCAPE accumulation shown in
Figs. 3a–d may induce TCC at the end of HS1, once the
intrinsic threshold is overshot. Here we use a twodimensional high-resolution simulation to investigate
this possibility. The model and its numerical resolution
are the same as the one mentioned in section 2 (for
Figs. 2e–h). We have done simulations at finer resolutions, and they yield consistent results. A 2D model reduces
the computational burden and generates a simulation
of TCC consistent with a 3D model (Akitomo 2006; see
section 4 for more discussion). Our simulation domain
is a depth–latitude section located at around 68W and
67.58–73.58N (white dashed line section shown in Fig. 3c,
;700 km horizontally). The bathymetry of this section is
about 2–2.2 km deep and for convenience we set the
domain bottom at a fixed 2-km depth.
For this section, numerous simulations are tested using various initializations from decadal-scale monthly
outputs of CCSM3 that contain OCAPE (e.g., the ones
shown in Figs. 3a–d). There are many examples in these
hydrographic snapshots where TCC could occur, among
which the earliest one is most relevant to real-ocean
processes. Here we test various perturbation strengths:
50–200 W m22 homogeneous surface cooling applied for
the whole domain for the initial 1 day,2 which also
generates internal waves. These perturbations represent
the regular strength of wintertime surface buoyancy
forcing in the North Atlantic (Marshall and Schott
1999). We find that all OCAPE patterns earlier than
March at 14.536 ka (e.g., Figs. 3a,b) cannot be released
at all into kinetic energy in our test simulations. This is
because for these snapshots, the prescribed perturbations
are not strong enough to cross the threshold of thermobaric instability [section 4c of Su et al. (2016a)]. However,
with the build-up of OCAPE due to intermediatedepth warming, the threshold becomes weaker until it
is eventually crossed by the regular strength of perturbations. This is the threshold mechanism of why
OCAPE can be accumulated to a large amount and

2
This magnitude of cooling changes the ocean stratification by
only a small amount. As a scaling, consider 100 W m22 cooling
applies to the top 100 m of water (turbulent mixed layer) for 1 day.
Then this water is cooled by (100 W m22 3 1 day 3 1 m2)/
(4200 J kg21 8C21 3 103 kg m23 3 100 m 3 1 m2) ;0.028C, which is
much smaller than typical sea surface cooling from a big hurricane
system ;18C.
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suddenly triggered to be released into kinetic energy of
TCC (Ingersoll 2005; Adkins et al. 2005).
The earliest snapshot from CCSM3 that is susceptible
to thermobaric instability under our prescribed perturbations is from March at 14.536 ka, which initially has a
statically stable stratification (Fig. 3e). Therefore, the
triggered TCC is not based on the established convectivethreshold mechanism, which requires a static instability
(i.e., N2 , 0; see also footnote 2). Here TCC could be
triggered in our simulation by a surface cooling perturbation that is stronger than approximately 70 W m22
(applied for the whole domain for the initial 1 day), which
characterizes the magnitude of threshold for thermobaric
instability for this snapshot of ocean. Further, the triggered TCC and the impact are essentially independent of
the initial trigger as long as the direct contribution of the
perturbation to kinetic energy is small (Su et al. 2016b). In
contrast, the snapshot 1 month earlier (i.e., February at
14.536 ka from CCSM3) requires a domain-wide 1-day
surface cooling larger than approximately 800 W m22 for
the triggering of TCC. This contrast of the required perturbations (800 vs 70 W m22) is mainly because that from
February to March the North Atlantic experiences strong
surface buoyancy loss in the GCM, which weakens the
stratification and reduces the threshold for thermobaric
instability (see also footnote 1; again the intermediatedepth warming alone could similarly reduce the threshold
to this point, but it would take a longer time). Once
triggered, both snapshots of ocean have been similarly
overturned by TCC for the whole domain within a month.
Here we focus on the simulation initialized by the snapshot of March at 14.536 ka, as detailed below.
The associated simulation of TCC is visualized in Fig. 4
(for the whole domain, ;700 km wide) and Fig. 5 (for a
local zooming, ;40 km wide). After only about 0.6 days
of surface cooling of 100 W m22, the perturbed CFW
plumes sink into the WSW at two separate locations
(;69.88 and 70.88N) nearly simultaneously (Figs. 4b and
5b; see schematic in Fig. 2b). These two locations have
about the maximal initial OCAPE in the whole domain
(Fig. 3c) and are most susceptible to TCC. These initial
convective plumes generate strong internal waves that
spread the initial huge local convective perturbations
(;2 km vertically) northward and southward, which are
much stronger perturbations than normal background
internal waves. These trigger other TCC events quickly
along the way for the whole domain (Figs. 4c–e and 5c,d).
These TCC events have convective plumes with horizontal scales of approximately 0.2–1 km and large vertical velocities of approximately 8–15 cm s21. They only
occur within the region that initially contains OCAPE,
because TCC is powered by the release of OCAPE into
kinetic energy with further intensification from the
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FIG. 4. (a)–(f) Snapshots in time of the u field in our eddy-resolving two-dimensional simulation of TCC events in
North Atlantic at about the end of HS1 (;68W and 67.58–73.58N; 14.536 ka). The model is nonhydrostatic and eddyresolving in a rotating frame [essentially the same model of Akitomo et al. (1995) and Akitomo (2006)], using the full
equation of state of seawater (Jackett et al. 2006). We apply a vertical resolution of 10 m and a horizontal resolution
of 50 m, which allow the resolving of TCC (Akitomo 2006; Harcourt 2005). The simulation is initialized by the u and S
snapshot output from CCSM3 simulation shown in Fig. 3e. This is the earliest monthly snapshot output that contains
OCAPE (e.g., among Figs. 3a–d and many others) and is also susceptible to TCC in our simulations. Before that, this
region is not susceptible to TCC. The domain size is approximately 700-km horizontal and 2-km vertical, with
a sponge layer on the sides (not shown). TCC is triggered by a 1-day perturbation from inhomogeneous surface
cooling of approximately 100 W m22. Because of the release of OCAPE, TCC starts at about t 5 0.6–0.8 day simultaneously at two locations as shown in (b). The convective plumes have a horizontal size of approximately 0.2–
1 km and spread quickly northward and southward by internal wave perturbations as shown in (c)–(f). Within
a month, this basin-scale North Atlantic region (;700 km) has been thoroughly mixed by TCC events as shown in (f),
which increases the sea surface temperature (SST) abruptly by about 28C as shown in (g). [See Fig. 5 for the detail of
convective plumes and its lateral spreading (by zooming into an approximate 40-km horizontal local domain).]

cabbeling effect. TCC causes strong local (;1-km
depth) turbulent stirring, which vertically mixes the local water column within about 8 days (Fig. 5f). For the
entire basin (;700-km scale), these TCC events cause a
thorough vertical mixing (Fig. 4f) and thus increases the
domain-averaged sea surface temperature by around
28C within a month (Fig. 4g). This dramatic surface
warming in North Atlantic exposes a huge basin-scale
heat reservoir to the atmosphere and thus may directly
contribute to the abrupt BA warming. These TCC
events may further contribute to the BA warming by
strengthening the AMOC, which causes more northward heat transport by decadal time scales (e.g.,
Banderas et al. 2012; Hogg et al. 2013; Buizert
et al. 2014).
We also test simulation with the same configuration as
above but excluding thermobaricity in the equation of
state [the equation of state here follows Eq. (17) of Su
et al. (2016b): the vertical profile of thermal expansion

coefficient a(z) should be replaced by a constant a(z 5
500 m), i.e., the value of a at the CFW–WSW interface at
;500-m depth in this scenario]. In this scenario the
convection does not occur. This is because our mechanism relies on OCAPE to power the convection, while
OCAPE is zero if excluding thermobaricity [see Eqs.
(16c) and (17c) of Su et al. 2016a]. In contrast to
a nonthermobaric convection event (i.e., by static instability), thermobaric instability supports deep penetrative convection that alters water properties to typically
greater depths (;2 km), occurs by a more abrupt time
scale (;days), and spreads horizontally in the OCAPE
region.

4. Implications and further work
Our proposed convective threshold is provided by
a quasi-two-layer structure (CFW overlying WSW;
Fig. 4a) and thermobaricity, which permits decadal-scale

4972

JOURNAL OF CLIMATE

VOLUME 29

FIG. 5. (a)–(f) As in Figs. 4a–f, but zooming into an approximate 40-km horizontal local domain where TCC first
appears. The convective plumes have a horizontal size of approximately 0.2–1 km. They first appear at t 5 0.6 day as
shown in (b) and the consequent perturbations spread laterally and quickly by internal waves. These trigger further
TCC events southward and northward as in (c)–(e). Within 10 days, this approximate 40-km domain has been
thoroughly mixed by TCC events.

accumulation of OCAPE to a large amplitude. This
accumulation process weakens and finally overshoots
the threshold, which releases OCAPE abruptly into kinetic energy to minimize the system’s potential energy
(Reddy 2002).
An advantage of our modified convective-threshold
mechanism for the BA warming is that the time scale of
basin-size sea surface warming by TCC events is only
about one month, which is much shorter than the years to
hundreds of years’ time scales of regular buoyancy-driven
convection events from the established convectivethreshold mechanism (Ganopolski and Rahmstorf 2001;
see also Buizert et al. 2014; Clark et al. 2002). This is
consistent with previous studies that TCC typically occurs
in a much shorter time scale than regular convection
(Akitomo 1999; Denbo and Skyllingstad 1996). Thus the
time scale of our result is helpful to explain the abrupt
transition from one to three years of observed from the
Greenland during the BA warming (Steffensen et al.
2008). However, the difference between the modified and
the established convective-threshold mechanisms may
not be easily reflected from the paleo observations due to
their relatively low temporal and/or spatial resolutions
(e.g., Thiagarajan et al. 2014). Further, our TCC mechanism is likely to mix the ocean to deeper depths in a single
convection event (Denbo and Skyllingstad 1996), but it is
possible that after years or decades the final overturning
state at the end of the BA warming is the same. Finally,

TCC can be an intrinsic/self-consistent component in the
climate system. This is because TCC relies on the accumulation of OCAPE by the intermediate-depth warming,
as a response to the heat/salt transport of the global ocean
circulation. This is in a strong contrast to the simpleminded configuration of an essentially arbitrary surface
freshwater forcing that controls the convection, which is
used in numerous studies.
As far as we know, our study provides a first simulation to explore the potential importance of thermobaric
instability for the abrupt paleoclimate changes. Our
current simulation is idealized and should be treated
with caveats. (i) Our model does not (and is difficult to)
include the sea ice cover. Martinson (1990) and McPhee
(2003) demonstrate the principal role of sea ice in
maintaining the ocean column’s stability. During convection the warm water brought to the surface would
melt the sea ice and thus restratify the ocean column.
This may offer a strong negative feedback on TCC.
McPhee (2000, 2003) illustrates that thermobaric instability may still overcome this sea ice-induced barrier
in the modern Weddell Sea. Harcourt (2005) simulates
the fact that TCC may fully melt the sea ice cover (see
his Fig. 19c). These studies provide important insights to
explain the Weddell Polynya of the 1970s, which should
be compared to the sea ice melting during the Bølling–
Allerød warming. (ii) Sea ice and surface heat fluxes
cool the warm water brought to the surface during
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convection, which provides a destabilizing mechanism.
As a test simulation, we restore the SST to the initial
SST with a short relaxation time scale from 10 days to
1 month. This effect strengthens the TCC by only a small
amount, since TCC has a short dynamic time scale
(;days; Figs. 4b–d). In general, the ‘‘mixed boundary
condition’’ (e.g., restoring SST and the differential surface salinity flux) is important to modulate the stability
of the thermohaline circulations especially over a time
scale of decades or longer (Yin 1995; Cai 1996;
Mikolajewicz and Maier-Reimer 1994).
More questions need to be investigated in subsequent
studies. (i) Millennial-scale geothermal heating during
HS1, which is not included in this study and in most
climate models, may likely cause significant warming at
ocean depths (Adkins et al. 2005). Thus it may contribute to a larger OCAPE pattern compared to this
study. (ii) Appropriate GCM convection parameterizations for TCC need to be developed such that TCC effects can be included in climate models. (iii) TCC is
unlikely to be the only mechanism responsible for the
whole BA warming. It is necessary to investigate the
potential coupling effects between TCC and other important AMOC-related feedback mechanisms including
ice sheets (e.g., Zhu et al. 2014), sea ice (e.g., the ‘‘sea ice
switch’’ mechanism; see Gildor et al. 2014; Gildor and
Tziperman 2003; Ashkenazy et al. 2013), atmospheric
circulation (e.g., Banderas et al. 2012), the greenhouse
effect (e.g., Zhang et al. 2014), and salt feedback (e.g.,
Knorr and Lohmann 2007). (iv) Our two-dimensional
simulation does not resolve baroclinic instability, which
may trigger TCC (Killworth 1979). It may also occur
shortly after TCC at density fronts formed between the
TCC-induced overturned regions and unoverturned
regions (Akitomo 2006; from a 3D simulation). By
comparing a 3D simulation to a 2D simulation, Akitomo
(2006) finds that baroclinic instability produces additional
upward heat transport (other than that from TCC) and
does not qualitatively change the impacts of TCC. Thus,
including baroclinic instability and using a 3D simulation
may not qualitatively influence our conclusions.
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Therefore for a stable stratification, the CFW parcels are
less dense than the WSW (rCFW 2 rWSW , 0) at the
CFW–WSW interface. But if the CFW parcels are perturbed downward and eventually cross a certain critical
depth (zc in Fig. 2b), they would become negatively
buoyant (rCFW 2 rWSW . 0) due to thermobaricity 2›a/
›z from (A3) (Fig. 2b). This releases OCAPE into kinetic energy and thus triggers TCC. The above offers a
zero-order picture for the mechanism of TCC. In reality
TCC is strongly modulated by diabatic processes [detailed in Su et al. (2016b)], with further intensification

APPENDIX
Mechanism for the Release of OCAPE to Kinetic
Energy
We schematically illustrate the release of OCAPE to
kinetic energy based on idealized assumptions. More
details can be found in Su et al. (2016a,b). Thermobaricity is the significant increase of the thermal expansion
coefficient a with the depth 2z. In contrast, the saline
contraction coefficient b is approximately constant with
depth (Fig. 2a). We use the first-order Taylor series of
density with respect to potential temperature u and salinity S [Eq. (29) of Ingersoll 2005]:
r 5 r0 [1 2 a(u 2 u0 ) 1 b(S 2 S0 )],

(A1)

where (r0, u0, S0) is the basic state for Taylor expansion.
For two-layer profiles, we consider perturbations (e.g.,
breaking of internal waves or small changes in the buoyancy of the surface ocean) that move CFW parcels downward into WSW (Fig. 2b). The density difference between
the perturbed CFW parcels and the background WSW is
rCFW 2 rWSW 5 r0 [2a(uCFW 2 uWSW )
1 b(SCFW 2 SWSW )] .

(A2)

Ideally, if assuming this process is adiabatic, both
uCFW 2 uWSW and SCFW 2 SWSW would be constant with
the depth 2z. Noting that b is approximately constant
with depth, we derive from (A2) that rCFW 2 rWSW
would increase with the depth 2z following


›(rCFW – rWSW )
›a
. 0.
5 r0 (uWSW 2 uCFW ) 2
›z
›(2z)

(A3)
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from the cabbeling effect [for cabbeling, see McDougall
(1987)].
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