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Abstract Physical constraints on the seismogenic potential of major fault zones may aid in improving
seismic hazard assessments, but the mechanics of earthquake nucleation and rupture are obscured by the
complexity that faults display. In this work, we investigate the mechanisms behind giant earthquakes by
employing a microphysically based seismic cycle simulator. This microphysical approach is directly based on
the mechanics of friction as inferred from laboratory tests and can explain a broad spectrum of fault slip
behavior. We show that regular earthquakes are controlled by the size and distribution of (nominally)
frictionally unstable asperities, whereas fault‐spanning earthquakes are governed by a rheological transition
occurring in creeping fault segments. Moreover, this facilitates the nucleation of giant earthquakes on faults
that are weakly seismically coupled (i.e., creeping). This microphysically based approach offers
opportunities for investigating long‐term seismic cycle behavior of natural faults.

1. Introduction
One major limitation of seismic hazard assessments is that they are mostly based on statistics rather than
physics. Particularly for large earthquakes that have recurrence times of up to several centuries, instrumental catalogues of seismic events in a given region are short or absent, so that statistical analyses can only be
performed through the extrapolation of smaller, more frequent events, which entails model assumptions
that are difﬁcult to test. Constraints originating from a physical understanding of earthquakes may therefore
greatly improve seismic hazard assessments, but basic underlying mechanisms are obscured by the enormous complexity inherent to natural fault zones.
Over the last two decades or so, innovative techniques in paleoseismology have substantially expanded our
catalogue of (pre)historic seismic events, revealing earthquake supercycles in the form of spatiotemporal
clustering of earthquakes (Benedetti et al., 2013; Philibosian et al., 2017; Ratzov et al., 2015; Sieh et al.,
2008) and occurrences of exceptionally large events (“superimposed cycles”) (Goldﬁnger et al., 2012, 2013;
Mannen et al., 2018; Satake, 2015). In addition, millenary recurrence of Mw ≥ 9.0 earthquakes has been
anticipated for the Main Himalayan Thrust (Stevens & Avouac, 2016) and Japan Trench (Satake & Fujii,
2014) regions on the basis of geodetic estimates of moment accumulation rates. These inferences suggest that
the lack of instrumental recordings of great (Mw > 8) and giant (Mw > 9) earthquakes does not imply an
intrinsic upper limit of event magnitude. The 2004 Sumatra‐Andaman and 2011 Tohoku‐Oki Mw > 9 events,
hosted by subduction thrusts that were previously marked in hazard maps as being incapable of generating
such large magnitude events (Ruff & Kanamori, 1980; Satake & Atwater, 2007; Satake & Fujii, 2014), are
exemplary to this notion. Statistical analyses of earthquake catalogues do not exclude that most subduction
regions are intrinsically capable of hosting giant earthquakes (Kagan, 1997; McCaffrey, 2008), provided that
the seismogenic zone geometry is not restrictive (e.g., Weng & Yang, 2017).
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The occurrence of great earthquakes in all subduction settings is suggestive of a common underlying
mechanism. On the other hand, though numerous subduction regions have been identiﬁed to host giant
earthquakes, some of these regions presently exhibit high seismicity rates, such as the Japan Trench
(Satake, 2015) and Sumatra (Sieh et al., 2008), while other megathrusts are currently quiescent except for
deeper slow slip and tremor (Alaska, Cascadia; Gomberg, 2010; Ohta et al., 2006) or generally display low
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levels of background seismicity (Andaman, Chile Maule; Ide, 2013). This geographical variability in seismic
character requires that the mechanism for the generation of giant earthquakes be at least partly independent
of that of regular earthquakes, allowing great and giant earthquakes to occur in both seismically active and
quiet regions (where “quiet” is deﬁned in the context of producing only few earthquakes of small or moderate size). Furthermore, seismological and numerical evidence suggests that creeping (weakly seismically
coupled) fault segments may facilitate propagation of dynamic ruptures (Bécel et al., 2017; Noda &
Lapusta 2013; Witter et al., 2016), even though creeping segments are generally thought to impede fast rupture events (Kaneko et al., 2010). To elucidate the emergence of giant earthquakes that inevitably propagate
through (or possibly nucleate within) creeping fault segments, the underlying physical mechanisms of fault
rock deformation need to be closely considered.
In this work, we numerically examine the behavior of compositionally heterogeneous faults and investigate
the mechanisms behind giant earthquakes from a microphysical standpoint. To this end, we employ the
Chen‐Niemeijer‐Spiers (CNS) microphysical model (Chen & Spiers, 2016; Niemeijer & Spiers, 2007) as implemented into the QDYN seismic cycle simulator (Luo et al., 2017; van den Ende, Chen, et al., 2018) that
enables us to simulate numerous earthquake cycles, using a fault rheology motivated by ﬁeld geological
observations. We subsequently discuss the micromechanics of earthquakes that traverse through or nucleate
in fault regions that are unfavorable for unstable slip, hence facilitating fault‐spanning earthquake ruptures.
We conclude by placing these results into a broader context of earthquake forecasting, enabled by physical
considerations.

2. Methods
2.1. Geology of a Subduction Thrust Interface
In characterizing a typical fault zone structure, the Punchbowl fault (Chester & Logan, 1987; Chester et al.,
1993) is commonly taken as a model for mature crustal faults. However, fault core architectures may
strongly vary under inﬂuence of the protolith (Bullock et al., 2014; Faulkner et al., 2010): faults
cross‐cutting predominant quartzo‐feldspathic, carbonaceous, or crystalline lithologies often accommodate
strain within a single, straight, and narrow fault core, no more than a few meters in width, surrounded by a
damage zone (Chester et al., 1993; De Paola et al., 2008; Faulkner et al., 2010; Fondriest et al., 2012). Shear
strain within the fault core itself is typically localized in millimeter to centimeter wide principal slip zones,
with an additional hierarchical level of localization (the principal slip surface) at the micrometer scale.
Conversely, phyllosilicate‐bearing or mixed lithology fault zones are characterized by multiple fault cores,
spatially distributed within up to a kilometer‐wide zone (Faulkner et al., 2003; Jefferies et al., 2006; Rowe
et al., 2011). Exhumed tectonic mélanges feature boudinaged lenses of competent material (such as dolomite, quartz, chert, or basalt) embedded in a less‐competent, phyllosilicate‐rich matrix, enclosed or
cross‐cut by a number of undulating fault strands (Collettini et al., 2011; Fagereng, 2011b; Faulkner et al.,
2003; Kimura et al., 2012; Niemeijer & Collettini, 2014; Rowe et al., 2011)—see Figure 1a. The phyllonite
matrix typically displays distributed deformation with a pervasive, well‐developed foliation and abundant
pressure solution seams, suggesting that pressure solution is a dominant deformation mechanism
(Fagereng, 2011b; Kimura et al., 2012). By contrast, thin (millimeter‐ to centimeter‐thick) layers of gouge
or ultracataclasite bounding the competent lenses evidence localized deformation (Faulkner et al., 2003;
Kimura et al., 2012). The numerous cataclastic features (grain comminution, fracturing, polished and
striated surfaces) hosted within the localized slip zones and competent blocks are accompanied by evident
dissolution/precipitation textures, indicating that pressure solution occurs broadly contemporaneously with
granular ﬂow over the course of a seismic cycle (Bullock et al., 2014; Hadizadeh et al., 2012; Holdsworth
et al., 2011; Jefferies et al., 2006; Smeraglia et al., 2017, and others). The interplay between these two
mechanisms (granular ﬂow and pressure solution) forms the basis of the Chen‐Niemeijer‐Spiers microphysical model adopted for this study, and these ﬁeld observations can be readily incorporated into the
simulations.
2.2. Model Rheology and Constitutive Relations
The derivation of the CNS model, the comparison with classical rate‐and‐state friction, and its implementation into QDYN are described in detail in Chen and Spiers (2016), Chen and Niemeijer (2017), Chen,
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Figure 1. Synoptic overview of the properties of the model fault. (a) Idealization of the envisioned fault geometry, after
Fagereng (2011b). The compositional heterogeneity on the subduction interface is represented by an alternating sequence
of nominally stable and unstable fault patches. (b) Assumed microstructure and microprocesses (granular ﬂow and
pressure solution) that operate in parallel to accommodate the imposed strain rate. (c) Schematic diagram of the
steady‐state shear strength versus strain rate, as predicted by the CNS microphysical model. The compositional variation
along the fault is reﬂected by a contrast in pressure solution kinetics, causing a relative shift of the steady‐state strength
curves.

Niemeijer, and Spiers (2017), Niemeijer and Spiers (2007), and van den Ende, Chen, et al. (2018). Some key
concepts of this model are recited here.
The CNS model geometry is based on the microstructural observations provided by Niemeijer and Spiers
(2006) and considers a granular gouge layer of uniform thickness h, characterized by a nominal grain size
d and porosity ϕ. A representative volume element is subjected to an effective normal stress σ and deformation rate Vimp, which is accommodated internally by parallel operation of granular ﬂow (grain rolling and
sliding), and one or more thermally activated, time‐dependent deformation mechanisms (Figure 1b).
Following previous work (Chen & Spiers, 2016; Niemeijer & Spiers, 2007; van den Ende, Chen, et al.
2018) and based on the observations summarized in section 2.1, we take intergranular pressure solution
as the sole time‐dependent mechanism, ignoring other mechanisms such as stress corrosion cracking
(Atkinson, 1984; Brantut et al., 2013). The constitutive relation for the rheology of the fault then results from
the individual constitutive relations for granular ﬂow and pressure solution, which are dependent on the
instantaneous state of stress and gouge porosity. While other deformation mechanisms may occur at similar
rates, in this study, we limit ourselves to pressure solution creep to facilitate comparison with previous
laboratory and numerical studies that focused on this mechanism.
For intergranular pressure solution, the ﬂow law for dissolution controlled pressure solution creep is given
as
γ_ ps ¼ Z ps τf 1 ðϕÞ
(1a)
ε_ ps ¼ Z ps σf 2 ðϕÞ

(1b)

Here, γ_ ps and ε_ ps are the strain rates in the fault tangential and normal directions, respectively. These are
proportional to the macroscopic shear stress (τ) and effective normal stress (σ) through the
VAN DEN ENDE ET AL.
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temperature‐dependent pressure solution kinetics (Zps). This kinetic parameter can be computed based on
the gouge nominal grain size, ambient temperature, and grain geometry (see Niemeijer et al., 2002;
Pluymakers et al., 2014), but which we combine into one parameter for simplicity. The evolution of the
grain‐grain contact area (and grain contact stress) with porosity ϕ is described by the porosity function
fi(ϕ) (Spiers et al., 2004). For dissolution controlled pressure solution creep, this function takes the following form (Pluymakers et al., 2014; van den Ende, Chen, et al., 2018):
f 1 ðϕÞ ¼

ϕc
ϕc − ϕ

(2a)

f 2 ðϕÞ ¼

ϕ − ϕ0
ϕc − ϕ

(2b)

where ϕ0 is a lower cutoff porosity corresponding to the percolation threshold for an interconnected pore
network of 3% (van der Marck, 1996) and ϕc is the maximum attainable porosity of a purely dilatant gouge
material, referred to here as the “critical state” porosity (Niemeijer & Spiers, 2007; Paterson, 1995).
Typically, a porosity function similar to f1(ϕ) is used in analytical models for intergranular pressure solution that employ a porosity function (Pluymakers et al., 2014; Spiers et al., 2004). However, in laboratory
compaction test, it has been observed that microphysical model predictions for compaction by pressure
solution overestimate experimentally measured strain rates at low porosities (<20%), sometimes by several
orders of magnitude (Niemeijer et al., 2002). While the physical mechanisms behind this discrepancy are
yet to be fully identiﬁed (e.g., van den Ende et al., 2019), the trends in the experimental data can be
approximated by the modiﬁed porosity function f2(ϕ), which asymptotically reduces ε_ ps to zero for
ϕ→ϕ0. Furthermore, this ensures that ϕ > ϕ0 at all times, preventing negative porosities that are physically
unrealistic. By contrast, shear creep accommodated by pressure solution does not involve volume changes
(i.e., porosity reduction), so it is expected that γ_ ps > 0 even for ϕ = ϕ0 (e.g., Bos et al., 2000). A functional
form like f1(ϕ) is therefore more likely to describe shear creep by pressure solution, as is adopted for this
study.
The constitutive relations for granular ﬂow have been derived as (Chen & Spiers, 2016)


τ ½1 − e
μ ∗ tan ψ − σ ½e
μ ∗ þ tan ψ
γ_ gr ¼ γ_ ∗gr exp
ã½σ þ τtanψ

(3a)

ε_ gr ¼−tan ψγ_ gr

(3b)

In these relations, γ_ gr and ε_ gr denote the granular ﬂow strain rates tangential and normal to the fault plane,
respectively, and tanψ denotes the average grain‐grain dilatation angle, which can be written as tanψ¼2H
ðϕc − ϕÞ, where H is a geometric constant of order 1 (Niemeijer & Spiers, 2007; Paterson, 1995). The microscopic coefﬁcient of friction of grain‐grain contacts is given by Chen and Spiers (2016) as e
μ ¼e
μ ∗ þ ãln


μ evaluated at γ_ ∗gr and ã being the coefﬁcient of logarithmic
γ_ gr =γ_ ∗gr , e
μ ∗ being a reference value of e
rate‐dependence of e
μ.

h

i
e ∗ þ ãln γ_ gr =γ_ ∗gr for ϕ → ϕc (and consequently tan ψ
We point out that Equation 3a simpliﬁes to τ ¼ σ μ
→ 0). This simpliﬁed relation is directly comparable with the ﬁrst two terms in the conventional rate‐and‐
state friction formulation (Dieterich, 1979; Ruina, 1983):

 
 ∗ 
V
V θ
τ ¼ σ μ∗ þ aln ∗ þ bln
V
Dc

(4)

Here, μ∗ is a reference friction coefﬁcient corresponding with a slip rate V∗, θ encodes the “state” of the fault,
and a, b, and Dc are constant coefﬁcients. As such, granular ﬂow is inherently a velocity‐neutral or
velocity‐strengthening deformation mechanism. However, when acting in concert with a time‐dependent
strengthening mechanism (such as compaction by pressure solution creep), granular ﬂow causes
slip‐dependent dilatation that counteracts the strengthening resulting from time‐dependent compaction.
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Hence, the interplay between dilatant granular ﬂow and one or more compaction mechanisms gives rise to
velocity‐weakening behavior, depending on the relative rates of dilatation and compaction (see van den
Ende & Niemeijer, 2018).
With the above constitutive relations for the relevant deformation mechanisms, the evolution of the macroscopic shear stress and gouge porosity of a zero‐dimensional (spring‐block) fault can be expressed in the following set of differential equations (Chen & Spiers, 2016):

h
i
dτ
¼ k V imp − h γ_ gr þ γ_ ps
dt

(5a)


dϕ
¼ − ð1 − ϕÞ ε_ gr þ ε_ ps
dt

(5b)

in which k is the effective shear stiffness (unit: Pa m−1) of the fault. The instantaneous fault slip velocity V
is obtained from the addition of the strain rates of granular ﬂow and pressure solution (i.e., V ¼h
h
i
γ_ gr þ γ_ ps ). In the QDYN seismic cycle simulator (Luo et al., 2017; van den Ende, Chen, et al. 2018), this
set of ordinary differential equations is solved to compute the evolution of stress and porosity over the
model fault (see Appendix A). In the present study, the localized zone thickness h is taken to be a constant, whereas it is expected to evolve over the course of a seismic cycle (e.g., due to the feedback between
frictional heat production and fault weakening; Platt et al., 2014, 2015). Since we currently have no formulations available that describe the evolution of h and that are suitable for implementation in our numerical
framework, we keep h constant throughout the simulations.
One important characteristic to note is that the steady‐state velocity dependence of friction, that is, a material being velocity‐strengthening or velocity‐weakening, changes with velocity (see Figure 1c). As a result,
classical rate‐and‐state friction is only comparable to the CNS model for small velocity perturbations around
steady‐state for which the velocity dependence ða − bÞ can be approximated to be constant, so that the
steady‐state friction is proportional to logðV Þ (Chen & Niemeijer, 2017). With increasing departure from
steady‐state, both model frameworks predict different frictional behavior, as is notably seen in seismic cycle
simulations (van den Ende, Chen, et al., 2018).
Finally, the adopted rheological model currently does not feature any high‐velocity dynamic weakening
mechanisms (see, e.g., Tullis, 2007). In the absence of dynamic weakening, the coseismic stress drop and
maximum slip velocity as produced by the simulations are likely of smaller magnitude than anticipated
for earthquakes in nature, where such mechanisms are known to operate. Accordingly, afterslip and interseismic creep likely constitute a larger portion of the total slip budget in the simulations than in nature.
However, the earthquake nucleation process is likely unaffected by residual stress concentrations left by
the previous seismic event, as the rheological contrasts between various fault segments generate a highly
heterogeneous and dynamically evolving stress state over the fault, including many transient stress concentrations. Since this study considers the effect of rheological transitions on the nucleation of seismic events
(during which dynamic weakening is inactive), we leave such an extension of the currently adopted model
rheology for future studies.
2.3. Model Setup and Numerical Procedure
By employing a microphysical model that contains microstructural information, one can closely relate the
model fault geometry to ﬁeld and laboratory observations. In this work, guided by numerous ﬁeld reports,
we deﬁne heterogeneity through spatial variations in pressure solution kinetics, which reﬂect contrasts in
fault rock composition or spatial variations in strain rate (see section 2.1). The model is motivated by the ﬁeld
observations of Fagereng (2011b) but may be extended to other cases or other scales. Following Fagereng
(2011a), we assume that competent lenses (the asperities) obey a power law distribution in size, that is:
NðxÞ ∝ x −D

(6)

where N(x) is the number of asperities of size x or greater and D is the fractal dimension (or power‐law
exponent). In outcrops of exhumed seismogenic subduction thrusts, D has been measured to fall in the
range of 1.2 < D < 2.4 (Fagereng, 2011a). Our procedure adopted to generate an asperity size distribution
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Table 1
List of Symbols and Simulation Parameters and Their Respective Values
or Ranges
Symbol
ã

Description
Coefﬁcient for logarithmic
rate‐dependence of e
μ
Shear wave speed
Fractal dimension of size distribution
Granular ﬂow strain rate

Value

Units

0.006

—
ms
—
−1
s
s−1

−1

ε_ ps

Pressure solution strain rate

3,000
1–2
var.
var.

f
ϕ
ϕ0
ϕc
G
γ_ gr

Asperity occupation ratio
Gouge porosity
Lower cutoff porosity
Critical state porosity
Shear modulus
Granular ﬂow shear strain rate
Reference γ_ gr corresponding with e
μ∗

0.4–0.6
var.
0.03
0.30
30
var.
3 × 10−9

—
—
—
—
GPa

Pressure solution shear strain rate
Thickness of the gouge layer
Dilatancy geometric constant
Radiation damping coefﬁcient
Length of periodic fault
Grain boundary friction coefﬁcient
Reference grain boundary
friction coefﬁcient
Number of fault elements
Fault slip velocity
Imposed driving velocity

var.
10−2
0.4
0.5 × 106
16
var.
0.4

s−1
m
—
Pa s m−1
km

8,192
var.
10−9

—
m s−1
m s−1

Amplitude‐wavelength ratio
of periodic faults
Effective normal stress
Shear stress
Dilatancy angle

10

—

50
var.
var.

MPa
Pa

Maximum size distribution width

16
3.91

km
m

5 × 10−16
3 × 10−15

Pa−1 s−1
Pa−1 s−1

cs
D
ε_ gr

γ_ ∗gr
γ_ ps
h
H
η
L
e
μ
e
μ∗
N
V
Vimp
W/L
σ
τ
tanψ
xmax
xmin
Zps (gouge)

Pressure solution kinetic parameter

Zps (matrix)

Pressure solution kinetic parameter

Minimum size distribution width

s−1
s−1

—
—

—

Note. “var.” indicates that the quantity is a variable in the simulations.

10.1029/2019JB019328

that obeys the above relation is described in Appendix B. Following
this procedure, we obtain a fault structure that is consistent with
our interpretation of the ﬁeld observations summarized in
section 2.1. This fault geometry is projected onto a
one‐dimensional periodic fault, which represents an along‐strike
slice across a subduction thrust with along‐strike segmentation
(see Figure 1a; note that the “Field scale“ and “Idealization” panels
display an anti‐plane view). The fault is subjected to an anti‐plane
imposed plate velocity Vimp = 10−9m s−1 and a uniform effective
normal stress of σ = 50 MPa. The total extent of the fault (L = 16
km) is discretized evenly into N = 8,192 fault elements, each of size
Δx = 1.95 m. This mesh resolution is sufﬁciently small to resolve the
rupture process zone, which has an estimated width of 21.45 m for
the chosen set of parameters (see van den Ende, Chen, et al.,
2018, their Appendix A).
It has been observed that pressure solution kinetics are accelerated in
the presence of phyllosilicates (e.g., Hickman & Evans, 1995). The
enhanced pressure solution rates in phyllonites can thus reasonably
be argued to be due to the large abundance of phyllosilicates in the
matrix that are thought to accelerate diffusive mass transfer rates
(Bjorkum, 1996; Hickman & Evans, 1995; Renard et al., 2001). This
reasoning holds for diffusion‐controlled pressure solution creep, or
in the case that the kinetics of diffusion and dissolution are of similar
magnitude (Bernabé & Evans, 2007; Lehner & Leroy, 2004).
Moreover, the chemistry of the pore ﬂuid is known to exert strong
controls on the rate of quartz dissolution, either enhancing (Dove,
1999; Rimstidt, 2015) or retarding (Iler, 1973) interface reaction rates
depending on the presence of ionic species in the pore ﬂuid. It is
unclear which mechanism limits the rate of pressure solution under
in situ thermodynamic and chemical conditions. However, ﬁeld
observations suggest that pressure solution rates are faster in the
matrix than in the gouge, so for the kinetics of pressure solution
Zps, we adopt values of 5 × 10−16 and 3 × 10−15 Pa−1 s−1 for the gouge
and matrix, respectively. A value of Zps = 3 × 10−15 Pa−1 s−1 corresponds to theoretical estimates of Zps for mono‐mineralic quartz at
250° and a grain size of 5 μm (Niemeijer et al., 2002). Other rheological and model parameters are summarized in Table 1.

The simulation is then run for at least 2,000 years, a time span over
which all possible fault slip behavior is expected to be displayed. Owing to the ﬁnite simulated fault length
(L = 16 km), the model outcomes will unavoidably be affected by the realization of the asperity distribution
in the form of clustering and repeating events controlled by the local density of asperities. Therefore, the heterogeneous fault simulations are repeated with identical model parameters, but with a different random
asperity distribution that has similar statistical properties as the ﬁrst simulation set. We will refer to these
two sets as Set 1 and Set 2 and consider the differences between them as stochastic variability. For the purposes of this study, we do not perform a detailed statistical analysis of the model results, as we only consider
general trends as a basis for our interpretations and hypotheses.

3. Results
3.1. Seismic Character
As anticipated, the simulations with randomly heterogeneous faults show complex slip behavior controlled
by the spatial and size distributions of asperities that litter the fault. This behavior is visualized in Figure 2 for
simulation Set 1 by ﬁlled contour maps of the slip velocity as a function of the along‐strike position and
VAN DEN ENDE ET AL.
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(a)

(b)

(c)

−1

Figure 2. Filled contour maps of fault slip velocity (in m s ) for simulation Set 1, with f = 0.5. (a) D = 1 (same as
Figure 3b): Numerous P‐instabilities of various magnitudes cluster around fault localities of high asperity density,
and T‐instabilities occur infrequently; (b) D = 1.5: Quasi‐periodic T‐instabilities are interspersed with small P‐
instabilities; (c) D = 2: P‐instabilities exist only as small slow slip events. T‐instabilities occur periodically with no
precursory activity; For each simulation, the spatial distribution of asperities is plotted as a “barcode” above
each panel, with each black bar representing an asperity.

accumulated slip, for three simulations characterized by asperity distribution exponents (D) of 1, 1.5, and 2,
all exhibiting an asperity occupation ratio of f = 0.5. For reference, the asperity distribution of each
simulation is indicated by the “barcode” above each panel in Figure 2, in which the black bars represent
the asperities. In the simulation with D = 1 (Figure 2a), unstable slip is predominantly produced in the
form of small (a)seismic events that cluster around areas of high asperity density on the fault. Areas of
low asperity density mostly creep at a steady rate. Fault regions of high asperity density rupture
predominantly seismically, in which clusters of asperities fail simultaneously. We deﬁne these seismic
events that rupture only a portion of the fault as partial instabilities, or P‐instabilities for short. This
deﬁnition of a P‐instability deviates from that proposed by Luo and Ampuero (2018), who reserved this
term for the failure of individual asperities, thereby excluding simultaneous rupture of small clusters of
asperities. Since the focus of this work is directed at fault‐spanning events, we classify any type of partial
fault rupture as a P‐instability. Conversely, we classify complete fault rupture as a total instability, or
T‐instability. Within the simulated time of 2,000 years, two fault‐spanning T‐instabilities are produced in
VAN DEN ENDE ET AL.
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(a)

(b)

(c)

−1

Figure 3. Filled contour maps of fault slip velocity (in m s ) for simulation Set 1, with D = 1. (a) f = 0.4: P‐instabilities
are sparsely covered over the model fault, with occasional P‐events that extend over a larger area; (b) f = 0.5 (same as
Figure 2a): Several P‐events extend outside of their characteristic source region; (c) f = 0.6: P‐instabilities are
predominantly conﬁned to their characteristic source regions; for each simulation, the spatial distribution of asperities is
plotted as a “barcode” above each panel, with each black bar representing an asperity.

the simulation with D = 1 (Figure 2a). No clearly interpretable precursory activity is seen that forecasts an
imminent T‐instability, and following a T‐instability, there appears to be a brief period of seismic
quiescence near the center of the fault.
In contrast to the simulation with D = 1, the simulation with D = 1.5 (Figure 2b) exhibits frequent,
quasi‐periodic T‐instabilities that constitute about half of the total fault slip budget. Each T‐instability is preceded by P‐instabilities that increase in extent in the advent of a T‐instability. These P‐instabilities also cluster near regions of higher asperity density, although the spatial asperity distribution is more diffuse than in
the simulation with D = 1. Remarkably, in the simulation with D = 2 (Figure 2c), there exist only two modes
of unstable slip: The P‐instabilities are periodic slow slip events that are each conﬁned to a single asperity
cluster just large enough to nucleate a frictional instability, and the T‐instabilities occur periodically
(approximately every 300 years) with no precursory activity.
The effect of varying f is illustrated in Figure 3 in a similar way as in Figure 2, with D = 1 and f = 0.4, 0.5, and
0.6. The seismic character of each of these simulations is very similar, with numerous P‐events occurring in
fault regions of high asperity density, and the occasional occurrence of a T‐instability in f = 0.4 and 0.5. The
VAN DEN ENDE ET AL.
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(a)

(b)

(c)

−1

Figure 4. Filled contour maps of fault slip velocity (in m s ) for simulation Set 2, with f = 0.5. (a) D = 1 (same as
Figure 5b): Numerous P‐instabilities of various magnitudes cluster around fault localities of high asperity density,
and T‐instabilities occur infrequently; (b) D = 1.5: Quasi‐periodic T‐instabilities are interspersed with small P‐
instabilities; (c) D = 2: P‐instabilities exist only as small slow slip events. T‐instabilities occur periodically with no
precursory activity; for each simulation, the spatial distribution of asperities is plotted as a “barcode” above
each panel, with each black bar representing an asperity.

simulation with f = 0.6 does not display any T‐instabilities, which will be discussed further in section 4.1. For
larger values of f, larger portions of the fault exhibit P‐instabilities.
The results of simulation Set 2 are presented in Figures 4 and 5. While the behavior seen in simulation Set 2
is broadly similar to Set 1, there are a few notable differences between the two, most likely caused by variations in local asperity density. Overall, the recurrence time of the T‐instabilities in Set 2 with D > 1 is significantly longer than seen in Set 1, and accordingly, the total displacement in one such T‐instability is much
larger. Also, no precursory events are seen in Set 2 with D = 1.5, which instead shows repeating small earthquakes. In the simulations with D = 1, the recurrence time of T‐events is shorter in Set 2, although there is
some aperiodicity to each cycle. Simulation Set 2 with f = 0.6 exhibits one (but small) T‐instability, as
opposed to its equivalent in Set 1.
A quantitative way of comparing the various heterogeneous fault simulations is by considering the (normalized) frequency‐magnitude relations—see Figure 6. In this ﬁgure, the effect of individual asperities and
asperity clusters manifests itself as steep drops in frequency with increasing Mw, as a result of numerous
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Figure 5. Filled contour maps of fault slip velocity (in m s ) for simulation Set 2, with D = 1. (a) f = 0.4: P‐instabilities
are sparsely covered over the model fault, with occasional P‐events that extend over a larger area; (b) f = 0.5 (same as
Figure 4a): Several P‐events extend outside of their characteristic source region; (c) f = 0.6: P‐instabilities are
predominantly conﬁned to their characteristic source regions; for each simulation, the spatial distribution of asperities is
plotted as a “barcode” above each panel, with each black bar representing an asperity.

repeating events on the same section of the fault (same Mw). This is particularly apparent for larger event
magnitudes, as events nucleating in one given site fail to link up with other seismogenic sites, resulting in
a corner magnitude related to the largest seismogenic cluster of asperities. However, all simulations, with
the exception of f = 0.6 in Set 1, show T‐instability events that span the entire fault. For some simulations,
such as f = 0.5 and D = 1, it could be argued that these T‐events follow the frequency‐magnitude relation
deﬁned by regular events and that T‐events simply extend the existing range of P‐events. On the other
hand, this argument does certainly not hold for simulations with D > 1, particularly when it is considered
that these simulations contain a large number of (small) slow slip events that would likely not be
registered by surface monitoring stations, so that a real‐world equivalent frequency‐magnitude
distribution would appear differently (or be absent).
3.2. Fault Stress and Slip Deﬁcit
The local state of stress is of crucial importance in determining both the slip velocity and stability of a particular fault segment. To gain some insights into the evolution of fault stress, we calculate the coefﬁcient of
VAN DEN ENDE ET AL.
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(b)

Figure 6. Frequency‐magnitude distributions of the heterogeneous fault simulations for events of Mw > 3 (including
slow slip events). T‐instabilities are marked as individual squares. Gray shaded areas indicate the range of
Gutenberg‐Richter b‐values (0.6<b<1.4) observed by Marzocchi et al. (2016). (a) Frequency‐magnitude distributions for
the simulations in Set 1; (b) frequency‐magnitude distributions for the simulations in Set 2.

friction (τ/σ) at which the fault operates, averaged over the asperities, the matrix, and the total fault length
(Figure 7). By doing so, we observe the following:
1. For simulations characterized by D = 1, the average stress supported by the asperities varies around a
time‐constant value; that is, the long‐term asperity stress is constant, with small stress drops due to P‐
events. With each P‐event, the average stress supported by the matrix is perturbed. This perturbation
decays with time while the asperities are reloaded.
2. In the simulations with D = 1 and f = 0.4 and 0.5, long‐term loading of the matrix by P‐events and tectonic motion leads to a net increase in fault stress, until a critical stress level is achieved and a
T‐instability is generated.
3. In the simulation with D = 1 and f = 0.6, the fault stress levels off to a time‐constant value, after which all
deformation is accommodated by P‐events and creep of the matrix. In simulation Set 1, no T‐instability is
generated within the simulated time span of 2,000 years, nor are there indications that it will occur in the
future. In simulation Set 2, one T‐instability is generated, but it is relatively small in magnitude. The average stress level that is reached in these simulations is close to the critical value of other simulations with
D = 1.

Figure 7. Average coefﬁcient of friction (τ/σ) under which the model fault operates, for all heterogeneous fault
simulations (parameters as indicated in the legend). The average friction supported by the asperities and matrix is
indicated by the dark and light gray curves, respectively.
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Figure 8. Filled contour maps of fault slip velocity (in m s ) immediately prior to nucleation of the last T‐instability, for
each simulation in Set 1 with f = 0.5. (a) D = 1.0: P‐instabilities dynamically cascade up over a duration of about 4 days
prior to the T‐event, producing a sequence of foreshocks; (b) D = 1.5: P‐instabilities fail to cascade up, but afterslip
facilitates the nucleation of a T‐instability. Note that the nucleus for the T‐instability is small; (c) D = 2.0: The T‐event
emerges from a small nucleus that rapidly grows into an instability.

4. In the simulations with D > 1, the average stress on the asperities is not constant in time and follows a
similar stress evolution as the matrix. In simulation Set 1 with D = 1.5, P‐instabilities of increasing magnitude emerge when stresses are sufﬁciently large. In both cases, periodic T‐instabilities are generated
when a critical value of stress is reached similar in value to the simulations with D = 1. However, the
recurrence times observed in both simulation sets are markedly different, ranging from about 250 years
in Set 1, to close to 1,000 years in Set 2.
5. Although the simulations with D = 2 accommodate slip predominantly through stable creep, the
long‐term buildup of stress indicates that the fault‐averaged creep rates are lower than the imposed loading velocity.
3.3. Nucleation and Initiation of T‐Instabilities
Let us now consider the nucleation stage of T‐instabilities for various values of D (Figures 8 and 9; note that
the vertical axis scale varies between panels). In the simulations with D = 1, consecutive P‐instabilities cascade up (i.e., their rupture areas link up) over a period of about 4 days prior to the T‐event, ultimately
VAN DEN ENDE ET AL.

12 of 27

Journal of Geophysical Research: Solid Earth

10.1029/2019JB019328

(a)

(b)

(c)

−1

Figure 9. Filled contour maps of fault slip velocity (in m s ) immediately prior to nucleation of the last T‐instability, for
each simulation in Set 2 with f = 0.5. (a) D = 1.0: P‐instabilities dynamically cascade up over a duration of about 2 days
prior to the T‐event; (b) D = 1.5: P‐instabilities cascade up into a T‐instability, but the extent of the ﬁnal nucleation
region is much smaller than observed in simulations with D = 1; (c) D = 2.0: The T‐event emerges from a small nucleus
that rapidly grows into an instability.

triggering a T‐instability borne out of a large nucleus (spanning more than half of the periodic width of the
fault). The hypocentres of the P‐events migrate along the perimeter of the nucleus as a sequence of
foreshocks, and the T‐event itself shows a heterogeneous spatial distribution of slip velocity.
The simulation with D = 1.5 in Set 1 displays a failed cascade‐up sequence, with a temporal gap of about 1
week between the last seismogenic P‐instability and the T‐event. However, the nucleation region of the
T‐instability appears to grow out of afterslip following the last P‐event, hinting that nucleation of the
T‐instability is facilitated by afterslip. In simulation Set 2, P‐events manage to cascade up over a time span
of less than 2 days, though the nucleus for the T‐instability is signiﬁcantly smaller than observed in the simulations with D = 1.0. In contrast with the above, the simulations with D = 2 show no signs of cascading P‐
events. The T‐instabilities nucleate seemingly spontaneously and abruptly from a minute nucleation patch,
extending only a fraction of the total periodic fault width. In addition, the T‐event is rather homogeneous in
its spatial distribution of slip velocity.
VAN DEN ENDE ET AL.

13 of 27

Journal of Geophysical Research: Solid Earth

10.1029/2019JB019328

The question whether nucleation of a T‐instability occurs within a matrix segment or an asperity segment is
somewhat ambiguous, as the vast majority of the segments are smaller than the (lower bound) nucleation
length of 23.2 m calculated for a homogeneous fault composed of only asperity materials (see
Appendix C). Substituting x = 23.2 m in Equation B2b, we ﬁnd that for D = {1,1.5,2}, the fraction of asperities
larger than this nucleation length is 0.17, 0.07, and 0.03, respectively. Hence, the nucleation process of
T‐instabilities most certainly involves multiple segments. Instead, one could view the nucleation process
in the context of the overall seismic character of the fault, that is, whether a fault is seismically active or predominantly creeping. Taken in this context, nucleation can be said to occur on a creeping fault, even though
this does not necessarily imply that only matrix segments were involved in the nucleation process or that
matrix segments can self‐nucleate instabilities without external perturbations (e.g., from neighboring
asperities).

4. Discussion
4.1. Mechanisms Behind T‐Instabilities and Generality of Results
In the CNS model formulation adopted in this study, strain is accommodated through the parallel operation
of nondilatant pressure solution creep and dilatant granular ﬂow, for which the constitutive relations are
given by Equations 1 and 3, respectively. For the purpose of this discussion, we can consider the shear
strength of the fault to follow one of two end‐member cases, one in which pressure solution creep dominates
over granular ﬂow (i.e., γ_ ps ≫γ_ gr ) and one where the converse is true ( γ_ ps ≪γ_ gr ). For each of these two
_
end‐member scenarios, the shear strength as a function of the imposed shear strain rate (γ¼V
imp =h) follows
directly from the above‐mentioned constitutive relations:
γ_
Z ps f 1 ðϕÞ

(7a)

e
μ þ tan ψ
σ
1−e
μ tan ψ

(7b)

τ ps ¼
τ gr ¼

where τps and τgr denote the end‐member shear strengths of pressure solution and granular ﬂow, respec

_ γ_ ∗gr and tanψ ¼ 2H ðϕc − ϕÞ, which makes τgr an explicit function of
tively. Recall that e
μ¼e
μ ∗ þ ãln γ=
strain rate and porosity.
In the two‐mechanism model (at steady‐state), the boundary between the ductile creep regime and the cataclastic granular ﬂow regime is marked by the intersection of the two end‐member strength curves (i.e.,
τps = τgr). Consider now a fault segment that underwent deformation in the creep regime for sufﬁciently long
durations so that ϕ→ϕ0 (and τ = τps<τgr), marked by point 1 in Figure 10. Next, the imposed tectonic loading
or a perturbation in shear stress will drive point 1 towards higher strain rates and closer to the transition to
granular ﬂow, as indicated by point 2. In the case that no further stressing occurs, the initial perturbation
will decay by ductile creep, and so the system returns to point 1. However, for incremental slip of the asperity
in the form of P‐events, or for continuous loading (due to tectonic motion), the incremental or continuous
buildup in stress will drive the system towards a critical point that marks the onset of granular ﬂow (point
3). By its own nature, operation of granular ﬂow induces dilatation, and so at the critical point, the gouge
porosity starts to increase (ϕ > ϕ0). Following Equation 7b, an increase in porosity (i.e., a decrease in tanψ
) causes substantial lowering of τgr, and so, the fault rapidly weakens with increasing shear strain as ϕ
increases in accordance with Equations 3b and 5b (point 4 and inset). Hence, for a sufﬁciently low self‐
stiffness, a frictional instability is generated, and the fault accelerates. After the slip event, the fault returns
to its initial state (point 1), and the same process may reoccur. A similar conceptual interpretation for the
nucleation of instabilities was recently proposed by Verberne et al. (2017), on the basis of laboratory observations. We note that, as can be seen from Equation 7b, the granular ﬂow strength is only weakly dependent
on strain rate. Hence, the quantity that governs earthquake nucleation in our models is the instantaneous
shear stress and not the strain rate or stressing rate. Furthermore, at the transition from
velocity‐strengthening ductile creep to velocity‐weakening granular ﬂow, it is expected that deformation
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Figure 10. Schematic diagram of the steady‐state strength proﬁle of the matrix, as a function of strain rate. The
generation of a T‐instability is characterized by a transition from nondilatant ductile creep (stable) to dilatant
granular ﬂow (unstable). At a given moment in time, the stress supported by the matrix is indicated by point 1. Due to
tectonic loading and nonuniform fault slip, the stress on the matrix increases (point 2). At a critical value of stress, the
matrix enters the dilatant granular ﬂow regime, and a T‐instability nucleates.

becomes increasingly more localized (Beeler et al., 1996), causing additional divergence away from the point
of velocity‐neutrality once nucleation has commenced.
With the detailed description of the nucleation mechanism of frictional instabilities, we can continue to
interpret the spectrum of slip behavior displayed in the simulations. When inspecting the stresses acting
across the model faults (Figure 7), we observe that the average stress supported by the matrix increases over
time until a critical stress is achieved that triggers the nucleation of an instability in fault segments that were
previously creeping stably in the ductile regime (going from point 1 to point 3 in Figure 10). When large parts
of the fault are near‐critically stressed, the stress perturbation caused by an approaching rupture front facilitates cascade‐style failure of the fault in its entirety (point 3 to point 4 in Figure 10). The occurrence of such a
T‐instability on a heterogeneous fault could be analogous to great earthquakes in nature, such as megathrust
ruptures. We will explore this idea further in section 4.3.
Two peculiar model outcomes that are still left unexplained are the absence of T‐instabilities in the simulation with f = 0.6 and D = 1 (exhibiting abundant P‐events; see Figure 3c) and the occurrence of
T‐instabilities in simulation Set 1 with D = 2 (exhibiting only minute slow slip events; see Figure 2c). In
the ﬁrst case (f = 0.6), it can be seen in Figure 7 that the average fault stress no longer increases after about
1,000 years, which indicates that the long‐term fault slip rates equal the tectonically imposed velocities, so
that no elastic strain accumulates. In other words, the combination of stable creep of the matrix and seismic
moment released by the P‐events balances the slip budget. The ductile creep rate of the matrix at this
steady‐state level of stress, in combination with unstable slip of the asperities, is sufﬁcient to accommodate
the imposed strain rate, and so, no T‐instabilities are required to balance the slip budget.
Conversely, the simulations with D = 1.5, and in particular D = 2, show continuous buildup of elastic stress
with little or no moment release by P‐events. Note that, even though these simulations show stable creep on
time scales shorter than about 250 years, still 50% of the fault plane consists of (velocity‐weakening) asperities that exhibit lower pressure solutions rates than the phyllonite matrix and so deform at strain rates that
are lower than what is imposed. For the chosen value of Zps of the matrix, and in the situation that no asperities would be present (i.e., f = 0), the fault would accommodate the imposed strain entirely by ductile creep
and would therefore be perfectly stable. Hence, the asperities effectively act as a “brake” in moderating fault
creep rates to lower values (due to the “stress shadow” effect Bürgmann, 2005), and as a result, the stresses
on the fault increase over time. One crucial aspect here is that the spatial and size distribution of the asperities is diffuse owing to its high fractal dimension, so that strain accommodation is distributed over the
entire fault and no single asperity or cluster of asperities is large enough to generate large instabilities (fast
earthquakes). This observation complements previous numerical studies (Dublanchet et al., 2013; Luo &
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Ampuero, 2018; Skarbek et al., 2012; Yabe & Ide, 2017) that considered only variations in the value of f to
control the seismic character of heterogeneous faults. Moreover, the model outcomes in this respect are in
good agreement with the ﬁeld observations of Fagereng (2011a), who concluded that deformation observed
on an outcrop scale was localized for D<1.4, and distributed for D > 1.4, with mixed‐mode deformation features observed at D≈1.4. In the model simulations, we observe predominant seismic slip at D = 1, (short‐
term) stable creep at D = 2, and mixed‐mode behavior at D = 1.5. However, the simulations with D ≥ 1.5 still
exhibit long‐term T‐instabilities, for which no direct evidence was observed by Fagereng (2011a).
In this study, the structure and rheology of the model fault were motivated mainly by the geological observations of Fagereng et al. (2011a, 2011b) on exhumed subduction thrust interfaces. However, the mechanism
for generating T‐instabilities described above does not specify the tectonic setting (e.g., subduction thrust
versus continental fault). Hence, our numerical observations may be placed in a broader tectonic context,
provided that (1) rheological transitions from rate‐strengthening to rate‐weakening are feasible within the
range of in situ thermodynamic conditions and material properties and (2) spatial heterogeneity of the rheological properties within the fault zone is persistent, in the sense that rheological contrasts are not removed
over the time scale of a seismic cycle. Moreover, we expect that the details of the processes underlying the
transition from rate‐strengthening to rate‐weakening are not immediately relevant, but rather that any combination of processes leading to such transition is sufﬁcient to generate frictional instabilities on creeping
faults.
4.2. Comparison With Rate‐and‐State Friction
On the basis of the previous analysis, we can now compare the interpretation of T‐instabilities predicted by
the CNS model with previous analyses based on rate‐and‐state friction. The occurrence of T‐instabilities in a
periodic single‐asperity system was investigated in great detail by Luo and Ampuero (2011a). Based on their
observations, seven dimensionless parameters were identiﬁed to control the transition from P‐ to
T‐instabilities and the seismic character of the system. In this discussion, we will restrict ourselves to the
relative strength αR and area ratio f′, which are deﬁned as
αR ≡

ðbw − aw Þσ w
ðas − bs Þσ s

f ′ ≡ Lw =Ls

(8a)
(8b)

In the above deﬁnitions, subscripts w and s denote the regions of velocity‐weakening (VW) and
velocity‐strengthening (VS), respectively, a and b denote the rate‐and‐state friction constitutive parameters
(see, e.g., Marone, 1998), and Lx is the length of a particular region (either VW or VS). In this study,
σw = σs = σ. Recall that the area ratios f′ (used by Luo & Ampuero, 2018) and f (used in this study) are
related through f ′ ¼f =ð1 − f Þ. The relative strength parameter αR represents the strength contrast between
the velocity‐weakening asperity and velocity‐strengthening matrix. Depending on the chosen values of αR
and f′, the fault would rupture either partly in a P‐instability, or fully in a T‐instability. Mixed‐mode behavior, that is, simulations exhibiting both P‐ and T‐instabilities, only emerged for large values of αR (strong
VW of the asperity compared to the degree of VS of the matrix). Mixed‐mode behavior would manifest
itself as P‐instabilities preceding a T‐instability in the form of foreshocks, or as supercycle behavior deﬁned
by clustered occurrences of fault‐spanning ruptures interspersed by P‐instabilities. By increasing f′, the critical value of αR at which T‐instabilities and mixed‐mode behavior emerge, decreases; that is, the system
becomes more prone to a T‐instability when the area of the asperity is large. It was found that the critical
value of αR that marks the transition decreases approximately as 1/f′.
Since classical rate‐and‐state friction (as adopted by Luo & Ampuero, 2018) assumes constant values of a and
b, there exists no transition from velocity‐strengthening (ða − bÞ > 0) to velocity‐weakening (ða − bÞ<0) with
increasing slip velocity. Therefore, the occurrence of T‐instabilities is purely of geometrical origin: If the size
of the VS region is small (large f′), or if its resistance to accelerated slip is small (large αR), a rupture nucleating in the VW asperity may traverse the VS region and link up with neighboring asperities. Note that the
fault geometry adopted by Luo and Ampuero (2018) consists of a periodically repeating pair of one VW
and one VS patch, so that the rupture emanating from the asperity links up with itself. This interpretation
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is supported by previous numerical work (e.g., Tinti et al., 2005), detailed further by Skarbek et al. (2012),
Dublanchet et al. (2013), Luo and Ampuero (2018), and others. However, in the CNS model, the equivalent

values of ða − bÞ in the ductile creep regime (i.e., d τ ps =σ =dlnV) is of the order of τps/σ, which is one or more
orders of magnitude larger than the equivalent (steady‐state) values of ðb − aÞ in the granular ﬂow regime
(see van den Ende, Chen, et al., 2018, for derivation and discussion). A value of ða − bÞ of, for example, in
the creep regime may seem excessive compared to values typically reported by laboratory studies and used
in numerical models (in the range of ±10−2; see Scholz, 2019). However, most of the laboratory studies
reporting these values of ða − bÞ do not achieve pressure and/or temperature conditions required for
steady‐state deformation in the ductile creep regime. In experiments that do achieve such conditions,
“anomalous” values of ða − bÞ are observed up to 0.2 (Blanpied et al., 1998; Shimamoto, 1986; Verberne et al.,
2017). Furthermore, it has been argued that ða − bÞ in this regime scales inversely proportional to the stress
exponent n of the deformation mechanism, that is, ða − bÞ ¼ τ=nσ, so that deformation mechanisms other
than pressure solution may exhibit lower values of ða − bÞ (Chen & Niemeijer 2017; Shimamoto & Noda,
2014). Therefore, reasonable values of αR predicted for the ductile creep regime are of order 0.1 or less, which
would require f′ > 10 (f > 0.9) to facilitate T‐instabilities in CNS‐governed model faults. The fact that
fault‐spanning ruptures are observed in simulations with f′ in the range of 0.6–1.5 (f in the range of
0.4–0.6) indicates that the occurrence of the observed T‐instabilities cannot be explained by geometry alone
and that the rheology of the fault, namely, the transition from nondilatant to dilatant deformation, plays a
crucial role.
In a two asperity system, Kaneko et al. (2010) investigated the probability that both asperities rupture in
a single event, as a function of their separation distance and strength contrast between the VW
asperities and surrounding VS matrix. Similar to Luo and Ampuero (2018), a dimensionless control
parameter B was deﬁned to indicate the barrier efﬁciency of the interstitial VS patch, which could be
approximated as
B≈

20ðas − bs Þσ Ds
βΔτ w
Dw

(9)

Here, Ds is the extent of the VS region separating the two asperities, each of length Dw, β is a geometric factor
chosen as 1/2 in the 2‐D simulations of Kaneko et al. (2010), and Δτw is the stress drop averaged over the VW
asperity (typically of order 0.1σ). These authors showed that the probability of a two‐segment rupture, that is,
a rupture successfully traversing the VS segment, decreased proportional to B, reaching zero near B≈1.5. For
B > 2, no two‐segment ruptures were observed over 9,000 years of simulated time, suggesting a hard threshold value of B above which the VS segment acts as a permanent barrier to dynamic rupture. When a value of
ða − bÞ¼0:1 is taken (a realistic value for the deformation regime expected for a phyllonite matrix), then a
threshold value of B = 2 would correspond to a ratio of Ds/Dw = 0.05. This value translates roughly to f′
= 40 (f = 0.98). Since a two‐segment rupture in the geometry of Kaneko et al. (2010) can be interpreted as
a T‐instability in the framework of Luo and Ampuero (2018), we can conclude on the basis of microphysical
and rheological considerations that multi‐asperity ruptures occurring as proposed by Kaneko et al. (2010)
and Luo and Ampuero (2018) exist only when asperities are separated by an insigniﬁcantly small patch of
phyllonitic matrix (which is not observed in geological outcrops).
Similar to the work of Kaneko et al. (2010), the behavior of a two‐asperity system was investigated numerically by Noda and Lapusta (2013), additionally considering the effects of high‐velocity dynamic weakening
(thermal pressurization). In the study of Noda and Lapusta (2013), one of the two patches (patch A) exhibited ða − bÞ<0, with a low dynamic weakening efﬁciency. The other patch (patch B) exhibited ða − bÞ > 0 in
the quasi‐static (aseismic) regime, but with efﬁcient dynamic weakening under coseismic slip velocities. A
key result of this work is that the nominally stable patch B could still be triggered to undergo a dynamic
instability for a sufﬁciently large perturbation induced by patch A. This behavior is analogous to the P‐
and T‐instabilities observed in this study, with the T‐instability being facilitated by a rheological transition.
However, the slip velocity at which dynamic weakening becomes efﬁcient lies in the range of coseismic slip
velocities (Tullis, 2007), so that this mechanism is not viable at typical nucleation rates (10−9 to 10−6 m s−1).
On the other hand, the rheological transitions predicted by the CNS model are not mutually exclusive with
those due to dynamic weakening. Since it is likely that one or more dynamic weakening mechanisms
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operate in natural faults, it is conceivable that a fault segment experiences multiple rheological transitions
going from nucleation slip rates to coseismic slip rates.
4.3. Interpreting T‐Instabilities as Giant Earthquakes
It was argued in previous sections that the T‐instabilities produced in the numerical simulations are analogous to great and giant earthquakes occurring in nature. Time‐dependent loading of a creeping matrix, along
with a transition from nondilatant to dilatant deformation, offers a mechanism by which a strongly
velocity‐strengthening fault segment may propagate or even nucleate dynamic rupture instabilities, facilitating multi‐asperity ruptures. In this way, an entire fault segment (or multiple fault segments) may rupture in
a single event as seen in great and giant earthquakes (e.g., Johnson et al., 1996; Lay et al., 2005). In a classical
rate‐and‐state friction interpretation of multi‐asperity rupture, T‐instabilities may only occur for a highly
restricted and unrealistic range of parameters, owing to the large values of ða − bÞ of the ductile matrix, as
resulting from the present model formulations (see section 4.2).
In the numerical simulations, the stress supported by the ductile matrix was observed to continuously
increase through incremental loading by regular earthquakes or slow slip events, or through predominantly
stable creep at rates lower than the imposed loading velocity. Overall, fault stress increased due to an increasing global slip deﬁcit, which was relieved by T‐instabilities. Closing of the slip budget as required for conservation of seismic moment has been proposed as the underlying reason for giant earthquakes in subduction
zone settings (Kagan & Jackson, 2013; Satake & Fujii, 2014; Stevens & Avouac, 2016), although these studies
do not specify the exact micromechanism. The stress‐driven transition from ductile creep to granular ﬂow
provides a plausible basis for conserving seismic moment on long (centennial to millenary) time scales.
Furthermore, this mechanism exhibits two additional characteristics that have been inferred from (paleo)
seismological studies: First, T‐instabilities have been observed in the simulations to occur both on seismically active and quiet faults, in agreement with natural observations from, for example, the regions of
Cascadia, Andaman, Japan Trench, and Sumatra (Goldﬁnger et al., 2012; Ide, 2013; Satake, 2015). Second,
the observed T‐instabilities do not occur randomly in time, but instead recur quasi‐periodically depending
on the long‐term rate of seismic moment accumulation and release, which has been speculated also for large
natural earthquakes (Satake, 2015).
This interpretation now implies two different mechanisms for regular earthquakes and for giant earthquakes: The occurrence of the former is controlled by the size, spatial distribution, and rheological properties of (clusters of) asperities, which can be associated with competent lenses incorporated in tectonic
mélanges (Fagereng, 2011b; Kimura et al., 2012). The frequency‐magnitude distribution of regular earthquakes may follow from the asperity model proposed by Lay and Kanamori (1981), although in our simulations, a single seismological asperity corresponds to a cluster of competent lenses, rather than a discrete
identiﬁable object. This class of earthquakes is familiar to previous numerical work employing rate‐and‐state
friction. By contrast, model T‐instabilities and natural giant earthquakes result from fault‐averaged accumulation of seismic moment, and their dependence on the asperity distribution is only implicit through the seismic moment release by regular earthquakes, slow slip events, and creep. Lastly, large differences in the
recurrence time of T‐instabilities are observed in the simulations sharing similar statistical properties in
the spatial and size distributions of asperities. It is presently unknown how stochastic noise expresses itself
in simulations of higher dimensional faults, for example, whether or not statistically averaged behavior
emerges controlled by rheological properties rather than asperity clustering and spacing. This topic deserves
attention in future studies, particularly in estimating long‐term seismic hazard and risk.
4.4. Forecasting and Precursors of Giant Earthquakes: Implications and Outlook
An important aspect of short‐term forecasting of earthquakes is the presence (or absence) of slip transients,
such as accelerated creep, foreshocks, and nonvolcanic tremor, associated with the nucleation phase of a
seismic event. Numerous cases exist in which a main shock was preceded by geodetically detectable features
(in hindsight Dodge et al., 1995; Jones & Molnar, 1979; Kanamori & Cipar, 1974; Kato et al., 2012, in
hindsight), whereas other cases displayed no clear signs of an imminent event (Bakun et al., 2005; Irwan
et al., 2004; Mellors, 2002). Hence, a fundamental understanding of the nucleation process may assist in
interpreting this natural variability and in assessing the hazard associated with, for example, an emerging
tremor swarm.
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Previously, two models for earthquake nucleation have been put forward (Dodge et al., 1996; Ellsworth &
Beroza, 1995): In the preslip model, a large seismic event nucleates from a region that grows largely independently of other, small slip events (e.g., foreshocks), which are carried by the expanding nucleation zone.
Alternatively, the cascade model postulates that large events start out as an initially small event, which
expands dynamically (“cascade up”) by linking up with other nuclei until the rupture attains a size that satisﬁes the stability criterion exhibited by the larger event (the “break‐away” phase). The preslip model permits
a large, seismologically detectable preparation stage with accelerated creep preceding a large seismic event,
which could aid in the early detection of an earthquake and estimation of its ﬁnal size (Ellsworth & Beroza,
1995). Conversely, in the cascade model, it cannot a priori be established whether a small earthquake
remains isolated or will ultimately cascade up to a much larger event.
In the simulations presented in this study, we observe clear examples of both end‐member types of nucleation. On faults characterized by low D values, where (clusters of) asperities are sufﬁciently large to generate
seismicity, P‐instabilities appear to cascade up into T‐instabilities (Figures 8a and 9a). Conversely, on faults
characterized by high D values (which do not exhibit seismicity), the observed style of nucleation is best
described by a preslip model (Figures 8c and 9c). However, in both scenarios, a T‐instability only nucleates
when the overall state of stress is sufﬁciently high (Figure 7). In other words, in both the cascade and preslip
models, a T‐instability only emerges when the fault is “ready.” This view on nucleation is in complete agreement with previous interpretations of numerical simulations (Noda, Nakatani, et al., 2013) and laboratory
experiments (McLaskey & Lockner, 2014).
Instead of focusing on the style of nucleation (which appears to be ambiguous), other characteristics of the
fault rheology may be leveraged to aid seismic hazard assessment and forecasting. In seismological studies, it
has been observed that tidal and seasonal forcing systematically affects tremor and slow slip patterns
(Lambert et al., 2009; Pollitz et al., 2013; Rubinstein et al., 2008), from which it has been inferred that deep
faults sections operate at extremely low friction (Houston, 2015), or near‐lithostatic ﬂuid pressure (Thomas
et al., 2009). Analytical and numerical studies that have investigated the response of a fault subjected to periodic loading reveal that tremor activity rates are most sensitive to tidal modulation when ða − bÞ is close to
zero (Ader et al., 2012). An important characteristic of the nucleation process of a T‐instability (and frictional
instabilities in general) is the transition from velocity‐strengthening ductile creep to velocity‐weakening
granular ﬂow. Near the point of criticality, the velocity dependence of shear strength approaches neutrality;
that is, ða − bÞ ≈ 0. Provided that classical analyses of tidal modulation hold for CNS‐governed fault rheologies, one can speculate on continuously probing the readiness of a fault based on its response to
tide‐induced tremor patterns. This warrants further investigation of the effect of tidal modulation on the
behavior of heterogeneous faults. Another potential avenue for future investigation is the correlation
between earthquake magnitudes and various fault zone parameters (such as plate velocity, temperature distribution, and ﬂuid pressure), as to support statistical correlations with (micro)physical arguments (e.g.,
Heuret et al., 2011).
Lastly, we emphasize that the mechanism for generating T‐instabilities (and equivalently giant earthquakes) facilitates the nucleation and propagation of dynamic ruptures on faults that creep aseismically
(as is clearly seen in, e.g., Figure 4c). This implies that fault segments that exhibit low seismic coupling
(i.e., that are not “locked”) still carry substantial seismic hazard. As a prime example, the observation that
no event in the historical Mw 6 Parkﬁeld sequence ruptured the creeping section of the San Andreas fault
does not preclude the possibility that this section ruptures in a future event, when the state of stress is
sufﬁciently high.

5. Conclusions
This study considers the seismic cycle behavior of a spatially heterogeneous fault, of which the rheology is
governed by a microphysical model formulation (Chen & Spiers, 2016; Niemeijer & Spiers, 2007). By using
a microphysically based seismic cycle simulator (van den Ende, Chen, et al., 2018), the numerical modeling
approach can be motivated and constrained directly by laboratory and ﬁeld observations. From the analyses
of heterogeneous faults, we conclude the following:
1. We observe that seismogenic asperities generate P‐instabilities that are conﬁned within fault regions
exhibiting predominantly velocity‐weakening behavior (nominal to the tectonic loading velocity).
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Incremental slip in the asperities in the form of P‐events, as well as far‐ﬁeld tectonic loading, may raise
the stress supported by velocity‐strengthening matrix fault segments. At a critical level of stress, an
instability is triggered in the matrix, after which the entire fault ruptures in a single event (T‐instability).
Heterogeneous faults exhibiting a random distribution in asperity size show a gradual increase in average
stress, until the entire fault ruptures in a T‐instability. T‐instabilities are observed both in simulations
that exhibit regular seismic events and in simulations that are seismically quiescent, highlighting a different underlying mechanism from regular earthquakes.
The occurrence of T‐instabilities is facilitated by a transition from nondilatant, velocity‐strengthening
creep to dilatant, velocity‐weakening granular ﬂow. This transition is absent in classical rate‐and‐state
friction formulations, but plays a central role in the stability of a heterogeneous fault that is governed
by CNS microphysics (pressure solution and granular ﬂow). Furthermore, it shows that fault materials
characterized in laboratory tests as velocity‐strengthening may still nucleate or facilitate unstable slip.
In turn, this observation implies that creeping fault regions in nature are susceptible to seismic hazard.
We argue that the T‐instabilities as seen in the simulations are analogous to great (Mw > 8) and giant
(Mw > 9) megathrust earthquakes seen in nature. The consequences of the proposed mechanisms behind
T‐instabilities and giant earthquakes are in agreement with a number of (paleo)seismological observations, such as the occurrence of giant earthquakes in seismically quiet regions, their quasi‐periodic recurrence, and possible violation of Gutenberg‐Richter frequency‐magnitude distributions based on regular
earthquakes.
Ultimately, the occurrence of T‐instabilities (and giant earthquakes) is driven by an accumulating slip
deﬁcit over the entire fault, resulting in an overall increase in stress and a transition from stable to
unstable frictional sliding. This holds important implications for long‐term seismic hazard assessments,
as giant earthquakes can no longer be considered to result from purely stochastic origins, but instead are
governed by seismic moment accumulation and release.

Appendix A: The Boundary Element Method
To model spatiotemporal variations of fault slip, we employ the boundary element code QDYN (Luo et al.,
2017). This seismic cycle simulator originally utilizes rate‐and‐state friction to describe the model fault rheology, but it has been extended (van den Ende, Chen, et al. 2018) to include the CNS microphysical model as
described above. Regardless of the underlying rheological model, the shear stress at point i on the fault is
obtained using the quasi‐dynamic approximation (Rice, 1993):
τ i ðtÞ ¼ −K ij dj ðtÞ − dimp − ηV i ðtÞ

(A1)

Here, Kij is a stress transfer kernel whose coefﬁcients represent the shear stress induced on the ith fault
element by unitary slip on the jth fault element, dj is the total fault slip on the jth fault element, and dimp
is the far‐ﬁeld displacement, accumulating as dimp = Vimp × t. Radiation damping due to seismic wave
radiation normal to the fault plane is accounted for by the last term on the right‐hand side, in which
the damping factor η assumes a value of G/2cs, with G being the shear modulus of the homogeneous elastic medium, and cs the shear wave speed (Rice, 1993). The stress transfer kernel Kij is computed using a
“2.5‐D” approximation for inﬁnite one‐dimensional faults embedded in two‐dimensional homogeneous
media (see Luo & Ampuero, 2018), and fault stresses are obtained via the spectral approach in
ﬁnite‐size domains (Cochard & Rice, 1997). For numerical implementation, Equation A1 is differentiated
with respect to time to give:
dτ i
dV i ðtÞ
¼ −K ij V j ðtÞ−V imp − η
dt
dt

(A2)

The fault slip velocity V(t) is obtained as a function of stress and porosity as V ðτ; σ; ϕÞ¼h
h
i
γ_ gr ðτ; σ; ϕÞþ γ_ ps ðτ; ϕÞ . The acceleration term on right‐hand side of Equation A2 is then decomposed in
its partial derivatives as
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dV ∂V dτ ∂V dϕ
¼
þ
dt
∂τ dt ∂ϕ dt



∂V
IsΩ
1−e
μ tanψ
¼h A
f 1 ðϕÞþ γ_ gr
∂τ
dRT
ãðσ þ τtanψÞ



γ_ ps
∂V
2H ðσ þ e
μτÞ
¼h
þ γ_ gr
∂ϕ
ãðσ þ τtanψÞ
ϕc − ϕ

(A3a)
(A3b)

(A3c)

Note that these partial derivatives are given speciﬁcally for the assumed porosity functions (Equation 2).
Substitution of A3 into A2 and rearrangement give

dτ i
¼
dt

−K ij V j − V imp − η
1þη

∂V i
∂τ

∂V i dϕi
∂ϕ dt


dϕi
¼ − ð1 − ϕi Þ ε_ gr;i þ ε_ ps;i
dt

(A4a)

(A4b)

_
These equations are of the general form X¼FðX;
tÞ, with X(t) being a vector containing the collection of τi(t)
and ϕi(t) variables on all fault elements. This system of ordinary differential equations is solved by the fourth
(ﬁfth)‐order Runge‐Kutta‐Fehlberg method with adaptive time stepping (Fehlberg, 1969; Shampine et al.,
1976), as to maintain a relative error of <10−5.

Appendix B: Rendering the Heterogeneous Fault Structure
By employing a microphysical model that contains microstructural information, one can closely relate the
model fault geometry to ﬁeld and laboratory observations. In this work, guided by numerous ﬁeld reports,
we deﬁne heterogeneity through spatial variations in pressure solution kinetics, which reﬂect contrasts in
fault rock composition or spatial variations in strain rate. Following Fagereng (2011a), we assume that competent lenses (the asperities) obey a power‐law distribution in size, that is:
F X ðxÞ ¼ 1 − cx −D

(B1)

where FX is the cumulative size distribution of asperity size X, D is the fractal dimension (or power‐law
exponent), and c is a proportionality constant. Strictly speaking, this cumulative distribution function does
not exist for D > 0 on an inﬁnite domain (owing to the singularity at x = 0), but it can be redeﬁned based
on a rescaled probability density function integrated over a ﬁnite range of 0<xmin ≤ X ≤ xmax and D≠0,
which yields
f ′X ðxÞ ¼

−Dx −D−1
−D
x −D
max − x min

x

F ′X ðxÞ ¼ ∫xmin f ′X ðxÞdx ¼

x −D − x −D
min
−D
x −D
max − x min

(B2a)

(B2b)

In accordance with the above relations, the realization of the asperity size distribution x can be generated
from a uniform variate X^ as

−1=D
x ¼ x −D þ x −D −x −D X^
(B3)
min

max

min

Even though the values of D reported by Fagereng (2011a) are based on measurements in a two‐dimensional
plane, they should similarly apply to a one‐dimensional line (as assumed in this study) when the phacoids
are equidimensional (i.e., unit aspect ratio, which is expected for the anti‐plane cross section assumed here).
When randomly transecting a two‐dimensional plane with a given phacoid size distribution (characterized
by their radius), all line intersections of the phacoids should scale by a factor π/4≈0.79 of the radius (the
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average chord length of an arbitrary intersection with a disk), and hence, the size distribution remains the
same within a constant of order 1.
The procedure to render a fault with the desired statistical properties is then as follows:
1. First, the discrete asperity size distribution xi is realized in accordance with Equation B3, with xmin corresponding to twice the fault element size and xmax = L. Between simulations, D is systematically varied
between 1 and 2, following the phacoid fractal dimensions reported by Fagereng (2011a).
2. Next, a second size distribution (yi) is realized that represents the spacing between neighboring asperities,
assuming that the “gaps” between asperities obey the same power‐law distribution.
3. In order to realize the desired asperity occupation ratio f, xi is multiplied by f =ð1 − f Þ (i.e., the ratio of total
asperity length over total matrix length) before being combined in an arrangement with yi.
4. The spatial distribution of Zps for the asperities and the matrix is then sampled from a piecewise alternatN
ing arrangement of xi and yi, respectively, where i ranges from 1 to N, so that ∑i¼1 ðx i þ yi Þ ≥ L. In other
words, the spatial layout of the fault follows an arrangement x1, y1, x2, y2,…, xN, yN.
Owing to the fault's ﬁnite size, stochastic noise causes some variability in the statistical properties of the fault
geometry, for example, by randomly introducing one excessively large asperity, which skews the asperity
size distribution. To prevent this, we compare each realized asperity size distribution with the expected distribution (Equation B2b) and the realized value of f with the one that is requested. For large ( > 5%) deviations of the size distribution and f from the expected values, the rendered fault structure is rejected and a new
one generated.

Appendix C: Lower Bounded Nucleation Length
Following Chen, Niemeijer, and Spiers (2017), we derive the CNS‐equivalent rate‐and‐state friction parameters a, b, and Dc deﬁned as
a≡

∂μ
∂lnV

ð a − bÞ ≡

(C1a)

∂μss
∂lnV

(C1b)

∂θ
_
∂θ

(C1c)

Dc ≡ −V

In the granular ﬂow regime (where a frictional instability may nucleate), the friction coefﬁcient μ can be
written as
e
μ þ tanψ
(C2)
μ¼
1−e
μ tanψ
At steady‐state, Equation 5b must equate to zero, so that
Z ps σf 2 ðϕss Þ ¼ tanψss γ_ gr ≈ tanψss

V ss
h

(C3)

Correspondingly, μss is found by substituting V = Vss and tanψ ¼ tanψss. The latter quantity follows from solving C3 for ϕss:
sﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ#
"
1
(C4)
tanψss ¼ 2H ðϕc − ϕss Þ¼ζ −1 þ 1 þ 4H ðϕc − ϕ0 Þ
ζ
with ζ ≡ hZpsσ/2Vss. We also recognize that, in the vicinity of steady‐state, there exists a linear mapping
between the porosity ϕ and state parameter θ (Chen, Niemeijer, & Spiers, 2017), which allows us to write
Dc ≡ −V

∂θ
∂ϕ
¼ −V
_
∂ϕ_
∂θ

(C5)

The CNS equivalent of a is trivially obtained by taking the partial derivative of Equation C2 with respect to V,
which gives
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1 þ tan2 ψ
ð1−e
μ tanψÞ2

(C6)

Similarly, ða − bÞ is found by taking the partial derivative of Equation C2 with respect to V, substituting
Equation C4for tanψ (which then becomes an explicit function of V):
∂tanψss


e þ tanψss
∂tanψss
μ
∂lnV
e
μ
þ
ða − bÞ ¼
þ tanψss ã
∂lnV
1−e
μ tanψss ð1−e
μ tanψss Þ2
ãþ

(C7)

with
∂tanψss ∂tanψss ∂ζ ∂V
2H ðϕc − ϕ0 Þζ
¼ −tanψss þ
¼
tanψss þ ζ
∂lnV
∂ζ ∂V ∂lnV

(C8)

The equivalent value of b is then simply obtained by subtracting Equation C7 from Equation C6. Lastly, we
ﬁnd the CNS equivalent of Dc trough differentiation of Equation 5b with respect to ϕ and substituting the
result in C5:
"

#−1
!
½ϕc −ϕ0 ½1−ϕ ϕ−ϕ0
V
−
þ2H ð1−ϕÞðϕc −ϕÞ
Dc ¼ V Z ps σ
h
ϕc −ϕ
½ϕc −ϕ2

(C9)

With these results, we are able to compute an equivalent nucleation length Lnucl for a homogeneous fault as
(Ampuero & Rubin, 2008):
Lnucl ¼

1 Dc G
2ðb − aÞσ

(C10)

The minimum value of Lnucl = 23.2 m is achieved at a steady‐state loading rate of V = 1.73×10−10 m s−1.
Asperities larger than 23 m are thus able to self‐nucleate instabilities without requiring a nucleus that traverses matrix patches to connect with other asperities on the fault. However, for the nucleation of
T‐instabilities on faults with nonuniform frictional properties (as in the present study), the characteristic
length scale for nucleation is likely (much) larger than what is given by Lnucl for homogeneous faults
(Dublanchet, 2018). The value of Lnucl calculated above therefore represents an absolute lower bound.
Moreover, since the CNS‐equivalent estimates of ða − bÞ and Dc are velocity‐ and state‐dependent, they only
hold in the vicinity of steady‐state or equivalently for inﬁnitesimally small velocity perturbations. For an
extended nucleation zone in which the local slip rate spans over several orders of magnitude, an integral formulation is likely more accurate.
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